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PREFACE TO THE FIRST EDITION

IT 1s now forty years since the late W. H. Pick wrote the first edition of A short
course in elementary meteorology. That book, describing the different classes of
weather systems and their characteristics and behaviour, and explaining in
simple language the physical processes which caused certain types of cloud
formation, wind regimes and weather, was the forerunner of a number of
‘popular’ books on meteorology. Despite the competition, Pick’s A short course
in elementary meteorology never lost its appeal and sales have continued at a high
level ever since its first appearance.

A short course in elementary meteorology has been revised from time to time
but no major amendment has been made since the issue of the fifth and last
edition in 1938. Since then, great advances have been made in meteorological
knowledge, largely owing to the accumulation of observations at high levels in
the atmosphere by means of aircraft and radiosondes and more recently to
intensive research into the microphysics of clouds; and although meteorological
conditions in the lowest layers are those which affect us most closely, the
emphasis in a study of the physical processes of meteorology has shifted from
the lower layers to higher levels. Some thought was given to the possibility of
incorporating in a revised edition of A short course in elementary meteorology
a chapter or two on the meteorology of the upper air, but the permeation of the
science by modern concepts of conditions aloft necessitates an integrated
approach to the subject as a whole. Accordingly it was decided to withdraw the
book and write a completely new work to replace it.

The present book is the work of D. E. Pedgley, B.Sc., and was written while
he was a member of the staff of instructors at the Meteorological Office Training
School. It is intended for the reader whose knowledge of physics is roughly
equivalent to that of upper science forms in schools, although parts of the book
are of a rather higher standard. These are included, in smaller print, for the
benefit of those who are able to assimilate them and others whose interest may
be aroused and who may thereby be induced to study the subject more deeply.
Mr Pedgley has had considerable experience in training staff who have entered
the Meteorological Office with little or no previous knowledge of meteorology
and in writing this book he has been able to draw on his experience. His work
is confidently presented as an authoritative and methodical account of the
elements of meteorology as they are taught today.

PREFACE TO THE SECOND EDITION

THis second edition of A4 coursein elementary meteorology is a revision by H. Heastie,
M.Sc., written while he was an instructor on the staff of the Meteorological
Office College. Some parts of the chapters on precipitation and forecasting have
been extensively revised. T'wo appendices have been added to give a short introduc-
tion to the use of radar and satellites in meteorology at the present time.
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vi PREFACE

As far as possible in this edition, SI (systéme international) units have been
used; however, the use of certain non-SI units has been continued for specialized
measurements (e.g. knot, nautical mile). .

Grateful acknowledgement for permission to use material from their publica-
tions is made to the following:

Dr B. ]J. Mason, Rain and rainmaking (1st edition)—Figure 39,

National Hail Research Experiment Report 75/1, by K. A. Browning and

G. B. Foote—Figure 45,
National Hail Research Experiment Report 76/1, by K. A. Browning and
others—Figures 46—48.
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PART I
PHYSICAL METEOROLOGY






CHAPTER 1

TEMPERATURE

1.1 INTRODUCTION

1.1.1 Measurement of temperature

Of all the many elements of the weather which affect our daily lives, tempera-
ture is probably the most important. This is true not only from our direct contact
with warm and cold air, but also indirectly because, as we shall see in later chapters,
changes of temperature in the atmosphere largely control both the wind and the
concentration of water vapour in the air, and these two in turn are all-important in
determining the formation of clouds and rain.

Temperature is expressed by means of one of three scales, Fahrenheit (°F),*
Celsius (°C) and kelvin (K). All three scales are used in meteorology and con-
version from one to the other should be understood. If T represents the tem-
perature of a body, then

T °F is equivalent to g (T-32)°C

and T °C is equivalent to ( g T + 32) °F.
Also T °C s equivalent to (T + 273) K
and T K is equivalent to (T'— 273) °C.

It follows from these relationships that 32 °F=0°C =273 K and 212 °F =
100°C=373 K.

Temperature is measured with a thermometer ; many types exist, the principles
of those most commonly used in meteorology being described below.

(a) Ligquid-in-glass type, where the differential expansion of a liquid with
respect to its glass container is measured. Volume changes of the liquid
are shown by changes in position of the end of a column of the liquid
in a tube attached to the liquid’s container. The liquid used depends
upon the temperature range over which the instrument will be used; for
ordinary purposes mercury is used but if the temperature is likely to
fall below the melting-point of mercury (— 38-8 °C) then ethyl alcohol or
some other organic liquid is employed.

(b) Mercury-in-steel type, where expansion of the mercury alters the shape
of a hollow, flexible metal coil, which either unrolls or rolls up more
tightly. The coil and bulb are connected by a thin, steel-cored capillary
tube which may be more than 30 metres long, so enabling the instrument
to be read at a considerable distance from the measuring point.

® Member states of the European Communities will cease to authorize the use of the
Fahrenheit scale of temperature with effect from 31 December 1979 at the latest (EEC
Directive of 27 July 1976).
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4 TEMPERATURE

(c) Bimetallic-strip type, where two pieces of metal having different coeflicients
of expansion are welded side by side so that a temperature change causes
the strips to curl slightly, the extent increasing with the temperature.

(d) Electrical resistance type, depending upon the known variation of electrical
resistance of a metal wire as the temperature changes.

(€) Thermocouple type, where two metals are joined in a closed electrical
circuit, the two joints being at different temperatures, and the electro-
motive force set up in the circuit is measured. This force varies with
the temperature difference so that, if it is measured whilst one joint is
kept at a standard temperature, the temperature of the other can be
calculated.

A continuous and permanent record of temperature at a given place can be
obtained by making the temperature-sensitive part of the instrument operate a
pen-arm which marks a trace on a paper chart wrapped around a slowly rotating
drum. Such an instrument is known as a thermograph, and its chart is a thermo-
gram. Any instrument which gives a continuous and permanent record of the
changes of some meteorological element is known as an autographic instrument.
Other autographic instruments in widespread use are barographs (for recording
atmospheric pressure), anemographs (wind speed and direction), hygrographs
(humidity) and recorders for rate and duration of rainfall.

1.1.2 Some definitions

In meteorology we need to know the temperature both of the earth’s surface
and of its atmosphere. In particular, we shall be interested in temperatures of
the air, the ground and the sea, each of which varies with place and time.

The term ‘air temperature’ is applied strictly to that of the air and may be
measured by placing a thermometer in contact with the air. At the same time
the thermometer must be protected from the effects of external heat sources.
To compare readings from neighbouring places, each thermometer must be
exposed to the air under identical conditions. This is best achieved by keeping
them in carefully designed screens which give them standard surroundings but
at the same time allowing the air ready access to them. The most important
source of error is exposure to direct sunlight: a thermometer in the sun records
a far higher temperature than one in the shade (see Section 1.2.1). The ‘shade
temperature’ is usually a good approximation to the ‘screen temperature’. A
further point to bear in mind is that the thermometers should be kept at a
standard height above the ground because on many occasions the temperature
is found to vary markedly with height (see Section 1.3.2). In Britain, thermo-
meters in the screen have their bulbs at 1:25 metres above the ground. Unless
otherwise stated we shall use the term ‘air temperature’ to mean °‘screen
temperature’.

Frost is an important feature of our weather, the term being applied to several
phenomena; it is important to distinguish between them.

(a) Air frost, a screen temperature below 0 °C.

(b) Ground frost, a temperature of 0 °C or below recorded by a thermometer
lying horizontally with its bulb just in contact with the blade-tips of a turf
surface, cut short.

(c) White frost or hoar frost, a deposit of white, feathery ice crystals (see
Section 3.5.2).
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(d) Black frost, a condition in which the temperature of the ground cools to
below 0 °C with no deposit of hoar frost.

(e) Glazed frost, a layer of glassy ice (see Section 6.3.5).

(f) Silver frost, a deposit of frozen dew (see Section 3.5.2).

1.2 HEAT TRANSFER PROCESSES AND
TEMPERATURE CHANGES

1.2.1 Heat transfer processes

When two bodies having different temperatures are placed near each other,
heat flows between them and there is a tendency for the two temperatures to
become equal. This transfer of heat may take place in three ways—by conduction,
convection and radiation.

(a) Conduction: When the two bodies are in contact, some of the kinetic
energy of the molecules in the hot body is transferred to the molecules
in the cold body during collisions between them at their interface. The
rate of flow of heat increases with the temperature difference, but it also
depends upon the nature of the substance through which the heat is
flowing. Air conducts heat slowly—it is a poor conductor. Rocks are
relatively good conductors so we would expect soils, which are essentially
mixtures of small particles of rocks with many air-spaces, to be only
moderately good conductors. Water and ice are also moderate con-
ductors so it follows that fresh lying snow, which contains a large
proportion of air (about 10 parts of air to 1 of ice), is only a poor
conductor. This explains how animals can survive fatally low air tem-
peratures if they are buried in deep snowdrifts; similarly, the new
growth on plants in spring is protected from frost by lying snow. A
further illustration of the poor conductivity of air is shown by snow
being able to settle and persist more easily on grass than on roads if
the ground temperature is not below 0 °C. This is because the large
volume of air among the grass blades prevents much contact between
the snow and the ground.

(b) Convection: This involves a mass movement within a fluid (liquid or
gas). It may be brought about in two ways: either by the fluid moving
over a rough boundary surface and so inducing irregular eddies, known
as forced convection or turbulence; or by the fluid being heated from
below so that parts of it become less dense, and therefore buoyant, and
they rise as upward flowing currents replenished by adjacent downward
currents, the whole being known as free convection. Throughout this
book, references to convection will be to this latter type. Turbulence is
always present in the atmosphere wherever the wind is blowing, especially
near the ground; convection occurs when the lowest layers of the atmos-
phere are in contact with warmer ground.

(c) Radiation: Heat can flow between two bodies, even when they are not
in contact, in the form of electromagnetic radiation. This method does
not require the presence of an intervening material medium but if one
is present then it may alter the process.
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1.2.2 Some properties of radiation

All bodies emit radiation continuously in the form of waves similar to radio
waves but usually with much shorter wavelengths. Their wavelengths are so
short that a new unit of length is used when describing them. This is the micro-
metre (symbol p.m) equal to 107¢ metre. It is a useful unit, too, for measuring the
sizes of the minute particles in clouds. Only a limited range of wavelengths can be
detected by the eye in the form of light, namely those lying between the approxi-
mate limits of 0-4 umand 0-7 wm, corresponding to violet and red light respectively.
Radiation with wavelengths just less than 0-4 um is known as ultraviolet radiation
and that with wavelengths just above 0-7 um is infrared; each is invisible.

Radiation emitted by a body at any given time covers a range of wavelengths.
The intensity of radiation with a given wavelength varies with the wavelength,
being greatest a little above the bottom of the range. Thus, 99 per cent of the sun’s
or solar radiation lies within the limits 0-15 pm and 4 wm, and has its maximum
intensity at 0-6 pm, that is, within the visible range. Note that it also extends into
both the infrared and the ultraviolet. Of the earth’s or terrestrial radiation, 99
per cent lies within the approximate limits 4 pm and 100 pwm with a maximum at
about 15 pm, that is, it is wholly in the infrared and is therefore invisible. These
differences in wavelength account for the commonly used terms ‘short-wave’
radiation for that from the sun and ‘long-wave’ radiation for that from the earth.

There are two laws referring to radiation which are useful to us:

(a) Stefan’s Law, which states that the rate of loss of radiant heat by unit
area of a body is directly proportional to the fourth power of its absolute
temperature, so that hot bodies radiate very much more intensely than
cold bodies.

(b) Wien's Law, which states that the wavelength of the radiation of maximum
intensity is inversely proportional to its absolute temperature. This is
illustrated by the colour changes of a poker as it gets hotter in the fire.
First it is dark red, then orange as yellow wavelengths are mixed with the
red, and finally white when all colours are mixed.

These laws account for the differing properties of solar and terrestrial radiation
described above.

The intensity of the radiation emitted by the sun seems to be nearly constant.
The solar radiation flux at a surface normal to the sun’s beam outside the
earth’s atmosphere at the earth’s mean distance from the sun is about 1350 W m~2
and is known as the solar constant. However, the intensity found at the ground is

not constant because:

(a) some radiation is lost whilst passing through the atmosphere;

(b) the sun is rarely vertically overhead so the energy is spread over a ground
area greater than 1 square metre; the smaller the elevation of the sun
above the horizon the greater the area and, therefore, the weaker the
intensity. The sun’s elevation depends upon the time of day, the season
and the latitude, so the intensity is relatively weak near sunrise or sunset,
in winter and at high latitudes.

The losses incurred as solar radiation passes through the atmosphere are
caused by:
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(a) Absorption (about 15 per cent), especially by water vapour and ozone
(see Section 1.3.2). The oxygen and nitrogen in the atmosphere may be
considered as transparent.

(b) Scattering (about 10 per cent), or the alteration of the direction of the
radiation as it passes very near the air molecules (see also Section 8.4.1).

(c) Reflection (about 30 per cent) from clouds, and from the ground especially
when snow- or ice-covered.

The total effect is that only about 45 per cent of the radiation entering the atmos-
phere is absorbed by the ground. So, remembering that the cross-sectional area
of the solar beam intercepted by the earth is one-quarter of the surface area of the
earth, this implies that on average each square metre of the ground receives 150
watts.

Most instruments which measure the intensity of solar radiation depend upon
the fact that the temperature of a body rises when it absorbs the radiation. They
are called radiometers (pyrheliometers or pyranometers); several types are in use:

(a) Silver-disc type, where the rate of rise of temperature of a silver disc,
exposed under standard conditions, increases with the intensity of the
radiation.

(b) Thermopile type, where a series of thermocouples has one set of its junctions
exposed whereas the other set is maintained at a constant temperature.
The electromotive force produced increases with the intensity of the
radiation.

(c) Differential-absorption type, where two different objects are exposed under
identical conditions and the difference in their temperatures increases
with the intensity of the radiation.

(d) Bimetallic-strip type, either where the change in shape of an exposed
strip is measured under a microscope, or where two strips are exposed
and, because one is black-coated whereas the other is white, they change
shape to different extents.

An estimate of insolation intensity may be found by using a thermometer
with a black-bulb-in-vacuo exposed to direct sunlight. The radiation is absorbed
by the bulb, which is painted black to absorb the maximum amount of radiation
and surrounded by a vacuum to minimize heat loss by conduction. When placed
in the sun it records a high temperature, becoming steady when the rate of gain
of short-wave radiation just equals the rate of loss of long-wave radiation. No
two instruments read alike but a given instrument can give a rough guide to the
intensity of insolation; the greater the intensity, the greater the black-bulb
temperature. It may exceed 77 °C on a summer day.

1.2.3 Heating the atmosphere

All three methods of heat transfer are active in heating the atmosphere; they
are shown diagrammatically in Figure 1. Radiation from the sun passes through
the atmosphere with some depletion resulting from absorption, scattering and
reflection, the remainder being absorbed by the ground which thus becomes
hotter. As soon as it becomes hotter than the air above it, heat flows by conduction
and the air becomes warmer. Because of its poor conductivity this heating of the
air is confined to a very shallow layer near the ground, the layers above being
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Long-wave

Short-wave radiation from the earth

radiation from the sun

Air aloft warmed by
convection and turbulence

Air near ground
warmed by conduction / UC) K

Absorption (15 per cent)
Scattering (10 per cent)

Reflection
(30 per cent)

Ground warmed Ground cooled
by absorption by emission
of solar radiation of terrestrial radiation

F1Gure 1. Physical processes involved in heating the atmosphere

heated by mixing with the shallow warm layer as a result of convection or turbu-
lence.

It is most important to understand the part played by each of these processes.
More detail will be given in Section 1.5.

1.2.4 Specific heat

When heat is added to a body by one of the methods described in Section 1.2.1,
its temperature rises (unless a change of phase is induced in that body—see
Section 3.1.2). The amount of heat required to raise the temperature of unit mass
of a substance by one kelvin is known as the specific heat of the substance. It is
normally measured in joules per kilogram per kelvin. The specific heat of water at
0°Cis 4217 J kg~ K~ and of ice 2100 J kg=* K%, and for soils it varies with the
amount of water in the soil from about 1000 J kg=! K~ upwards. Using these
values we see that a given quantity of heat supplied to 1 kilogram of ice will raise
its temperature twice as much as if it were supplied to 1 kilogram of water; added
to 1 kilogram of soil the temperature rise may be up to four times as great. This
fact will be important when we come to consider temperature variations of the

round.
® In general if Q joules of heat are added to m kilograms of a substance having a
specific heat ¢ J kg~! K~1, then the temperature rise 0 is given by:

0= 2

mec

1.2.5 Adiabatic temperature changes

There is another way by which the temperature of a body may be altered but
this time no heat is added. This method is especially applicable to gases. When a
mass of gas is compressed, and at the same time no heat is allowed to flow to or
from its surroundings, then its temperature rises—the more it is compressed, the
bigger the temperature rise. Conversely, if it is expanded the temperature falls.
A change in the temperature of a mass of any substance without there being any
transfer of heat between that substance and its surroundings is said to be an
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adiabatic change. Adiabatic changes of air in the atmosphere, brought about by
changes of pressure, are extremely important because they produce most of our
clouds and precipitation (see Section 1.4.2 and Chapters 5 and 6).

1.3 STRUCTURE OF THE ATMOSPHERE

1.3.1 Composition of the atmosphere

Numerous measurements of the composition of the atmosphere near the
ground have been made, even as early as 1852 by Regnault. They show that the
percentage composition by mass of clean ‘dry air’ (that is, air from which water
vapour has been removed) is constant:

Percentage

Constituent (by mass)
Nitrogen . . . . . . 75-51
Oxygen . . . . . . 23-15
Argon . . . . . . 1.28

Other gases (including rare gases, ozone

and carbon dioxide) . . . . 0-06
Total . . . . . . . 100-00

Measurements at great heights, made either directly from balloons and rockets
or indirectly by study of the wavelengths of radiation transmitted by the atmos-
phere, have shown that this composition changes very little with height. However,
above about 80 kilometres some of the sun’s ultraviolet radiation is absorbed
by oxygen and nitrogen molecules which then decompose, either into free atoms
or ionized molecules and atoms, forming a layer known as the fonosphere which
extends upwards indefinitely. Its density is extremely small—the density ratio
relative to the mean sea level value being about 105 at 80 kilometres and 10~1% at
200 kilometres.

Between about 20 kilometres and 50 kilometres more oxygen molecules are
split but the resulting atomic oxygen recombines with unaffected molecules to
give ozone. This layer containing ozone is known as the ozonosphere.

1.3.2 Vertical temperature structure

Regular measurements of temperature up to heights of 20 to 30 kilometres are
now made twice daily over large areas of the earth’s surface. These readings are
obtained by using a radiosonde, the British form of which consists of a sounding
balloon and attached to it is a thermometer and a small radio-transmitter which
telemeters information back to a ground receiving station in the form of an audio-
frequency note, whose frequency changes with the temperature. Pressure and
humidity are also measured by the radiosonde. Eventually the balloon bursts and
the instruments descend by parachute. Their recovery is not essential to an under-
standing of their readings as it was with the older methods of measuring tem-
perature high up in the atmosphere. Then, either kites or balloons were used
carrying autographic instruments. A few flights in manned balloons were also
made. The radiosonde, first developed during the ’thirties, is still supplemented to
a small extent by aircraft observations (see also Appendix B, Section B.2.3).

If a graph is prepared showing the distribution of temperature with height
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on a given occasion, we find that, for different layers in the atmosphere, this
distribution takes one of three forms:

(a) A temperature lapse—a decrease of temperature with height; the lapse rate
is the rate at which temperature decreases with height, expressed in °C
per kilometre.

(b) A temperature inversion (commonly just referred to as an ‘inversion’}—an
increase of temperature with height; it has a negative lapse rate.

(c) An isothermal layer—the temperature does not vary with height; it has
a zero lapse rate.

A typical distribution of temperature with height, as found by a radiosonde, is
shown in Figure 2. We can immediately distinguish two layers in the atmosphere

30}
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F1GURE 2. Example of a temperature sounding through the lower atmosphere

characterized by differences of lapse rate. Below about 11 kilometres there is a
positive lapse rate on the average and this layer is known as the troposphere. At
about 11 kilometres there is a well-marked boundary known as the tropopause.
Above it lies the stratosphere, in which the temperature is nearly constant up to
about 20 kilometres and then increases with height. Nearly all temperature
soundings show the following features:

(a) Troposphere. Positive lapse rate of about 6 to 8 °C per kilometre. There
may be one or more shallow layers, up to about 1 kilometre deep, which
may be either isothermals or inversions.

(b) Lower stratosphere. Isothermal, or only a small lapse rate, either positive
or negative.

(c) Tropopause. The boundary surface between the two layers. It is not
horizontal, being lower over the poles than over the equator—approxi-
mately 6 to 8 kilometres and 16 to 18 kilometres respectively. Its height
also varies with the season, in middle latitudes especially, being lower in
winter than in summer—approximately 8 to 10 kilometres and 12 to 14
kilometres, respectively, over Britain. When the tropopause is low the
stratosphere is relatively warm, —40 to —60 °C; when high it is cold, —60 to
—80 °C.
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The troposphere contains nearly all the ‘weather’ as we understand it, namely
clouds, precipitation and winds, particularly the vertical winds.

Many people have investigated the problem of why the lower atmosphere
exists in these two layers. The earlier ideas of Gold in 1909, Emden in 1913, and
others sought to explain the stratosphere and troposphere as being the result of
radiative and convective equilibrium respectively, the former involving both solar
and terrestrial radiation and their absorption by water vapour in the air, whilst the
troposphere was thought to result from convection through contact with a warm
ground. In 1946, Dobson, Brewer and Cwilong pointed out the importance of
ozone as an absorber and emitter of radiation but Goody, in 1949, suggested that
water vapour and carbon dioxide are more important, the first constituent
tending to cause a heating of the atmosphere and the second a cooling. It cannot be
said that a full explanation has yet been obtained.

1.3.3 The upper atmosphere

Above about 30 kilometres other methods must be used to investigate the
distribution of temperature with height. These have given somewhat divergent
results but not all the differences may be real. However, a generalized picture is
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Ficure 3. Approximate distribution of temperature with height in the atmosphere

shown in Figure 3. The methods used to measure or estimate these temperatures
include:

(a) Rockets, where pressure and density readings are telemetered to the
ground and the temperatures are deduced from them. Some of these
rockets have been launched from high-altitude balloons.

(b) Observation of anomalous propagation of sound, in which the refraction,
by different layers in the atmosphere, of sound waves from a large ex-
plosion, results in rings of audibility at ground level around the source,
with intervening rings of silence. Murgatroyd in Britain in 1956 and Crary
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in the United States of America in 1950 are among those who have used
this method.

(c) Releasing grenades at intervals from an ascending rocket. Both methods
(b) and (c) rely upon the dependence of the speed of sound upon the density
of air.

(d) Scattering of light from a vertically pointing searchlight at night, the extent
depending upon the density of the air.

(e) Visual and radar observations of meteor trails.

(f) Radio propagation through the ionosphere.

(g) Absorption measurements from satellites (see Appendix B, Section B.2.3).

It is hoped to extend the height range up to 1 millibar (50 kilometres) by
1978.

The existence of the two warm layers, the ionosphere and the ozonosphere,
arises from the absorption of ultraviolet radiation from the sun.

In 1958, both Chapman and Nicolet, using data from artificial earth satellites,
first suggested that our atmosphere may be continuous with the sun’s, with its
temperature almost constant with height above 400 kilometres at about 1200 °C,
rising slowly towards the sun. Continuity of the two atmospheres allows direct
conduction of heat between the sun and the earth but it is so slow as to be negligible.

1.4 STATIC STABILITY

1.4.1 Static stability

Study of the processes involved in the formation of clouds leads us to consider
a fundamental concept in meteorology known as static stability. It refers to the
problem of what happens to a parcel of air after it has been given an initial vertical
displacement, either upwards or downwards. If, after an upward displacement, the
parcel is found to be warmer (and therefore less dense) than its surroundings, its
buoyancy will make it move farther from its original position; it will continue to
move upwards until its temperature somehow becomes equal to that of its sur-
roundings. When, after an initial displacement, the parcel moves farther from its
original level, then the surrounding atmosphere is said to be statically unstable
(or commonly just ‘unstable’). An initial disturbance in such an atmosphere
results in spontaneous development of the disturbance. On the other hand, if,
after displacement, the parcel is found to be colder (and therefore more dense)

han its surroundings, its buoyancy will tend to return the parcel to its original

level and then the surrounding atmosphere is said to be statically stable (or ‘stable’).
A disturbance in such an atmosphere must in the first instance be forced, since
buoyancy tends to oppose any vertical motion. There is clearly an intermediate
state where vertical motion is neither encouraged nor opposed; the atmosphere is
then said to be neutrally stable.

These ideas on static stability have been based on an upward-moving parcel
of air; it is left to the reader to show that they are also true for a downward-moving
parcel.

We may compare the parcel’s motion to that of a ball-bearing in a watch-glass.
If the glass is concave upwards, the ball is in equilibrium only at the bottom and
any sideways displacement results in a return to the centre. If the glass is convex
upwards, the ball remains stationary when it is at the centre, but any sideways
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displacement results in further movement away from the centre. In the first state
the ball is in a stable environment; in the second, unstable. If the glass were flat
there would be neutral stability.

1.4.2 Adiabatic lapse rates

A parcel of air rising through the atmosphere expands because the pressure
exerted upon it decreases with height. This expansion is approximately adiabatic
for two reasons: air is a poor conductor of heat, and mixing of the parcel into
its surroundings is slow. Adiabatic expansion results in cooling, so the parcel
cools as it ascends. Calculations show that the rate of cooling of a parcel of air as it
expands adiabatically during ascent is 10 °C per kilometre as long as no water
vapour in the air condenses as the parcel ascends. This lapse rate is known as the
dry adiabatic lapse rate (DALR) and is constant no matter what the original tem-
perature of the parcel may be. A descending parcel warms at the same rate as a
result of adiabatic compression.

Consider now the surroundings of a rising parcel. If they are cooler than the
parcel at all levels (other than the original, where the two temperatures are
the same) then it is unstable because the parcel is always warmer, after its initial
displacement. For this to be true the environment lapse rate (ELR) must be greater
than the lapse rate of the parcel. So, in order to determine whether the atmosphere
is unstable or not, all we need to know are the lapse rates of the parcel and of its
environment. Remember, the parcel’s lapse rate is a consequence of its ascent; the
ELR arises from other factors as yet unconsidered. We see then that if the ELR is
greater than the DALR, the surroundings are unstable for ascent or descent of dry
air, that is, of air which does not contain liquid water or ice suspended in it. Also,
if the ELR is less than the DALR, the surroundings are stable.

When the parcel ascends so far that the cooling causes condensation of some
of the water vapour within it, then the cooling is partly offset by the release of
latent heat (see Section 3.1.2). Thus, air rising adiabatically, with at the same
time some of its water vapour condensing within it, cools more slowly than dry
air. The rate at which it cools, known as the saturated adiabatic lapse rate (SALR),
is about 6 °C per kilometre at ordinary temperatures but it is not a constant. It has
a small value at high temperatures but becomes nearly equal to the DALR below
—40 °C. This is because at these low temperatures the maximum amount of water
vapour which can be present in the air is very small (see Section 3.1.4) so that, for
a given fall in temperature, the amount of water vapour which condenses (and
hence the amount of latent heat liberated) is so small that it hardly alters the
cooling resulting from expansion. Note that the parcel will warm at the same rate
when it is compressed adiabatically by descent only as long as sufficient liquid
water or ice is present to evaporate and keep the air saturated.

Consider now the surroundings of this parcel whose water vapour condenses
on ascent. Arguing as above, if the ELR is greater than the SALR, the surroundings
are unstable for ascent or descent of saturated air; and if the ELR is less than the
SALR, the surroundings are stable.

It is clear, then, that the stability of the environment depends not only upon
its lapse rate but also upon whether the rising parcel is saturated or not.

An interesting state arises when the ELR is less than the DALR but greater
than the sALR, for the surroundings are then stable as long as the parcel is un-
saturated but unstable if it is saturated. Such a state is rather common; when it
occurs the atmosphere is said to be conditionally unstable.
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Isothermal layers and inversions are extremely stable whether the rising
parcel is dry or not.

1.4.3 Development of instability and stability

The ELR of the atmosphere is not constant—it varies with both space and
time. On some occasions the atmosphere is unstable and on others it is stable.
Since the idea of stability is so important in meteorology it will be useful to consider
the processes which can change the ELR.

The ELR of a layer in the atmosphere increases when either the lower part
is warmed or the upper part is cooled—or both occur together. Warming of the
lower part may be the result of contact with a warm, underlying ground or of
the replacement of the original air by new, warmer air brought in by the wind.
Cooling of the upper part may be the result of heat loss by long-wave radiation
or of its replacement by new, cooler air. Direct loss of heat by long-wave radiation
is slow, except when clouds are present (see, for example, Section 5.3.3).

Conversely, the ELR of a layer decreases when either the lower part is cooled
or the upper part is warmed, or both. Cooling of the lower part may be the result
of contact with a cold, underlying ground or of its replacement by new, cooler
air. Warming of the upper part may be the result of absorption of short-wave
radiation or of its replacement by new, warmer air. Direct warming by short-
wave radiation is slow, even when clouds are present.

Many examples of stability changes will be discussed on later pages.

1.5 DIURNAL TEMPERATURE VARIATIONS

1.5.1 The normal variation

In Section 1.2.3 we saw that the atmosphere is heated by the sun but to a
large extent only indirectly, the solar radiation first warming the ground. Also,
it is cooled by contact with the ground which itself has been cooled by loss of
terrestrial radiation. Direct absorption of insolation by the atmosphere is not
important below the tropopause and calculations show that a warming of only
about 0-5 °C per day is possible. Direct cooling by loss of long-wave radiation
may amount to 1 or 2 °C per day. These changes are small compared with those
produced near the ground by conduction, convection and turbulence.

The importance of the ground in the heating of the atmosphere leads us to
consider it first. The diurnal variation of ground temperature, its variation
throughout the 24 hours, follows a well-known pattern. Figure 4 gives an example
for a cloudless and windless day, where it is seen that there is a minimum just
after dawn and a maximum in the early afternoon. A curve showing the diurnal
variation of air temperature near the ground is also given. It is similar in shape
but is both a little out of phase (the minimum and maximum eccur a little later)
and smaller in amplitude (the minimum has a higher value, and the maximum a
lower one).

The air temperature falls whilst the ground is colder than the air; it rises
when the ground is warmer. Hence, the ground is colder than the air above it
until the time of minimum air temperature and it is warmer from then until the
time of maximum air temperature. One may easily verify these facts by making
sets of simultaneous readings of ground and screen temperatures.
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F1GURE 4. Diurnal temperature variation of bare ground and air near the ground

on a cloudless and windless day

Sunrise and sunset are taken as 0600 and 1800 local time.

Consider now the shapes of these curves. From midnight to sunrise the
ground loses heat by long-wave radiation but at the same time it gains heat by
conduction both from the warmer air above and from deeper layers in the ground.
However, these last two processes are slow and may be ignored as a first approxi-
mation, so the ground loses heat continuously and its temperature falls at a rate of
perhaps 1 °C per hour. After sunrise, the ground has another source of heat—
insolation—so it cools more slowly until about a half-hour after sunrise when the
rate of loss of heat by long-wave radiation just balances the rate of gain by short-
wave radiation and the fall in temperature is checked. Thereafter, the intensity
of incoming solar radiation exceeds the intensity of the outgoing terrestrial
radiation and so the ground becomes warmer: a minimum thus occurs about a
half-hour after sunrise.

The ground temperature soon rises above that of the air (within about a
further quarter-hour at which time the air has its minimum temperature) and
then increases rapidly, until about 1300 to 1400 local time when insolation is
again balanced, but this time conduction (to the air above and to the now relatively
cooler, deeper layers of the ground) adds significantly to the terrestrial radiation.
Because there is a balance a maximum occurs at this time. Between then and sunset
the intensity of incoming radiation decreases so quickly that it is incapable of
balancing the other processes, so the ground temperature falls quickly. At about
1400 to 1500 local time it has decreased to a value equal to that of the air tem-
perature which now reaches its maximum. After sunset there is no solar radiation
but, since heat losses by conduction are now small again, the ground temperature
falls more slowly by loss of long-wave radiation.

Notice that whereas solar radiation is received only during daylight hours,
terrestrial radiation is lost throughout the 24 hours.

The minimum ground temperature is usually only a few degrees Celsius
below the minimum air temperature but the maximum ground temperature may
be 30 °C or even more above the maximum air temperature. Air just in contact
with the ground has a temperature nearly the same as that of the ground so that
at night there is a well-marked inversion from the ground upwards, usually to
several hundred feet, but during the day the lapse rate from the ground to screen
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level may be very large, especially in the first few centimetres, where it may be
several hundred times the DALR. These first few centimetres are important in
the formation of mirages (Section 8.4.2), but above them the lapse rate is usually
just greater than the DALR up to the top of the turbulent layer. Figure 5 shows the
vertical distribution of temperature at the times of maximum and minimum air
temperatures.
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Fi1GURe 5. Example of the vertical distribution of air temperature near the ground
at times of maximum and minimum temperature at screen level

In the turbulent layer the full and dashed lines represent the ELR at time of screen
maximum and minimum respectively

1.5.2. Controlling factors

The amplitude of the diurnal variation is governed by many factors, some
of which are noted here.

(a) Amount of insolation—dependent on both intensity and duration. As we
saw in Section 1.2.2, the intensity will generally be less than the maxi-
mum possible. Absorption and scattering do not vary much, but
reflection from clouds is variable and is very important; thick clouds
allow only a small fraction of the insolation to pass through them. Even
with clear skies, the intensity is relatively small in winter. The same is
true of high latitudes at all seasons, but the long duration of summer
sunshine there offsets the effect of low intensity.

(b) Intensity of terrestrial radiation. Water vapour is a good absorber of
long-wave radiation and it re-radiates some of its absorbed heat back to
the ground. A dry part of the atmosphere thus allows more radiation
to escape into space than does a part containing much water vapour.
Carbon dioxide acts similarly. We may be thankful that these two gases
are present in the air for their absence would allow an increased rate of
loss of long-wave radiation and the resulting cooling would be excessive,
leading to very low night minima. Water vapour does not absorb much
solar radiation so its total effect may be compared with the glass of a
greenhouse—letting in short-wave but partially stopping long-wave
radiation. This ‘greenhouse effect’ of the water vapour maintains our
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temperatures higher than they would be in its absence. Clouds are even
better absorbers. Thick clouds re-radiate downwards a large part of the
long-wave radiation absorbed by them (at wavelengths corresponding
to their own temperatures) so that clouds are very effective in lessening
the diurnal variation of temperature. With clear skies, the long nights of
winter allow a large loss of heat by long-wave radiation.

(c) Nature of the surface. A land surface warms and cools far more quickly
than a water surface, even though the rate of gain or loss of heat is the
same. There are three reasons for this: firstly, the land has a lower
specific heat; secondly, it is a much poorer conductor of heat; and
thirdly, insolation raises the temperature of the top few centimetres of
soil only, whereas the transparency of water allows heating down to
greater depths. Night-time cooling is also confined to the top few centi-
metres of soil but as the top surface of water cools it becomes more
dense, sinks and is replaced by warmer water from below. The diurnal
variation of sea temperature is so small as to be difficult to measure: it
is only 1 °C or less. Desert soils warm and cool the most quickly because
they contain so much air, a poor conductor of heat. Moist soils change
their temperatures slowly and soils covered with vegetation even more
slowly. It is interesting to note that it is the uppermost parts of vegetation
which are the effective absorbers and emitters of radiation, not the
ground itself. The highest temperatures by day and the lowest by night
are found near the vegetation’s top. At night, the minimum is lower
over vegetation than over bare ground because the air trapped by the
stems and leaves acts as a very poor conductor of heat upwards from
the relatively warm soil. Snow- or ice-covered ground is a good reflector
of insolation but also it is a poor conductor, so the diurnal variation is
large.

(d) Depth of atmospheric layer through which heating is spread. This increases
with both the wind speed and the instability of the layer. When a deep
layer is warmed the temperature rise is much smaller than when a
shallow layer is warmed by the same amount of heat. A smaller tem-
perature rise occurs, therefore, either when the wind is strong or when
the atmosphere near the ground is very unstable. Cooling is influenced
similarly. The shallow inversion present near the ground after a clear,
calm night is destroyed by heating during the following morning when
the air temperature may be observed to rise rapidly. After destruction of
the inversion, heat is distributed through a deeper layer so its temperature
rises more slowly.

As a summary, we can see that the following favour a large diurnal variation—
no cloud, summer season, low latitudes, dry air, dry soil (or a snow surface),
no wind and a stable atmosphere; and the following favour a small variation—
thick cloud, winter season, high latitudes, moist air, wet soil (or better, a water
surface), strong winds and an unstable atmosphere. Since many of these con-
ditions vary markedly over Britain, it is no wonder that our temperature changes
are diverse.

One last point: it is important to realize that we have been considering local
temperature changes only; changes may also be brought about by advection, the
flowing-in of air already having a different temperature, from somewhere else.
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This is especially important near coasts and during the passage of a front (see
Sections 1.6.1 and 9.6).

1.6 SPATIAL DISTRIBUTIONS OF
AIR TEMPERATURE

1.6.1 Air masses and fronts

A good idea of the horizontal distribution of air temperature about a place
may be obtained by plotting on a map values of temperature measured simul-
taneously and, say, at screen level. By drawing zsotherms, or lines joining places
with the same temperature, the cold and warm areas are immediately apparent
and so are those places where the temperature gradient is greatest. The temperature
gradient is the rate at which temperature varies in a horizontal direction per-
pendicular to the isotherms; where the isotherms are close, the gradient is large.

If we consider a chart covering a large area, say a square of side 5000 kilo-
metres, then we can usually find two or more air masses, each covering many
millions of square kilometres, and each characterized by its own temperature.
This temperature is never exactly uniform over the whole of an air mass but it
lies within a comparatively short range and the temperature gradients are small,
perhaps 1°C per 100 kilometres. At the boundaries of these air masses the
gradients are much larger, perhaps 1 °C per 10 kilometres. These boundaries,
where the contrast between neighbouring air masses is most concentrated, are
known as frontal zones. They are narrow compared to the extent of the air
masses themselves, say 100 kilometres compared with 1000 kilometres. Frontal
zones will be considered in much more detail in Part II of this book but here it
is useful to know that they slope upwards from the ground in such a way that
the colder air mass underlies the warmer in the form of a very shallow wedge,
whose angle is often less than one degree. Figure 6 represents a vertical cross-
section through a frontal zone. A frontal zone is often associated with vertical
motion in the atmosphere, particularly upward motion in the warm air mass,
and it may then be accompanied by extensive cloud and precipitation. Figure 6
shows that the isotherms within both air masses slope gently from left to right;
therefore, the air masses have small horizontal temperature gradients within
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F1GURE 6. Vertical cross-section through a frontal zone

Note the different horizontal and vertical scales.
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them, also from left to right. In the frontal zone they slope more quickly so that
the gradients are greater there. Where the frontal zone intersects the ground we
have a front.

1.6.2 Local variations

Air temperature is often found to vary markedly from place to place but on
a much smaller scale than one of air masses and fronts. This is brought about
by local variations in such factors as the nature of the ground, exposure to wind,
and topography. Examples of such differences found in Britain are described in
the Meteorological Magazine (82, 1953, p. 185 and p. 270, and 85, 1956, p. 79)
and in Weather (8, 1953, p. 69, and 9, 1954, p. 82).
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CHAPTER 2

PRESSURE AND WIND

2.1 ATMOSPHERIC PRESSURE

2.1.1 Some definitions

By the term pressure is meant the force exerted on unit area of a given surface.
Its unit of measurement is, therefore, the unit of force divided by the unit of area,
that is the newton per square metre (N m~2), which has been given the name
pascal (Pa). In meteorology the millibar (mb) is usually used as the unit of pressure;
1 mb =100 Pa. Atmospheric pressure is not constant; the mean value over
Britain at sea level is about 1013 millibars.

Now we have seen that the atmosphere comprises a mixture of gases, the
composition, when all water vapour and impurities have been removed, being
constant. Each of the constituents contributes to the total pressure of the mix-
ture, that is, each has a partial pressure. Thus the partial pressure of the nitrogen
is about 750 millibars, of the oxygen about 230 millibars and of the water vapour
about 10 millibars (but this last is very variable—see Section 3.1.4). The partial
pressure of a constituent in a mixture is the same as the pressure which that
constituent would exert if it were present alone and still occupying the same
volume (this is Dalton’s Law), so that we can speak of the pressure of the water
vapour, for example, without needing to take account of any effects from other
constituents.

Since the pressure at any place in the atmosphere is the result of the weight
of air above that place, pressure must decrease with height because as one ascends
there is less air above. Figure 7 shows the approximate relation between pressure
and height up to 20 kilometres, and it will be seen that the rate of decrease with
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F1GURE 7. Variation of atmospheric pressure with height
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height is not constant. Near the ground it is approximately 1 millibar per 10
metres but at 20 kilometres pressure decreases more slowly at about 1 millibar
per 130 metres. At the top of a 1000-metre mountain, pressure is about 900
millibars.

The exact relation between pressure and height varies with place and time but
can be computed from a knowledge of how pressure varies with temperature
as measured by a radiosonde.

2.1.2 Measurement of atmospheric pressure

First, we will determine the pressure at the bottom of a column of fluid.
Consider a column of height % metres and cross-section a square metres. Let it be
filled with a fluid of densityp kg m™3. The pressure, p pascals exerted by the fluid
on the base of the column is given by

weight of fluid
" area of cross-section

Taking g as the gravitational acceleration (approximately 9-81 ms™1), the weight of
the fluid is g times its mass, that is,

weight of fluid = g x (p X volume) newtons
= pgah newtons.

Hence P= Egaﬂ pascals

that is, p=pghpascals. ..., (1)

Now liquids are almost incompressible so that p is almost the same at each
level in the column, but gases are compressible so that p itself decreases with
height. We may still use equation (1) with a gas, however, if we take p to represent
a mean density.

In 1643, Torricelli experimented with a column of mercury in a glass tube,
closed at one end, and with its lower, open end dipped below the surface of a
cistern full with mercury. He found that the length of the mercury column was
nearly constant and independent of the length of the vacuum space occupying
the upper part of the tube. The column is supported by the atmosphere, whose
pressure, exerted downwards on the surface of the mercury in the cistern, just
balances the pressure of the column. An increased atmospheric pressure can
support a larger column.

A rough value for the length of this column can be calculated as follows.
Knowing that the density of mercury is about 1-:36 x 10* kg m=3, g is about 9-81
m s~2 and atmospheric pressure is about 10° pascals, it follows from equation
(1) (since p just balances atmospheric pressure) that

105
~ 136 x 10* x 9-81

Reversing the argument, we may use equation (1) to calculate the atmospheric
pressure from a measurement of the height of the column. It may be expressed
in ‘centimetres (or inches) of mercury’ and read from a scale engraved on the
tube; however, this scale is best graduated directly in millibars.

h

m, that is approximately 0.75 m.
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An instrument which measures atmospheric pressure is known as a barometer
and this particular type, employing a column of mercury, is a mercury barometer.
There are many forms; the one used by the Meteorological Office is the Kew-
pattern barometer (see the Observers’ Handbook, 1969, p. 96, and the Handbook
of meteorological instruments, Part 1, 1956, p. 21). It is very important to notice
that the barometer is made to read correctly only when p and g have certain
fixed values. If, when the barometer is used, the prevailing values of p and g are
different from those for which the instrument was calibrated, then the barometer
reading must be corrected to account for the differences. Such corrections are
essential if the pressure is to be measured to the accuracy required, namely
0-1 millibar, which is one part in 10 000. A further source of error in any sensitive
instrument is the so-called ‘index error’, resulting from small inaccuracies
during manufacture. It varies along the length of the scale and may be determined
by comparing readings of the barometer with those of a very accurate standard
instrument kept at the National Physical Laboratory.

Thus, to obtain a true value of atmospheric pressure at cistern level, we need
to know not only the barometer reading but also corrections to account for:

(a) Index error.

(b) The current value of the density of mercury. This decreases as its tempera-
ture increases, so the atmosphere can support a longer column of warm
mercury than cold; that is a barometer warmer than the calibration tem-
perature reads too high.

(c) The local value of g. Since the earth is not perfectly spherical but rather
flattened at the poles and also because it is rotating, the gravitational
acceleration decreases from pole to equator, approximate values being
9-83 m s~2 at the poles and 9-78 m s™2 at the equator. It also decreases
as height above the ground increases. For instruments used near sea level
the former effect is the more important.

Variations of pressure with distance along the horizontal are much smaller
than those in the vertical, being in the order of 1 millibar per 100 kilometres
compared with 1 millibar per 10 metres. Although so small, horizontal variations
are of fundamental importance in controlling the strength and direction of the
horizontal wind, as we shall see in Section 2.2. They are best obtained by com-
paring readings from barometers kept in the same horizontal level. In practice,
each barometeris at a different level, so to compare readings each must be corrected
to some standard horizontal reference level, usually mean sealevel. A barometer
above mean sea level will thus have a correction added to its reading equal to the
pressure of the imaginary column of air extending from the cistern down to mean
sea level. From equation (1) it follows that this correction depends upon both the
height of the barometer cistern above mean sea level and the density of the air
imagined to fill the column; this latter, in turn, depends upon the total pressure and
upon the temperature of the imaginary column (taken as screen-level temperature).

For any given barometer and place the index error, the height of the cistern
and the local value of g are fixed so that, to obtain the pressure corrected to mean
sea level, all we need are:

(a) the barometer reading,
(b) the barometer temperature,
(c) the screen-level temperature.
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Combined corrections are worked out in advance for all likely values of these
quantities and the results are made into a simple ‘correction card’. Note that
the changing of either barometer or place means that a new card must be used.

The aneroid barometer is another instrument for measuring atmospheric
pressure. In principle, it consists of an evacuated, thin-walled, metal box which
expands slightly as the pressure falls and contracts when the pressure rises; a
powerful spring prevents the box from collapsing completely. Small changes in
the shape of the box are magnified by a lever system operating a pointer which
moves over a scale. Its main advantage over a mercury barometer is its portability,
making it suitable for radiosondes, aircraft and expeditions.

The precision aneroid barometer (see The Observer’s Handbook, 1969, p. 101)
has largely superseded the mercury barometer for everyday use in the Meteoro-
logical Office. This instrument is simply a very sensitive form of the ordinary
aneroid barometer. The capsule deflects a pivot bar which exerts a very much
smaller resistance than that imposed by a conventional system of gears and levers.
The movement of the bar is measured by a micrometer screw graduated in milli-
bars. Contact between the bar and the micrometer is sensed electrically and
displayed by means of a cathode-ray indicator tube. Readings from this type of
barometer do not require correcting for gravity or for temperature.

An autographic barometer is a barograph; its pressure-sensitive element is
usually an aneroid capsule.

2.1.3 Isobars

The horizontal distribution of mean-sea-level pressure may be represented
on a map by drawing lines through places which have the same value of pressure.
These lines are known as #sobars; they represent the pressure distribution just
as contours on an ordinary surface map represent the relief of a land surface.
On a meteorological map isobars of mean-sea-level pressure are normally drawn.
In mountainous country the errors introduced when calculating the correction
to mean sea level for a high-level station are so large that cistern-level pressures
are usually corrected to some other reference level, for example 1000 metres.
In this book we will take all isobars as referring to mean-sea-level pressure unless
stated otherwise.

When simultaneous values of pressure, corrected to mean sea level, obtained
from barometers distributed over a large area are plotted on a map, it is often
found that some of the isobars drawn to fit the values form closed curves around
centres of either high or low pressure. A centre of high pressure is known as an
anticyclone or high, whilst a centre of low pressure is a depression or low. The
term ‘cyclone’ now has a restricted meaning and should not be used unless in
that sense—see Section 10.4.2. An outward extension in the isobars from a
centre is known as a ridge if from a high and as a trough if from a low. The area
of almost constant pressure (and therefore few isobars) between two highs and
two lows is known as a col. Isobar patterns illustrating these features are shown in
Figure 8.

Most highs and lows each have several closed isobars when they are drawn
at 2-millibar intervals. Even so, the absolute differences in pressure between
the centres of neighbouring highs and lows are small. Central pressures of lows
below 940 millibars or highs above 1050 millibars are exceptional. Over Britain
the lowest pressure recorded was 925.5 millibars (corrected) at Ochtertyre, near
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F1GURE 8. Some common patterns of mean-sea-level isobars

Crieff, Perthshire, on 26 January 1884; the highest was 1054-7 millibars at
Aberdeen on 31 January 1902.

Much more will be said about pressure systems in Part II of this book.

2.1.4 Tendency

Measurements of atmospheric pressure made regularly at a given place for
a long period (say, hourly for several days) show that it is seldom constant for
long. The rate of change of pressure with time is known as the barometric tendency.
It is not practicable to measure an instantaneous value, so it has been decided
internationally that the tendency shall be taken as the change of pressure over the
preceding 3-hour period.

Some idea of the origin of these changes may be obtained by recalling the
meaning of pressure given at the beginning of this chapter. For a given place
it is seen that a change of atmospheric pressure can be produced only by a change
in the weight of the atmosphere and this, in turn, can be produced only by a net
addition or removal of air from a column of fixed cross-section above that place.
This may be brought about in two ways: firstly, by expansion or contraction
resulting from the heating or cooling of the atmosphere; and secondly, by means
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of air passing into the column at a different rate from that at which it passes out.
The first method is slow and can give only small tendencies of perhaps 1
millibar in 3 hours; the latter can be fast, giving large tendencies occasionally
exceeding 10 millibars in 3 hours.

Lines may be drawn on a chart joining places which have equal values of
tendency; such lines are isallobars. By analogy with isobars we have isallobaric
highs and lows, showing centres of rising and falling pressure respectively (strictly,
centres where pressure ‘has risen’ and ‘has fallen’ in the past 3 hours). They are
useful in showing the direction of movement of isobaric features. For example,
with an isallobaric low on one side of a depression and an isallobaric high on the
opposite side, the depression moves (strictly, ‘has moved’) in a direction from
isallobaric high to isallobaric low, that is from rising to falling pressure (see
Figure 9). An anticyclone moves in the opposite direction.

N
Isallobaric low

S
-2/

Isallobaric high
\

+4
N~ 7 \+2

F1GuRrRE 9. Movement of a low indicated by positions of isallobaric centres

Full and dashed lines represent isobars and isallobars respectively. Unit of
isallobars:millibars per 3 hours.

When free from large-scale changes the barogram usually shows small,
rhythmic, daily oscillations of 1 or 2 millibars with two maxima and two minima
at very nearly the same times each day: maxima at about 1000 and 2200 local time
and minima at about 0400 and 1600 local time. This diurnal variation of pressure
is clearly related to the diurnal variation of temperature. This is to be expected,
since at the time of maximum temperature the lowest layers of the atmosphere
have their least density and so the pressure is least. Since a pressure fall implies a
loss in mass above the observing point, the horizontal displacements which cause
it must give corresponding accumulations of air elsewhere. As the earth rotates, the
meridian of minimum pressure crosses any given place once each 24 hours.
Now, by coincidence, it seems that the atmosphere has a period of oscillation of
about 12 hours, so that the meridian of minimum pressure is accompanied by a
second, though weaker, minimum on the opposite side of the earth and also
passing around the earth once in 24 hours. The diurnal variation is thus tidal
in origin—a thermal tide, not gravitational as are tides in the sea; it is most
pronounced in equatorial regions but over Britain is usually masked by the
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FiGure 10. Diurnal variation of atmospheric pressure at Kew
Mean for years 1901-30.

much larger changes accompanying the movement of highs and lows. Figure 10
shows the mean diurnal variation of pressure for Kew Observatory.

2.2 WINDS—A GENERAL SURVEY

2.2.1 Measurement of winds

By the term wind we mean the movement of air over the earth’s surface.
This movement is almost horizontal; the vertical component is nearly always
very small—in the order of one thousandth of the horizontal component. Although
so small, vertical winds are nevertheless extremely important but their considera-
tion will be delayed until Section 2.6. Unless otherwise stated we shall use the.
term ‘wind’ to mean its horizontal component.

Wind velocity is fully described by two quantities—its speed and its direction.
The unit of wind speed is the metre per second (m s™!) but in many countries,
including Britain, two other units are still widely used, namely, the statute mile
per hour (mile h™*) and the nautical mile per hour or knot (kn). For approximate
conversions it is useful to remember that:

1 metre per second is nearly 2 knots,
6 knots are very nearly 7 miles per hour.

An instrument for measuring wind speed is known as an anemometer; one
which gives a continuous record (an autographic instrument) is an anemograph.
There are many types but the principles of the commonest are:

(a) Cup type. Three or four cups are mounted symmetrically on a vertical
axis which rotates at a speed largely dependent upon wind speed but
independent of wind direction. Rotation occurs because the force exerted
on the concave faces of the cups is more than on the convex faces.

(b) Pressure-tube type. When a tube, closed at one end, has its open end
pointing into the wind the air entering the tube is brought to rest and
creates inside the tube an excess pressure whose value increases with
the wind speed. Also, when a tube, closed at both ends but with holes
in its surface, lies with its axis perpendicular to the wind, as the air passes
the holes it causes a reduction of pressure inside the tube the value of which
increases with the wind speed.
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(c) Pressure-plate type. A plate is allowed to hang from a horizontal axis
normal to the wind. The inclination of the plate to the vertical increases
with the wind speed.

(d) Hot-wire type. A piece of platinum wire is heated electrically to a tem-
perature much above that of the passing air. The current intensity
required to maintain a constant wire temperature increases with the wind
speed because the stronger the wind the greater the rate of loss of heat by
conduction.

Wind direction is the direction from which the wind blows, measured from
true north either clockwise in degrees or as a compass point. An instrument for
measuring wind direction is a wind vane, a body mounted unsymmetrically and free
to turn about a vertical axis; it takes up a position so that the direction of the force
on it, as a result of the wind’s horizontal pressure, passes through the vertical
axis, so making the centre of pressure lie to the leeward of the axis.

It is important to distinguish between two terms used when describing
changes of wind direction; they are backing, meaning a wind direction changing
anti-clockwise, and veering, a clockwise change.

2.2.2 Some properties of surface wind flow

It is well known that the wind velocity, both speed and direction, at any given
place is continuously changing. We would expect, therefore, that the velocity of
any parcel of air as it moves over the earth’s surface would also be continuously
changing. This, indeed, is found to be true if we follow the path (¢rajectory) of such
a parcel using wind measurements from a large number of neighbouring observers.
Now a change in velocity, that is an acceleration, requires a force to bring it about
according to Newton’s Second Law of Motion. We are led to believe, then, that a
force (or forces) acts on the parcel of air causing it to move. When these forces
just balance each other there is no acceleration and the parcel moves with a constant
velocity—we then have balanced flow. When the forces do not balance, the parcel
accelerates.

Experience shows there are two main types of surface wind velocity change:

() Irregular, short gusts and lulls, lasting only a few seconds at most.
(b) Smooth, long-term changes, usually occurring gradually over a period of
hours or even days.

These two types can usually be seen on an anemogram as, for example, the one
shown in Figure 11. The former are interesting but ignored when we speak of
‘the wind’, meaning a mean wind over a 10-minute period, say. The latter changes
take place so slowly that the accelerations are small, so small that we may consider
that normal wind flow is nearly balanced. Later we will consider the nature of the
forces causing wind flow and how they control its velocity.

2.2.3 Buys Ballot’s Law

An interesting relationship exists between the observed wind velocity and
the pattern of isobars in the vicinity of the point of observation. Figure 12 shows
a chart covering part of the northern hemisphere with isobars drawn and with
winds plotted by using ‘wind arrows’ in the conventional way. Each wind observa-
tion is represented by a ‘shaft’, drawn from the observing point in the direction
from which the wind is coming, and ‘feathers’ to indicate speed, one whole feather
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hemisphere but on your right in the southern hemisphere. It is only approximately
true; nevertheless, it is a useful guide. It follows from the law that, in the northern
hemisphere, the winds form a clockwise circulation around an anticyclone but
anti-clockwise around a depression.

2.3 GEOSTROPHIC WIND

2.3.1 Controlling forces

We have seen that wind flow is usually nearly balanced. To understand
which forces bring about air motion and how they control it, let us simplify the
problem by assuming, firstly, that wind flow is exactly balanced and secondly,
that only fwo forces are acting on any given parcel of air, causing it to move
horizontally at a constant speed. Vertical forces, such as the parcel’s weight, need
not be considered because they do not affect the horizontal motion. In Section 2.4
we will consider some of the consequences of these assumptions.

We already have some knowledge of one of the two forces which we are
assuming produce the motion: it results from horizontal variations of the atmos-
pheric pressure near the parcel. If the pressure is low on one side and high on the
opposite, a force tends to make the parcel move in a direction from high to low
pressure. With close isobars pressure varies rapidly along a line normal to them.
A measure of the intensity of this variation is the pressure gradient, G, or the rate
of change of pressure with distance normal to the isobars; it is usually in the order
of 0-01 mb km~1. A large (steep) pressure gradient results from close isobars; a
small (slack) gradient results from widely spaced isobars. The force caused by
these pressure variations is known as the pressure gradient force, X; its size is
directly proportional to the size of the pressure gradient, G, that is,

X=kxG, .. @)

or inversely proportional to the spacing of the isobars. In direction, it always
acts normal to the isobars from high to low pressure. It is clearly zero when there
is no gradient, that is when pressure is uniform.

If the pressure gradient force were the only force acting, the air flow would
be unbalanced and the air would tend to rush inwards towards the low-pressure
centre giving an accumulation of air there and a consequent rise of pressure until
the low disappeared. This is not observed in practice so there must be at least
one other force present which can balance the pressure gradient force. The most
important of these is a consequence of the rotation of the earth. This rotation means
that an observer standing still on the surface of the earth in the northern hemi-
sphere is himself rotating anti-clockwise about the local vertical with a spin which
is greatest at the north pole where it is equal to the spin of the earth about its axis
and which decreases to zero at the equator. T'o such an observer a particlewhichisin
fact moving in a straight line appears to be continuously turning to the right of its
direction of motion. This deflection implies that the particle has an acceleration
and calculation shows that it acts at right angles to the direction of motion. The
force required to cause this acceleration is known as the Coriolos force, Y; its
magnitude is proportional to the speed, V, of the particle, that is

Y=k, xV, ceeeei(3)

and it always acts perpendicularly to the direction of motion of the particle, tothe
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right in the northern hemisphere, to the left in the southern hemisphere. It is
clearly zero when V is zero.

2.3.2 Properties of the geostrophic wind

A wind which blows under the influence of these two forces alone, and which
is balanced, is known as the geostrophic wind. We can deduce its properties
from our knowledge of the two forces. Figure 13(a) represents a small portion of
a chart in the northern hemisphere on which two isobars have been drawn near an
air parcel, A. Let us consider:

(a) The direction of the resulting wind. Because of the orientation of the
isobars, the pressure gradient force must be as shown and, since there
is balanced flow, the Coriolis force must be equal in size and opposite
in direction to it, that is, towards high pressure. From this it follows
that the parcel must be moving in the direction shown if the Coriolis
force is to act to the right of its direction of motion. Hence, the parcel
moves exactly parallel to the isobars with lowest pressure to its left.

(b) Its speed. Since the pressure gradient force just equals the Coriolis
force, from equations (2) and (3) it follows that

kixG=kyx V,
that is, V=Fk;xG,

showing that the speed is directly proportional to the pressure gradient.
This means that the speed is inversely proportional to the isobar spacing:
close isobars, strong wind; widely spaced isobars, light wind.

It should be carefully noted that the geostrophic wind is anidealized, theoretical
wind; it cannot be measured but it can be calculated for any given place so long as
the isobar pattern around that place is known. Given both scale of chart and
isobar interval (usually 2 or 4 millibars) each value of the distance taken normal
to two adjacent isobars corresponds to a certain geostrophic wind speed. Halving
the distance doubles the wind speed. A geostrophic scale can be devised to evaluate
the geostrophic wind speed by measuring the isobar spacing.

An interesting point arises from the value for &, (known as the Coriolis para-
meter). It can be shown that

k2 = Zm(o Sin (P

where m is the parcel’s mass, o is the angular velocity of rotation of the earth
(once per day or 24 h™') and ¢ is the latitude. On the equator, where ¢ =0,
k, = 0, that is, there can be no Coriolis force on the equator. It follows from this
too that, for a given isobar spacing, the geostrophic wind speed is least near the
poles.

2.4 OBSERVED WINDS NEAR THE GROUND

2.4.1 Effects of friction

The surface wind velocity is normally measured at a standard height of
10 metres (33 feet) above the ground. Outside the tropics if we compare a measured
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surface wind with the geostrophic wind calculated from a sea-level pattern of
isobars, we find a similarity but, at the same time, we also find at least two important
differences:

(a) The observed direction is backed from the geostrophic direction by an
amount which is rather variable, approximately 30° over land and 10°
over the sea.

(b) The observed speed is less, about one-third of the geostrophic speed
over land and two-thirds over the sea.

These differences are caused by another force which we have ignored so
far, namely, friction—both between the air and the ground and internally within
the air itself. When the three forces, pressure gradient force, Coriolis force
and friction, just balance, the wind blows as in Figure 13(b). Now the effect of
friction is most marked at the earth’s surface and it decreases rapidly upwards,
becoming negligible above a certain height which is rather variable but on average
about 500 metres. This level marks the maximum vertical extent of the irregular
motion, known as turbulence, induced by wind flow over the rough ground.
It is to be expected then, that the greatest departure of the observed wind from the
geostrophic value should occur just near the ground and that, as we ascend, this
departure should decrease until above about 500 metres the observed wind
should be almost geostrophic. Measurements show this to be true, in general,
and it explains the necessity for exposing anemometers and vanes at a standard
height if readings from neighbouring stations are to be compared.

2.4.2 Other effects

Friction is very important at all times in modifying wind flow but there are
still further effects to be considered, mostly of a temporary or a localized nature.
These can alter the observed wind so as to make it bear little or no relation to
the geostrophic wind. We will consider a few of these effects.

(a) Wind blowing around obstacles, such as houses, trees or hills, forms
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turbulent eddies whose sizes are comparable with those of the obstacles.
They greatly alter the local wind so that an anemometer must be very
carefully sited in an open place to minimize their effect. On a very large
scale, a valley often has light winds when the isobars lie across its length;
but sometimes the winds may be excessively strengthened—funnelling—
if the isobars run along the valley. Funnelling helps to produce such
valley winds as the Mistral along the Rhone (see Figure 14). Even our
British mountains give similar local winds.

FiGURE 14. Funnelling down the Rhéne Valley producing the Mistral

(b) During our consideration of the geostrophic wind in Section 2.3, we
assumed several conditions without stating their nature. On some
occasions these assumptions are not valid with the result that the wind
for balanced flow differs from the geostrophic wind. The most important
of these effects arises from curvature of the path, or trajectory, of an
air parcel flowing around an anticyclone or a depression. A curved path
can be followed only if there is an acceleration towards the centre of
curvature, that is, only if there is a net force acting inwards to the centre
of curvature. For anticyclonic curvature (Figure 15(a)) the Coriolis
force must be greater than the pressure gradient force with the result
that the wind speed for balanced flow is super-geostrophic; but for
cyclonic curvature (Figure 15(4)) the Coriolis force is less than the
pressure gradient force and the balanced flow is sub-geostrophic. Balanced
flow along a curved path under the influence of these two forces only is
known as the gradient wind; the greater the curvature, the greater the
difference between corresponding gradient and geostrophic winds.
Apart from curvature of the isobars, we may just note some other effects
arising either from the isobars not being parallel (wind blowing towards
closer isobars is sub-geostrophic), or from their not being parallel to the
equator (k, increases polewards, therefore poleward wind flow is super-
geostrophic), or from their movement (an ‘isallobaric component’ is
added, blowing towards the isallobaric low, normal to the isallobars—
see Section 2.1.4).
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northern hemisphere

(c) When the geostrophic wind is weak (say less than about 10 knots), a
local sea-breeze may be established near a coastline. This takes place in
the following way. With clear skies the day-time land temperature rises
very much more than that of the sea and so the air temperature over the
land much exceeds that over the sea. Vertical expansion causes pressure
gradients to form at higher levels, above the surface, because more air
willlie above a given level after the expansion than before, and the resulting
rise in pressure at that level over the land will cause a gradient such that
the air flows gently from the land towards the sea. The removal of this
air causes a pressure fall over the land at sea level and an accompanying
rise over the sea, that is, a pressure gradient develops normal to the coast
and sea air starts to flow inland. At first, the Coriolis force hardly influences
the breeze’s velocity, a balance being obtained between the pressure
gradient force and friction; but after some hours its effect increases
progressively so that the breeze tends to veer towards a truly geostrophic
direction with low pressure on the left (landwards). Air from over the sea
spreads inland for many miles as a breeze of up to 10 to 15 knotsdisplacing
land air which returns seawards above it (Figure 16). Its furthest pene-
tration inland is often marked by a line of horizontal convergence and
vigorous convection (see Section 2.6.3), sometimes termed a ‘sea-breeze’
front. This line of rising air is much favoured by glider pilots seeking to
gain height. The sea-breeze dies away at night when the pressure gradient
is destroyed by rising pressure over the land caused by radiational cooling;
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F1GURE 16. Diagrammatic cross-section through a well-developed sea-breeze
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in extreme examples the gradient may be reversed, giving a feeble land-
breeze. Ravine winds are of a similar type where a large pressure gradient
exists across the ends of a narrow valley. Again the pressure gradient force
is balanced by friction.

(d) When a sloping land surface cools by nocturnal radiation, the cold air
in contact with the ground gently flows downhill and along valley
bottoms as ‘rivers’ of cold air. The shallow breezes set up in this way
are known as katabatic winds; in Britain they seldom exceed 5 knots.
In some favoured hollows the air may stagnate and become exceptionally
cold; these are well known locally as frost hollows. During the day-time
a reverse breeze may be found with air, warmed by contact with the
ground, flowing uphill. This is found more especially in mountain
regions where one side of a valley may be heated much more than the
other. These are anabatic or mountain winds. Along a mountainous
coastline, sea- and land-breezes are combined with katabatic and anabatic
winds.

2.4.3 Some details of surface wind flow

The diurnal variation of the surface wind is largely controlled by diurnal
changes of stability of the turbulent layer near the ground. In stable air, as may
be found during a clear night, mixing is inhibited and the frictional force is
large; but when it is unstable, mixing is extensive and friction is reduced.
Maximum speed therefore occurs in the early afternoon, and the minimum in
the early morning. Correspondingly, the direction is least backed in the afternoon
and most in the early morning.

The wind nearly always shows some gusts. These are caused by:

(a) Turbulence; when they are on a small scale, with extreme gust speeds
approximately in excess by one-third above the mean speed.

(b) Convection; when they are very irregular in size and timing and there
is a marked diurnal variation, as is to be expected, with the strongest
gusts in the afternoon.

Squalls last for several minutes at least and are associated with large con-
vective clouds or fronts—see Sections 7.3.1 and 10.4.2. A gale is just a wind whose
mean speed exceeds 34 knots (see also Section 10.1.3). For hurricanes, see Section
10.4.

As long as all these possible modifications are borne in mind, a chart on which
isobars have been drawn may be used to estimate surface wind velocities in
those areas where direct observations are not available. This is, in fact, one
of the principal reasons why pressure observations are made.

2.5 UPPER WINDS

2.5.1 Measurement

A knowledge of winds at levels well above the ground is of the greatest
importance to aircraft navigation; it is also important to the study of the develop-
ment of depressions and anticyclones. Clearly, they cannot be measured by
anemometers and wind vanes, except perhaps in the first 300 metres above the
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ground where the instruments may then be mounted on a tower. Other methods
must be used; of these, we may mention:

(2) Noting the variation in position of a hydrogen-filled balloon which rises
freely. Its position may be fixed accurately if three quantities are known:
azimuth (bearing from true north), elevation (above horizon) and height,
all measured relative to the point of release. The first two can be found
either optically, by using a theodolite, or by radar, which is obviously
preferable in cloudy weather. The height is found either by knowing
the rate of the balloon’s ascent (obtained by putting a known mass of
hydrogen in the balloon) or by a direct measurement of the distance of
the balloon using radar. By measuring these three quantities, say every
minute, mean winds are obtained for each successive minute-long
interval, that is, for progressively higher layers in the atmosphere. For
a balloon ascending at the rate of 300 metres per minute, mean winds in
300-metre layers may be found until either the balloon bursts or it is
lost. In this way, winds up to 20 or 30 kilometres (say, 60000 to
100 000 feet) are now being measured regularly over large areas of the
world. Quite often, radiosonde balloons are used for this purpose.

(b) Noting the drift of an aircraft from its set course.

(c) Observing the motion of a piece of cloud (which must, of course, be
moving with the wind—not all clouds do this).

(d) Using meteorological satellites (see Appendix B, Section B.2.4).

2.5.2 Upper level charts

Just as we plot values of pressure at mean sealevel (MsL) on a surface chart and
then draw isobars, so we could plot values of pressure at any other level above msL
and draw isobars for that level. The data could be obtained from radiosonde ascents
and such a chart would be a constant-level chart. This type of chart was drawn at
one time but nowadays we work with constant pressure charts. Instead, then, of
plotting pressure at a selected height above MsL and drawing isopleths of pressure
(isobars), we plot values of height above MsL of the selected pressure surface and
draw isopleths of this height (contours). The pressure levels commonly in use are
700, 500, 300, 200 and 100 millibars, corresponding in middle latitudes to heights
of about 3, 5%, 9, 12 and 16 kilometres respectively above MsL.

The height at which a given pressure is found above a particular place may
be calculated from temperature data obtained by a radiosonde ascent made at
that place. The atmosphere between the pressure level and the ground is divided
into a convenient number of layers, each, say, 100 millibars thick, and the depth
of each layer is found by using equation (1), where p is now 100 millibars, 4 is
the depth and p is the mean density of the layer, found from the vertical tem-
perature distribution. By adding the depths of each layer the height of the
pressure level is found. The reason why several layers are taken is that it is more
difficult to calculate a mean density for one deep layer than for each of several
thin layers.

Figure 17 is an example of a contour chart for the 300-millibar level with
contours drawn at 60-metre intervals. Winds measured at 300 millibars have
also been plotted and a now-familiar relationship reappears: the winds blow
parallel to the contour lines with lowest height on the left in the northern
hemisphere, and their speed is directly proportional to the contour gradient.



36 PRESSURE AND WIND

(2 100 200 300 400 500
Scale (km)

FiGure 17. Example of a contour chart for 300 millibars, showing contours at
60-metre intervals

The shaded area represents the axis of a jet stream.

Once again we can define a geostrophic wind but this time using the contour
pattern to calculate it. The terms ‘high’, ‘low’, etc., may still be used when
describing contour patterns but, of course, with reference to height above mean
sea level, not pressure.

A constant-pressure chart thus represents a surface which is not horizontal
but clearly the contours, being lines of constant height are themselves horizontal
and since the geostrophic wind is parallel to the contours, it too is horizontal as it
was defined as being on a constant level chart. Note that a low (or a high) in a
contour pattern will correspond very closely with a low (or a high) in the isobaric
pattern on a constant level chart at approximately the same level. For example,
in Figure 17 the height of the 300-millibar surface above MsL varies between 9180
metres and 8820 metres, i.e. the average height is about 9 kilometres. Had we
drawn the isobars on the 9-kilometre constant level chart, the 300-millibar isobar
would have coincided exactly with the 9000-metre contour. Where we have the low
the 9-kilometre surface would be at its maximum height (9000 — 8820 = 180 m)
above the 300-millibar surface and hence the pressure at 9 kilometres would attain
its greatest depression below 300 millibars, i.e. we should have an isobaric low
corresponding to the contour low.

2.5.3 The jet stream

Aloft, wind speeds are usually much greater than those observed near the
ground. In fact, the wind over Britain usually increases with height up to near
the tropopause, and especially is this true of its component from the west. The
strongest winds may exceed 100 knots, and very occasionally 200 knots, especially
in winter. However, at any given level these strong winds are often confined to
a definite narrow band perhaps 150 to 500 kilometres wide, an example being shown
in Figure 17. They are even more restricted in the vertical being only a few
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kilometres deep. These belts of strong wind are known as jet streams, a term intro-
duced by Rossby in the United States of Americain 1947. They may be a thousand
miles or more in length with the winds blowing along their length. A jet stream
is usually slow moving so that the air blows through it, that is, a jet has one end
as an entrance and the other as an exit. The strongest winds are found just below
the tropopause; both above and below the jet stream and on either side of it
wind speeds rapidly decrease, so that the jet stream may be considered as a
ribbon of strong winds embedded in lighter winds.

More will be said about the jet stream when we come to consider the three-
dimensional structure of a depression in Chapter 10.

2.5.4 The thickness chart

In general, at any given time the patterns of contours for different pressure
levels resemble each other, but there are always some differences. In an extreme
example, a low at 700 millibars may be surmounted by a high at 300 millibars,
with a corresponding difference in the wind patterns at these levels. It follows,
then, that the wind velocity always varies with height above a given place,
sometimes markedly, and it is useful to understand why this should be.

First, we will consider another type of upper-air chart—the thickness chart.
The difference between the heights of two pressure levels at any given place is
known as the thickness of the layer of the atmosphere between those two levels.
Its size increases with the mean temperature of the layer: large thickness, warm
layer; small thickness, cold layer. This can be seen by considering a vertical air
column lying between the two pressure levels and then using a modified form
of equation (1):

p=egt, ... 4)
where p is now the pressure difference between the bottom and top of the
column, p is the mean density and ¢is the height of the column, that is, its thickness.
Rewriting equation (4):

P

==

(24

and, since p is inversely proportional to the mean absolute temperature T, that is,

R
P=7

where k is a constant, then equation (5) becomes

Since p, k and g are constant for a given place and layer, equation (6) shows
that the thickness of a layer is proportional to its mean temperature.

A chart on which values of the thickness of a given layer are plotted is known
as a thickness chart. Lines may be drawn upon it joining places of equal thickness
and they are known as thickness lines (sometimes, relative contours). It is impor-
tant always to remember to which layer in the atmosphere the lines refer; the
usual thickness chart is for the layer 1000 to 500 millibars. Some of the lines on
such a chart will be complete curves enclosing areas of relatively low or high
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values of thickness, thus indicating areas of relatively low or high mean tem-
perature, respectively, of the layer concerned. A centre of low thickness is known
as a cold pool; similarly we have warm pools, cold troughs and warm ridges. A thick-
ness chart shows at a glance where the coldest or warmest air lies in the layer,
and this is one if its major uses. The boundaries of neighbouring masses of air
with markedly different temperatures are also clearly shown, since it is at these
boundaries, the frontal zones, that the thickness lines are closest together.

Now we can see that the contour patterns at two pressure levels will be
different if the mean temperature between the levels varies from place to place.
Consider an area of the 1000-millibar level where there are no contour lines,
that is, where the height of the pressure level is constant. Suppose above one
part of this area the atmosphere is cold up to 500 millibars and above another
part it is warm. In the cold part, the 500-millibar level will be comparatively
low and in the warm part it will be high, so that a contour gradient will exist at
500 millibars. With no contours at 1000 millibars there will be no 1000-millibar
wind, but with the contours existing at 500 millibars there will be a 500-millibar
wind, and this difference depends solely upon the horizontal variations of mean
temperature in the layer between 1000 and 500 millibars.

2.5.5 The thermal wind

It has been stated that the wind velocity changes with height; we describe
this as vertical wind shear. It follows from Section 2.5.4 that the cause of this
vertical wind shear above any given place is the uneven distribution of mean
temperature in the horizontal. The vector difference between the winds at the
top and bottom of any layer is known as the thermal wind of that layer, making
sure that the lower wind is subtracted from the upper. It may be found graphic-
ally}by using a simple construction as in Figure 18(a) where V; and V, represent
the lower and upper wind respectively, and the thermal wind is as shown; note
its direction, from the tip of the ¥, arrow to the tip of the ¥, arrow. Like the
geostrophic wind, the thermal wind is also theoretical; it cannot be measured
but may be calculated from a knowledge of the winds at the top and bottom of
the layer.

If, on a thickness chart for a given layer, we plot thermal winds for the same
layer, we again find a relationship between the winds and the lines drawn. The
thermal wind lies parallel to the thickness lines with lowest thickness (that is,
lowest mean temperature of the layer) to its left in the northern hemisphere,

N Thermal
LOwW
Upper THICKNESS
Vi Thermal P (cold)
wind HIGH
0 10 20 THICKNESS
—_— (warm)
knots
Lower Thickness
lines
(a) Vector diagram for calculating (b) Winds plotted from the
the thermal wind. vector diagram.

Fi1Gure 18. The thermal wind
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and its speed is directly proportional to the thermal gradient, that is, inversely
proportional to the spacing of the thickness lines. This relation gives us one of
the chief uses of thermal winds—helping to draw thickness lines where direct
measurements of the thickness itself are not available. The winds of Figure 18(a)
are plotted in Figure 18(5), and from the above relation we can deduce the orienta-
tion of the thickness lines around the observer—cold air lies to the left, that is,
to the north-east, and warm air to the right, that is, to the south-west.

In Figure 18(b) we see that winds at both the bottom and top of the layer
have components from the direction of the warmer air, so the warmer air must
be moving in such a way that it is replacing the colder air. It is left as an exercise
to show that this is always so if the wind veers with height. As a rule of thumb,
a wind veering with height indicates that warmer air is approaching (warm
advection), and conversely a wind backing with height indicates cold advection.
This rule illustrates another important use of thermal winds and may be employed
by a surface observer who notes the wind velocities at two different levels by
watching the motion of clouds. In Section 10.1.4 we will see how to use the rule
when discussing the patterns of winds above a depression.

2.6 VERTICAL WINDS

2.6.1 Flow over an obstacle

So far, only horizontal winds have been discussed. All natural winds have
some vertical component, however, and we will now consider their origin, magni-
tude and significance. There are three main causes of vertical motion: flow over
an obstacle, convection and convergence. In Section 2.4.1 we studied the effects
of friction on the wind as it flows over rough ground and we saw that it causes
turbulence, which churns up the lowest 500 metres or so of the atmosphere.
The effect of the turbulent eddies is to superimpose small updraughts and down-
draughts on the general wind, and although these vertical currents may some-
times be comparable in magnitude with the horizontal wind, they are quite
localized. An aircraft flying through the turbulent air experiences a succession
of jolts, which rarely prove dangerous.

When the wind blows over a mountain, the atmosphere is displaced upwards
bodily and to an extent which may still be significant at levels many times the
height of the mountain. This orographic ascent may be widespread when air
flows across large mountain ranges. A parcel of air at the crest of its displacement
will be subjected to buoyancy forces tending to restore it to its original level, as
long as the atmosphere is stable. Only in the lee of the mountain is it able to
return, but the downdraught usually overshoots its original level, finally setting
up oscillations in the form of a set of standing waves, or lee waves, downwind
from the mountain (see Figure 19). The greater the stability of the atmosphere,
or the weaker the wind flow, the shorter is the wavelength; the amplitude increases
with the height of the mountain. Lee waves are almost stationary relative to the
mountain, and with strong winds may contain powerful updraughts and down-
draughts which can exceed 20 knots. Glider pilots have found them very useful
for gaining lift but they can be dangerous to powered aircraft if they are en-
countered unexpectedly. Below some of the crests the surface wind may be
reversed, giving a rotor (Figure 19), and on the leeward side of the mountain the
downward-flowing air may give a local strong wind—the helm wind.
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Fi1Gcure 19. Airstream flowing over a hill producing lee waves, a rotor and helm
wind

2.6.2 Convection

If the atmosphere is unstable, bubbles of warm, buoyant air rise spontaneously
with vertical speeds in the order of 2 to 10 knots. In extreme conditions the up-
draughts may exceed 30 knots and can be very dangerous to aircraft. They are
often associated with particular cloud forms which can thus be used to indicate
their presence, and similar localized but powerful downdraughts may occur next to
them.

For further details see Section 5.4.

2.6.3 Convergence

When there is a net inflow of air into a region, we say that the air motion is
convergent or that convergence is occurring; with a net outflow from a region the
air motion is divergent—divergence is occurring. Any marked convergence into a
region would result in an accumulation of air leading to a much greater increase of
density than is ever observed to occur. In fact air motion in the atmosphere is
approximately non-convergent (non-divergent). However, if we consider only the
horizontal motion of the air we do find regions where marked convergence or
divergence is occurring. Very little change in density results because convergence
(divergence) of the horizontal motion is almost exactly balanced by divergence
(convergence) of the vertical motion. Thus convergence of horizontal motion near
the ground is accompanied by upward motion whereas convergence of horizontal
motion in mid troposphere may be accompanied by upward or downward motion
or both and convergence of horizontal motion near the top of the troposphere
usually by downward motion, since the stability of the stratosphere is not favour-
able to any vertical motion. With divergence of the horizontal motion, the sense
of these vertical motions is reversed. In future, when we use the words convergence
or divergence, we shall always understand them to refer to the horizontal com-
ponent of the wind only.

Developing depressions and troughs of low pressure are favourable regions
for convergence in the lower troposphere and divergence aloft, whilst developing
anticyclones and ridges of high pressure are favourable regions for divergence
below and convergence aloft. These ideas lead us to the broad generalization
that developing lows are associated with ascending air and highs with descending
air. The vertical motion produced by convergence and divergence is almost
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always very weak, only a few feet per minute, and unimportant from the point
of view of the aviator; however, its weakness is offset by its persistence. Air
flowing through an area of convergence, which is often very extensive, covering
thousands of square kilometres, may take many hours and during this time it
can ascend or descend several thousand feet. In Section 5.2.1 we shall see that
upward and downward motion, with its accompanying adiabatic expansion and
compression, is responsible for the formation and dispersal of most of our clouds.
Hence, we can understand the commonly held ideas that lows are predominantly

cloudy and highs cloudless. However, there are many exceptions, some of which
will be dealt with in Part IT of this book.

2.6.4 Frontal ascent

In Section 1.6 we saw that a frontal zone is a boundary separating air masses
of different origin (and therefore of different properties, particularly temperature).
Such boundaries, especially when associated with depressions, are often regions
of marked convergence in the lower troposphere with, in general, the warm air
rising above the cold. This frontal ascent is often widespread and persistent,
and is usually accompanied by correspondingly large areas of cloud and precipita-
tion.

For further details see Section 9.6.
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CHAPTER 3

WATER IN THE ATMOSPHERE

3.1 SOME PHYSICAL PROPERTIES OF WATER

3.1.1 Phase changes

Like most substances, water exists in three phases, or states of matter—solid,
liquid and vapour. The first two, ice and water, are well known but the signi-
ficance of the third, water vapour, can be easily overlooked because of its colourless
and transparent nature. However, water vapour is an important constituent of the
atmosphere, and although it is present in small quantities only—Iless than 4 per
cent by weight—without it we would have no clouds or rain, temperature ranges
would be more extreme and, in general, meteorology would be far less interesting.
It is useful, therefore, to know a little of those properties of water which are of
importance in understanding the physical processes taking place in the atmosphere.

The three phases of a substance can be changed reversibly into each other,
and since all of the six possible transformations are of interest to us, we must
distinguish carefully between them.

Initial phase Final phase Name of phase change
Solid Liquid Melting, or fusion
Liquid Solid Freezing, or crystallization
Liquid Vapour Evaporation
Vapour Liquid Condensation
Solid Vapour Sublimation
Vapour Solid Deposition

Consider these changes applied to water. Under ordinary conditions ice
melts at a certain fixed temperature, 0 °C, known as its melting-point. Below 0 °C
ice is the stable phase, and above 0 °C water is the stable phase. Although it seems
that for practical purposes ice cannot exist at temperatures above 0 °C, nevertheless
water can exist in the liquid phase at temperatures below 0 °C, even as low as
—40 °C. In such a state it is said to be supercooled. Supercooled water is a metastable
phase, that is, although it is stable it is not the most stable phase for temperatures
below 0 °C, and it has a great tendency to change into ice. Thus, when water is
cooled, it need not freeze at 0 °C, and so the freezing-point of water is not fixed but
its maximum value is 0 °C of course. The frequent occurrence of supercooled
water in the atmosphere makes it very important and it will be considered further
in Section 3.4.1. Supercooled water cannot exist in contact with ice, so that when
the two are brought together the water freezes. However, there is evidence to
support the idea that an ice surface has a structure resembling that of water even
at temperatures well below 0 °C—see also Section 6.2.5.

Phase changes involving water vapour (evaporation, condensation, sublima-
tion and deposition) can occur at temperatures up to a certain maximum, known
as the botling-point. Below this temperature water vapour can exist in contact
with liquid water (or ice, if below 0 °C), but above the boiling-point only the

42
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vapour is the stable phase; water whose temperature is higher than the boiling-
point is said to be superheated, but in meteorology this condition is of little interest.

The numerical values of both the melting-point of ice and the boiling-point
of water depend upon the pressure exerted upon their surfaces. For ordinary
conditions, when this pressure is exerted by the atmosphere, ice melts at 0 °C
and water boils at 100 °C. An increase of pressure decreases the melting-point
but the effect is small because an increase to 132 atmospheres is needed to reduce
the melting-point to —1 °C. This property of ice is employed when one makes
snowballs by compressing freshly fallen snow, and it is also illustrated by the
formation of a crust of snow on the soles of one’s shoes when walking on fresh
snow. In both examples, compression results in localized melting of the ends of
pointed ice crystals in the snow where intense pressures are set up on contact.
When the pressure is removed, the resultant water freezes and rigidly joins the
neighbouring crystals. If the snow is originally very cold, the binding produced
by compression is small because the melting-point cannot be lowered below the
existing temperature.

The change of boiling-point with pressure will be discussed in Section 3.1.4.

3.1.2 Latent heat

Heat is absorbed when a substance melts or evaporates, even though the
temperature remains constant. This heat which is absorbed at constant tem-
peratureis known as latent heat. The amount of heat needed to melt 1 kilogram of a
substance at constant temperature is known as the latent heat of fusion—for ice
at 0 °C it is 334 x 103 J. Similarly the latent heat of vaporization is the amount
of heat needed to evaporate 1 kilogram of a substance also at constant tempera-
ture—for water it is 2406 x 10° J at 40 °C but 2501 x 10 J at 0 °C. The
latent heat of sublimation of ice is 2834 x 10 J kg™ at 0 °C. When a phase change
is reversed the latent heat is released again.

If there is no external source of heat when evaporation takes place, the latent
heat of vaporization must be supplied from the kinetic energy of the molecules
within the liquid. A physical picture of this process may be seen by considering
evaporation as the removal of the fastest-moving molecules from the liquid’s
surface—a removal of those molecules which can best escape from the attraction
of their neighbours by virtue of their greater kinetic energy. After their escape,
these fast molecules leave behind a liquid containing molecules whose mean
speed, and therefore kinetic energy, is less than it was before evaporation occurred.
Since the temperature of a substance increases with the kinetic energy of its
constituent molecules, evaporation, because it is accompanied by a decrease
in the kinetic energy of the liquid’s molecules, must cause a fall in the tem-
perature of the liquid. Therefore, evaporation results in cooling; conversely,
condensation results in heating—similarly for sublimation and deposition.

The need for latent heat arises from the overall rearrangement of the mole-
cules of the substance when a phase change occurs. In the solid phase the positions
of the molecules are fairly fixed relative to each other, but in the liquid they are
more mobile and their movements are partly independent. This mobility is
brought about by breaking some of the inter-molecular bonds in the solid,
and since this breakage requires work, some energy is used up in the form of
heat. In the vapour the molecular spacing is relatively large, so that the increased
separation accompanying evaporation or sublimation requires even more work
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to break the bonds originally present. Hence, the latent heat of vaporization is
greater than the latent heat of fusion. The value of the latent heat of vaporization
decreases as the temperature increases, because at higher temperatures the inter-
molecular spacing in the liquid is greater and the phase change can occur more
easily.

3.1.3 Density

The density of a solid or liquid usually decreases as the temperature increases
because the inter-molecular spacing gradually increases with the temperature.
Ice is normal in this respect: its density is 923 kg m~3 at — 40 °C and 917 kg m™3
at 0 °C.

At the melting-point the density of the liquid phase is usually less than that
of the solid because fusion is accompanied by the breakage of bonds in the solid,
thus causing a sudden increase in the spacing of the molecules. Water is anomalous
in this respect since the density of water at 0 °C is greater than that of ice, being
999-84 kg m~3. This is because the structure of ice contains ‘holes’, some of which
become filled by mobile molecules on fusion. Water is also anomalous in that it
has a maximum density at 4 °C (strictly, 3-98 °C) of 999-97 kg m~3. This peculiar
change of densny with temperature may be put down to two conﬁlctmg factors:
an increase in the proportion of ‘holes’ filled as the water temperature mcreases,
that is, as more molecules become sufficiently mobile to fill them; and an increase
in inter-molecular separation with temperature. The former tends to increase
the density whilst the latter decreases it. From 0 °C to 4 °C the former is dominant;
above 4 °C the latter is dominant.

3.1.4 Vapour pressure

Water vapour is always present in the air. Near the ground, it contributes
a partial pressure (see Section 2.1.1) of about 5 to 30 millibars. The fact that
water vapour does exert a pressure can be demonstrated easily by putting a drop
of water in the vacuum of a simple mercury barometer—as the water evaporates the
level of the mercury falls. After complete evaporation of the drop, the level
becomes steady and the fall measures the vapour pressure, e, of the water vapour in
the space above the mercury which is now no longer a vacuum. The atmospheric
pressure on the cistern now balances this vapour pressure in addition to the
weight of unit cross-section of the mercury column. If more drops are added the
mercury level falls further, but not indefinitely. In time a drop will persist, only
partially evaporated, and the vapour pressure will then have reached a maximum
known as the saturated vapour pressure, e, The vapour in the space above the
mercury is now said to be saturated whereas before it was unsaturated. In general,
if e is less than e, a vapour is unsaturated and if e equals e, it is saturated. In theory,
it is possible to have e greater than ¢, when the vapour is said to be supersaturated,
but in the atmosphere this occurs only under certain special conditions. Super-
saturation of a vapour is impossible if it is in contact with a free surface of its own
liquid because, when the two are brought together, the excess vapour condenses
until it becomes just saturated. Hence, in defining e, the presence of such asurface
should be indicated. Also, because of this, we can speak of the saturated vapour
pressure of the liguid, meaning the maximum pressure of the vapour in the
presence of the liquid. It follows from Dalton’s Law (Section 2.1.1) that the
value of eis independent of whether the water vapour is mixed with other atmos-
pheric gases or not, so we can speak of the air being saturated with the vapour but
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at the same time meaning it is the water vapour which is saturated. It is quite
common to hear references to the degree of saturation of the air rather than its
constituent water vapour.

The numerical value of the saturated vapour pressure of a substance increases
with the temperature, because the greater molecular separations and speeds in a
liquid at higher temperatures allow the fastest molecules a greater chance to
escape. Figure 20 shows the variation of e, with temperature in the form of a graph
known as an e,~T diagram; curve PW is the part of the diagram which refers to
water. At 100 °C, ¢; has a value equal to the normal atmospheric pressure and
at this temperature boiling occurs. Boiling is a special type of evaporation where
the phase change from liquid to vapour takes place within the liquid and not at
its surface. Bubbles of vapour can form inside the liquid only when their pressure
just exceeds the pressure exerted by the atmosphere on the liquid. When the
atmospheric pressure is less than normal, boiling will occur at a lower temper-
ature; thus, at the centre of a depression with a pressure of, say, 950 millibars, it
boils at about 98-5 °C, and at the top of a 1000-metre high mountain where the
pressure is about 900 millibars, it boils at about 97 °C. Values of ¢, correspond-
ing to ordinary temperatures are: at 0 °C, 6-1 millibars, at 10 °C, 12-3 millibars
and at 20 °C, 23-4 millibars.

Atmospheric
pressure
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Fi1GURE 20. Graphshowing the variation with temperature of the saturated vapour
pressure over flat surfaces of pure water and ice

Values of ¢, at different temperatures have also been measured for supercooled
water, and its e~T curve is found to be continuous with the curve for normal
water—shown in Figure 20 as the broken curve PS.

The pressures of saturated water vapour over an ice surface have also been
measured. The e~T curve for ice, PI in Figure 20, meets the curve for water at
0 °C at point P, but elsewhere PI lies below PS. Thus, at any given temperature
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below 0 °C, the value of e, over ice is less than the corresponding value of ¢;
over supercooled water, and the values of this difference are shown in Table I;
it reaches a maximum at about —12 °C.

TABLE 1. Variations with temperature of saturated vapour pressure
and relative humidity

Temperature (°C)
0 -2 -4 -6 -8 -—-10 -—-12 -14 -16 -—-18 -20

Millibars
e, over supercooled water 6-11 5-27 4-55 391 3-35 2-86 244 2-08 176 1-49 1-25
e over ice 6-11 517 437 369 310 260 2-17 1-81 1-51 1-25 1-03
Difference 0-00 0-10 0-18 022 025 026 0-27 027 025 024 022
Per cent

Relative humidity w.r.t.

ice when relative

humidity w.r.t. water

is 100 per cent 100 102 104 106 108 110 112 115 117 119 121
Relative humidity w.r.t.

water when relative

humidity w.r.t. ice is

100 per cent 100 98 96 94 93 91 89 87 86 84 82

The vapour pressure and temperature of any sample of water vapour (or of
air containing the water vapour) is represented by a point lying on Figure 20, and
this point can be used to determine the degree of saturation of the sample. Consider,
for example, point 1 which represents a sample with e=¢’ and T=T". At T,
e, = e/, and from the diagram it is seen that ¢’ is less than ¢, hence the vapour
sample is unsaturated with respect to water. By a similar argument it can be seen
that all points lying below curve PW represent vapour samples which are un-
saturated. Also, all points lying above the curve PW represent vapour samples
which are supersaturated, whilst points which lie exactly on PW represent just
saturated conditions. Summarizing, the degree of saturation of a sample with
respect to a given phase is determined by the position of its corresponding point
on the e~T diagram in relation to the curve representing that phase: below, it is
unsaturated ; above, it is supersaturated.

The area shaded in Figure 20 is particularly interesting. A point lying in it
represents a vapour sample which is supersaturated with respect to ice, but
unsaturated with respect to supercooled water. If two surfaces, one of water and
one of ice, were in contact with such a sample and all were at the same tem-
perature, then the water would evaporate but the ice would grow by deposition
of the vapour. Such a situation is found quite frequently in the atmosphere
where clouds occur at temperatures below 0 °C, and it will be considered again
in Sections 3.4.2 and 6.2.2.

3.1.5 Some modified properties

So far, we have studied the properties of water which is pure and in bulk.
In the atmosphere water is often impure to some extent, with foreign substances
dissolved in it; also, it is usually in the form of minute droplets or crystals.
Both of these facts alter the properties of water to some extent.

Consider first the effects of a solute. Substances dissolved in water, such as
salt, lower its saturated vapour pressure even when the temperature remains
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the same, and the extent of this lowering depends upon the concentration of the
solute. Hence, the e~T curve for a salt solution lies below the curve for pure
water, and the more concentrated the solution is the farther below the original
does its curve lie. We can also see that a vapour sample which is saturated with
respect to a salt-water surface will be unsaturated with respect to a pure-water
surface, so a salt-water drop can persist without evaporation in an atmosphere
which is somewhat unsaturated with respect to pure water.

Sea water contains about 35 parts of solute per 1000 parts of water, most of
the solute being salt. It freezes at a lower temperature than fresh water (assuming
no super cooling)—about —1.8 °C—and when it freezes pure ice crystallizes out.
Also, the density of sea water is greater than that of fresh water (for example, at
0 °C it is about 1028 kg m~3) so that when icebergs melt the resulting fresh water
(icebergs form from land ice) floats on the surface of the sea, even though it may
be colder than the sea beneath it. Sea water does not have a maximum density as
does pure water.

When liquid water is present as a very small drop, its fastest molecules have
a greater chance of leaving its highly curved surface than they have when the
surface is flat; the smaller the drop, the greater the chance. Thus, at a given
temperature a small drop has a larger value of ¢, than a plane surface or, in
other words, a small drop will persist without evaporation only if the surrounding
vapour is supersaturated with respect to a plane surface. The smaller the drop,
the greater the necessary degree of supersaturation. For drops with a radius
greater than a few micrometres the effect is unimportant, but for smaller drops
(for example, those which have just formed or those which are about to evaporate
completely) the effect is an important factor in controlling a drop’s size.

3.2 WATER VAPOUR IN THE ATMOSPHERE

3.2.1 Humidity

A measure of the amount of water vapour present in the air is known as
the humidity. There are several ways of expressing it, one of which we have
already met, namely, the vapour pressure. Four others are of importance.

() Dew-point temperature, defined as the temperature at which the air would
become saturated if cooled at constant pressure. Figure 20 shows that for
a given vapour pressure there is only one temperature at which the air
will be just saturated, since the saturated vapour pressure is uniquely
determined by the temperature. Hence, the dew-point temperature
(commonly referred to as simply ‘dew-point’) is uniquely determined by
the vapour pressure, and all samples of air having the same vapour
pressure also have the same dew-point. If the air temperature of a sample
is higher than its dew-point, the air is unsaturated; the closer are the two
temperatures, the nearer is the air to saturation. If the air is cooled below
its dew-point it tends to become supersaturated but, in practice, the water
vapour in excess of that required for saturation condenses out. The
dew-point of an air sample is independent of its temperature as long as it

“remains unsaturated, and the only way to alter the dew-point is to change
its vapour pressure by evaporation or condensation. With air which be-
comes saturated only when cooled below 0 °C we have two possibilities:
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it can become saturated with respect to either ice or supercooled water.
The temperature at which air becomes saturated with respect to ice if
cooled at constant pressure is known as the frost-point. Cooled to its frost-
point, air is still unsaturated with respect to supercooled water (see Table I)
and hence its dew-point has a value below that of the frost-point. The
lower the frost-point, the greater the difference between them.

Humidity mixing ratio, r, of moist air defined as the ratio of the mass of
water vapour to the mass of dry air with which the vapour is associated.
Since this ratio is small, 7 is usually expressed in g kg™!. Common values
are in the order of 5 to 30 g kg™!. For each temperature there is a corre-
sponding saturated humidity mixing ratio.

Relative humidity, defined as the ratio e/e,, where e, is the saturated value
at the air temperature. To a close approximation the corresponding ratio
r[ry of the humidity mixing ratios may be used. We may write:

measured value of e

relative humidity = -
e, at the air temperature

and, since the measured value of e is the same as the saturated value at
the dew-point, then
value of ¢, at dew-point

relative humidity = - .
value of ¢, at air temperature

The relative humidity is usually expressed as a percentage. When the
air is unsaturated, e is less than ¢, and therefore the relative humidity
is less than 100 per cent; for saturated air the relative humidity is 100 per
cent. Unlike the dew-point, the relative humidity depends not only upon
the vapour pressure but also upon the temperature.

Wet-bulb temperature, defined as the lowest temperature to which an air
sample can be cooled at constant pressure by evaporating water into it.
If the air is originally saturated, evaporation cannot occur and there is
no cooling. The wet-bulb temperature of saturated air is thus the same
as the air temperature and, of course, the same as the dew-point. If the
air is originally unsaturated, cooling will result from the evaporation
and the wet-bulb temperature will be below the air temperature. When
the air has been cooled to its wet-bulb temperature it will be saturated
but its vapour pressure will be greater than originally, so the dew-point
of the original air must be below its wet-bulb temperature. The relation
between the three temperatures is thus always:

air > wet bulb > dew-point (unless all happen to be equal).

The difference ‘air temperature minus wet-bulb temperature’ is known
as the wet-bulb depression; the larger its value the drier the air.

3.2.2 Measurement of humidity

The idea of wet-bulb temperature has arisen from the use of instruments
known as psychrometers for measuring the humidity of the air. A psychrometer
consists simply of two thermometers, one of which has its bulb permanently
moist—the wet bulb. When air blows across the instrument; the wet-bulb thermo-
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meter reads lower than the dry bulb, and the depression gives a measure of the
humidity, from which e can be calculated by using Regnault’s equation:

e, —e=Ap(T—-T)
where the symbols have the following meanings:

e = vapour pressure to be determined

e’ = saturated vapour pressure at temperature, T”
p = pressure

T = dry-bulb temperature

T’ = wet-bulb temperature

A = a constant.

On a given occasion, all the quantities in the equation are either known or can
be measured, except e, which can thus be calculated. Having found e and knowing
T, the remaining humidity variables (dew-point, humidity mixing ratio and
relative humidity) can be calculated too.

The wet-bulb temperature is a steady temperature under a given set of con-
ditions, which implies that there is no net loss of heat by the bulb. Since its
temperature is below that of the air impinging upon it, heat must be flowing
into the bulb by conduction, but its temperature remains steady because this
flow is just balanced by the rate at which latent heat is used up while evaporation
continues. Our own skins to some extent act like wet-bulb thermometers. Water
on the skin’s surface evaporates into the surrounding air, thus adding to the
cooling already brought about by contact with the air. The effect is clearly most
important on a windy day, which thus feels colder than a calm day even though
the air temperature is the same. Since evaporation is slowest when the air already
has a high relative humidity, we feel uncomfortable on a warm day with a high
relative humidity, especially if the wind is light too, and we say the weather is
‘muggy’. The effect of evaporation also explains why hot, dry, desert air is more
comfortable than the relatively cooler but moist air of equatorial regions. In hot,
dry climates, drinking water may be kept cool by storing it in a porous pot so that
some of it is always slowly evaporating from the pot’s outer surface.

Assmann has found that the constant, 4, in Regnault’s equation decreases
as the speed of the draught over the wet-bulb thermometer increases so that,
for a given humidity, the wet-bulb depression increases with the draught speed.
However, this effect is important only with speeds below about seven knots;
increasing the draught beyond this value has little further effect. The wet-bulb
depression read from thermometers kept in a standard screen depends upon a
draught speed of two to four knots maintained by the design of the screen. As
long as the wind speed outside the screen at least equals this, the readings are
reliable; if the wind is too light, the depression is too small and the calculated
humidity is too large. An instrument which uses a forced draught of at least
seven knots over the wet bulb is known as an aspirated psychrometer, and the
corresponding temperature is the aspirated wet-bulb temperature.

When evaporation takes place from an ice film on the wet bulb, the resulting
steady temperature is known as the ice-bulb temperature. If the water on the
wet bulb remains supercooled when its temperature falls below 0 °C, then the
reading will be lower than it would have been if the water had frozen and the
thermometer had acted as an ice bulb. This is because supercooled water evap-
orates more readily than ice at the same temperatures—its saturated vapour
pressure is always greater as we saw in Figure 20 and Table I.
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In winter, the air is sometimes unsaturated with respect to supercooled
water but supersaturated with respect to ice. A (supercooled) wet bulb would
then read lower than the dry bulb in the normal way, but an ice bulb would read
higher than the dry bulb because latent heat is liberated as water vapour is
deposited on to it. The wet bulb can never be higher than the dry bulb but the
ice bulb can be higher when these rather special conditions prevail.

Again in winter, on a day when the dry-bulb temperature is rising rapidly,
an ice bulb will take a finite time to thaw, perhaps 15 minutes, and during this
period it will record a constant temperature of 0 °C. This is, of course, a false
reading; it is too low and will give a correspondingly low relative humidity.

Dew-point and vapour pressure show only slight diurnal variations but
marked seasonal changes. Approximate values for Britain are: winter, 2 to 7 °C
and 7 to 10 millibars; summer, 13 to 18 °C and 15 to 20 millibars. With clear
skies the relative humidity shows a much more marked diurnal variation, with
a minimum in the afternoon corresponding to the temperature maximum, and a
maximum just after dawn. A normal diurnal range might be from 60 to 95 per
cent. A relative humidity below 40 per cent is unusual, even in summer; only on
very rare occasions has it fallen below 10 per cent in Britain.

Just as the temperature normally decreases with height so does the dew-point.
A fall of dew-point with height is known as a positive hydrolapse. There is no
limit to the size of the hydrolapse in the free atmosphere—a contrast to the
maximum value of the environment lapse rate which cannot exceed the dry
adiabatic lapse rate. (However, see Section 1.5.1.) On some days the hydrolapse
may be very steep, even exceeding 50 °C km™! in shallow layers. The relative
humidity in the free atmosphere shows greater fluctuations than at the surface;
values below 10 per cent are not infrequent in the middle troposphere and in
the stratosphere.

When a parcel of air rises through the atmosphere, not only does its tem-
perature fall but so does its dew-point, even whilst the parcel remains un-
saturated. This is because the decrease of pressure which the parcel suffers as
it rises affects in proportion the partial pressures of each constituent; hence the
vapour pressure falls as the parcel rises, and since the dew-point is determined
uniquely by the vapour pressure, it too must fall. The adiabatic hydrolapse for
unsaturated air is 1-7 °C km™1. It explains the need for specifying the condition
of ‘cooling at constant pressure’ when defining the dew-point.

An instrument for measuring humidity is known as a Aygrometer. A psychro-
meter is one type of hygrometer; the principles of some others in common use
are:

(a) Electrical absorption type. The electrical resistance of a solution of a
very soluble salt, such as lithium chloride, increases with the relative
humidity, because as the humidity increases the solution becomes more
dilute since water vapour can condense from the air on to a solution’s
surface even when the air is not saturated (see Section 3.1.5; also 3.3.2).

(b) Condensation type. A polished surface is cooled until condensation occurs—
shown by the surface becoming dull. The temperature at which this
takes place is the dew-point (or frost-point) which can therefore be
measured directly. Brewer has developed a frost-point hygrometer to
measure down to —80 °C for use by aircraft flying in the stratosphere.
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(c) Those measuring relative humidity. Some substances increase in length
as the relative humidity increases, examples being human hair and
gold-beater’s skin. The relative humidity is always with respect to
water, even when the temperature is below 0 °C. These substances may
also be used in radiosondes for measuring humidity in the upper atmos-
phere.

3.3 LIQUID WATER IN THE ATMOSPHERE

3.3.1 Condensation processes

When moist air is cooled sufficiently it becomes saturated. Further cooling
tends to give supersaturation, but in practice the excess water vapour usually
condenses, and it is in only special circumstances that the air remains super-
saturated. The greater the degree of cooling, the greater is the amount of water
vapour that condenses. This water may appear either on the ground as dew or
hoar frost, or as a suspension of minute drops or crystals in the air—a fog or
cloud.

There are three ways of cooling air to bring about condensation:

(a) Adiabatic expansion, when air rises to levels with progressively lower
pressures. The rate of cooling equals the dry adiabatic lapse rate whilst
the rising air is still unsaturated, but equals the saturated adiabatic
lapse rate after saturation when, very roughly, one gram of water vapour
condenses from each cubic metre of air for every kilometre of ascent.
When the cork of a lemonade bottle is suddenly removed a temporary
cloud formed by adiabatic expansion may be seen.

(b) Contact with a cold object whose temperature is below the dew-point of
the air. This applies particularly to the ground which may be relatively
cold either because it has lost heat by nocturnal long-wave radiation,
or because warmer air is blowing over it after a cold spell. Everyday
examples of this process are: walls becoming damp, or even running
with water, when warm and moist air floods the country after cold
weather, and also the ‘steaming’ of the insides of windows in winter,
and of spectacles when entering a warm room.

(c) Mixing of two nearly saturated parcels of air having markedly different
temperatures. Points 1 and 2 in Figure 20 represent two such parcels. If
equal masses of each are thoroughly mixed the result would be repre-
sented by point 3 halfway between them, but since this represents a
supersaturated state, the excess vapour condenses so that the vapour
pressure of the mixture falls a little and its temperature rises (latent heat
is released). The final result is represented by point 4. It can be seen
that the amount of water condensed increases with the value of the
temperature difference of the two original air parcels but, even so, the
amount is always small compared with the vapour remaining uncon-
densed. If the original air samples are more unsaturated, condensation
may not occur (contrast the visible condensation in one’s breath on a
cold day with its absence on a warm, dry day).

Of these processes, the first is the most important in the formation of clouds,
and the second in the formation of fog, dew and hoar frost. The third process
is normally found only along with the other two.
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3.3.2 Condensation nucle:

Water vapour will not condense from perfectly clean air unless either it
becomes very greatly supersaturated (relative humidities of several hundred per
cent) or a free surface of water or ice is in contact with it. Now such high degrees
of supersaturation are never found in the atmosphere and also, when conden-
sation first occurs, free surfaces of water or ice are absent. Nevertheless, con-
densation is common, showing that it is still possible without these conditions,
so we must conclude that it is the impurities in the air which promote conden-
sation—specks of them act as centres upon which the condensation can start.
These centres are known as condensation nuclei and their presence is essential to
the initiation of condensation.

We can understand why this should be by considering what happens to the
first few molecules of water vapour combining to form a new droplet.* The
droplet is so minute that its extreme curvature requires a very high degree of
supersaturation to allow it to persist (Section 3.1.5) and, in fact, the super-
saturation is prohibitively high. If a solute is present in the water, however, the
droplet can persist in an unsaturated atmosphere. These two effects conflict, so
that minute droplets can form on soluble nuclei in the atmosphere even when it
is unsaturated. As the droplet grows, becoming more dilute and less curved,
the degree of unsaturation which it can tolerate without evaporation becomes
smaller—for most droplets with radii greater than 5 pm a relative humidity of
about 100 per cent is necessary for persistence (see, however, ‘smog’ in Section
4.4.1).

In recent years there has been much research into the nature and concen-
tration of these nuclei, especially by Junge in Germany and by Twomey and
Woodcock in the United States of America. It has been found convenient to divide
the nuclei into three categories:

(a) Aitken nuclei with radii between 5 x 103 and 2 x 10~* pm.
(b) Large nuclei with radii between 0-2 and 1 pm.
(c) Giant nuclei with radii greater than 1 pm.

Concentrations of Aitken nuclei vary greatly from as low as 10° per cubic metre
over the oceans and over mountains up to 10!2 per cubic metre near large industrial
areas. Although the nuclei may be present in large numbers, mass concentrations
are rarely as large as 10 p.g per cubic metre and it is almost impossible to analyse
their composition. By considering possible sources it seems most likely that they
consist of combustion products such as ammonium sulphate and sulphuric acid.
They are of little significance in the production of cloud droplets.

For large nuclei concentrations are usually in the range 109-10° per cubic
metre, and for giant nuclei of the order of 10° per cubic metre. The composition of
these nuclei is rather varied: the principal constituents in many cases are com-
bustion products and soil particles (dust) with, particularly for giant nuclei, the
addition of hygroscopic salts. Sea salt nuclei are formed over the oceans and their
rate of formation varies with the wind speed.

The sizes and concentrations of these nuclei in the air control the sizes and
concentrations of the droplets forming on them, and these in turn influence such

* The small drops present in clouds and fog, having radii less than 100 um, are con-
veniently called ‘droplets’ to distinguish them from *drops’ of larger radii.
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factors as the visibility (see Section 4.1) and the formation of precipitation (see
Section 6.2.4). The small sizes of condensation nuclei would perhaps seem to
make their identification a difficult task, but several interesting methods have
been devised to do this. They include:

(a) Capturing the particles on fine threads (for example, spiders’ webs) and
examining them under a microscope, either optical or electron.

(b) Passing air containing the nuclei through a flame photometer, an instru-
ment which enables the chemical composition of the particles to be
found by examination of the characteristic wavelengths of the radiation
emitted by them when heated to a high temperature.

(c) Capturing the particles on a chemically sensitive plate, each particle
giving a permanent, coloured spot.

(d) Scattering from a volume containing many droplets or from a single
particle.

3.4 ICE IN THE ATMOSPHERE

3.4.1 The freezing of water

Ice can form in two ways, either by the freezing of water or by the deposition
of water vapour on to an already existing ice surface. Both occur in the atmo-
sphere, and it is necessary to study them before we can understand such pheno-
mena as the growth of precipitation.

In Section 3.1.1 we noted that water may be cooled below 0 °C without
freezing, so it is of interest to see how this is possible. The explanation is similar
to the one used for the initial condensation of water vapour to form a minute
droplet (Section 3.3.2), namely, unless certain freezing nuclei are present, pure
water will not freeze unless either it is greatly supercooled (to below the ‘Schaefer
point’—usually about —40 °C) or it comes into contact with an ice surface. In
the absence of these nuclei or an already existing ice surface, freezing com-
mences by the combination of a few water molecules to give an embryo ice
particle whose extreme surface curvature allows its molecules to escape into the
surrounding liquid more easily than from a plane ice surface. Consequently,
until the temperature has fallen well below 0 °C, these particles are very short-
lived. Below about —40 °C they can persist and water freezes spontaneously. The
temperature is known as the ‘Schaefer point’. It is to be expected that the chances
of forming an embryo ice particle in some supercooled water increases with the
volume of the water, hence larger drops are more likely to freeze spontaneously at
higher temperatures. For most cloud droplets with radii between 1 and 100 pm the
‘Schaefer point’ is in the range —41 to —36 °C.

The presence of freezing nuclei induces supercooled water to freeze at
temperatures above the ‘Schaefer point’. Natural nuclei found in snow crystals
have been identified as particles of certain clay minerals and other insoluble
materials. By adding particles of these substances to artificial supercooled clouds
it has been found that each substance has a ‘threshold temperature’ below
which it is active in inducing freezing. For the most efficient nuclei this tem-
perature is about —10 to —15 °C, so that water droplets in natural clouds are
unlikely to freeze until cooled below about —10 °C. As the temperature decreases,
so more nuclei become effective and the proportion of droplets which freeze
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increases. Many investigations of freezing nuclei have been made, for example,
by Mason in Britain, Itoo, Kumai and Isono in Japan, and Schaefer and Hosler
in the United States of America. There is still doubt as to how these nuclei
cause freezing, but an essential property of a nucleus seems to be a capacity for
adsorption of water molecules on its surface in such a way that the structure of
the resulting film resembles that of ice. Once they have been involved in ice-
crystal formation some ice nuclei become active at a higher temperature than
initially and at humidities only slightly above saturation with respect to ice.
This pre-activation may be destroyed by exposing the nuclei to air subsaturated
with respect to ice or to temperatures above about —5 °C.

When water droplets freeze they largely retain their spherical shape. When
bulk water freezes, crystals are formed having flat faces which are oriented at
certain fixed, characteristic angles.

3.4.2 Deposition of water vapour

Crystals of ice formed by the freezing of bulk water have faces which are
usually poorly developed; the best ice crystals appear when water vapour is
deposited directly on to an ice surface. It has been found that for the initial
formation of ice when moist air is cooled, saturation with respect to water must
be reached (or at least approached) and not just saturation with respect to ice.
This shows that condensation probably first takes the form of water droplets
which later freeze.

Under conditions found in the atmosphere the normal form of an ice crystal
is the regular hexagonal prism (Figure 21(a)) which may appear either flattened as
a plate, because of growth parallel to the basal plane (Figure 21(b)), or elongated
as a needle, because of growth parallel to the major axis (Figure 21(c)); intermediate
forms are known as columns. Branching plates are common—both stellar, with
six simple branches (Figure 21(d)), and dendritic, with six complex branches
(Figure 21(e)). Only rarely are crystals perfectly symmetrical although the degree
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F1GURE 21. Some common forms of ice crystals shown diagrammatically

(a) Hexagonal prism. (b) Hexagonal plate. (c) Hexagonal needle. (d) Stellar crystal.
(e) Dendritic crystal.
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of symmetry is sometimes very large; most show hollows on their faces, and air
bubbles inside. Combinations of the basic types are common, especially plates
with branches at their corners, stellar crystals with plates at their tips, and
columns with a plate at one or both ends (capped columns). Examples from
this enormous variety of crystal shapes may be seen in snowflakes which are
essentially loose aggregates of crystals. These crystals make a fascinating study,
but their small size—usually 1 to 5 millimetres diameter—makes the use of a
hand-lens an advantage.

Each crystal shape develops under certain special conditions present whilst
it is growing, thus:

(a) Temperature controls the direction of growth. In the ranges 0 to —3 °C
and —8 to —25 °C plates form; in the range —3 to —8 °C and below —25 °C
needles and prisms form.

(b) Supersaturation with respect to ice controls the branching and detail.
Growth at about ice saturation is slow and gives unbranched crystals
with few imperfections, whereas growth at high ice supersaturation is
rapid and gives skelton-like crystals with many hollows, and is also
favourable to growth of branches—the best dendritic crystals grow in a
supercooled water droplet cloud at about —12 to —16 °C, which has a
large degree of supersaturation with respect to ice (Table I).

Crystals composed of several basic types show evidence of growth under
changing conditions as may occur, for example, when they fall through layers
of the atmosphere with differing temperatures and humidities, and such crystals
have been grown artificially in the laboratory. Nakaya in Japan and Mason in
Britain are among those who have investigated the problem.

Sharp edges and corners of crystals have higher saturation vapour pressures
than flat faces (compare curved droplets with flat surfaces) so that on keeping, ice
crystals slowly tend to lose their shape, becoming roughly spherical. This may be
seen in old lying snow where the finest crystals have evaporated and the texture has
become much coarser.

An interesting property of ice is its increase in hardness at low temperatures.
At about —40 °C it is as hard as iron, so it is not surprising that sharp, wind-
driven crystals in the Antarctic can be very painful when they collide with the
skin.

3.5 CONDENSATION NEAR THE GROUND

3.5.1 Dew

In Section 1.5 we saw that, on a clear night, the ground temperature falls
because of its continuous loss of heat by long-wave radiation. The air in contact
with it is chilled, and when the temperature falls below the dew-point of the
air, dew is deposited.

Not all parts of the ground cool at the same rate; for example, bare soil cools
more slowly than vegetation because upward flow of heat within the soil by
conduction from lower layers partly offsets the cooling by radiation, whereas
vegetation may be considered as being thermally insulated from the ground by
a ‘blanket’ of poorly conducting air among its leaves and so it cools more rapidly.
At the same time the shielding effect of the vegetation prevents much loss of
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long-wave radiation directly from the soil beneath it, so that the ground tem-
perature remains several degrees Celsius higher than that at the top of the
canopy of vegetation above it. This shows us why dew forms preferably on
vegetation rather than on bare soil and, further, on the tops of the plants rather
than lower down.

This theory of dew formation by condensation from the air was put forward
by Wells in 1818. Later work by Monteith and by Long has added to our under-
standing of the process. Consider a grass surface. When the temperature of the
leaves falls below the dew-point of the air next to them, water vapour condenses
on the the numerous nuclei on their surfaces. While the temperature continues to
fall, the dew deposit increases. There are two sources for this water vapour: the
air above, and the ground, from which evaporation continues as long as its tem-
perature remains above the dew-point of the air (which it usually does throughout
the night). If the wind remains light, below about 1 knot at a height of 2 metres,
the transfer of water vapour downwards by turbulence is small and most of the
dew originates from vapour derived from the soil beneath. With rather stronger
winds, 1 to 6 knots at 2 metres, the downward transfer is predominant. In the
first situation the dewfall is only light, usually less than 0-1 millimetres during a
summer night; in the second it may be heavy, say, 0-1 to 0-15 millimetres. If the
wind is stronger than about 6 knots at 2 metres, the air is prevented from cooling
below its dew-point because the increased turbulence causes excessive mixing with
warmer, drier air aloft.

Conditions favourable for dew formation are thus seen to be:

() Clear night sky (to allow maximum loss of long-wave radiation).
(b) Moist air at sunset (relative humidity preferably greater than 75 per cent).
(c) Wind of about 1 to 6 knots at a height of 2 metres.

The age-old question of whether dew ‘rises’ or ‘falls’ is now answered: it
does either or both, depending upon the conditions.

Note should be made of the fact that not all the water present on leaves
after a clear night is necessarily dew. There are two other sources:

(a) Fog-water, resulting from the collection of water droplets on the leaves
as a fog blows past them. Water gathered by trees in a fog may fall to
the ground as fog-drip.

(b) Guttation-water, exuded from the leaves. The relative warmth of the
plant’s roots compared with its leaves allows the upward flow of sap to
continue at night. Water passing through the leaf pores collects because
evaporation is impossible into the surrounding saturated air. Guttation
drops are sparse but large (greater than two millimetres diameter)
whereas most dewdrops are more numerous and smaller (less than one
millimetre).

3.5.2 Hoar frost

If the condensation of water vapour does not begin until the temperature is
below 0 °C then the initial water droplets soon freeze and deposition of the
vapour continues with the formation of soft, white ice crystals known as koar
frost. The crystals assume the forms described in Section 3.4.2 but are usually
distorted because of the unsymmetrical distribution of vapour around their
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growing parts. A night’s deposit exceeding the equivalent of 0-1 millimetre of
rainfall is unlikely.

On some nights, dew which has been deposited at temperatures greater than
0 °C may be seen to cool below 0 °C without freezing. Such supercooled dew
usually freezes if its temperature falls below about —3 to —5 °C giving a deposit
known as frozen dew, white dew or silver frost. Both frozen dew and hoar frost
may coexist later in the night. Water formed by the melting of hoar frost as
morning temperatures rise should not be confused with dew. Both hoar frost
and dew are almost always formed by radiative cooling of the ground, but deposits
are sometimes found as the result of advection of moist air over a cold land surface.
Both processes together can cause copious dewfall on a clear summer night,
especially near a windward coast.

The fern-like patterns of window frost form when a crystal grows at the
expense of supercooled droplets on the glass. During cold weather these droplets
appear on the inside of a window, and the atmosphere in their vicinity is saturated
with respect to water so that if one of them freezes it is surrounded by air which
is supersaturated with respect to ice (see Section 3.1.4 and Table I) and it grows
into a branched crystal. The branches slowly creep over the glass and the drop-
lets just near them evaporate. Careful inspection shows a narrow, clear gap
between a crystal and its neighbouring droplets.

Other deposits of ice on the ground are:

(a) Ground ice, formed by the freezing of lying water, by the re-freezing of
partly melted snow, or by the compaction of snow on roads by traffic.

(b) Glazed frost (see Section 6.3.5).
(c) Rime (see Section 4.2.2).
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CHAPTER 4

VISIBILITY

4.1 INTRODUCTION

4.1.1 Some definitions

The term wvisibility may be defined as the greatest distance at which an object
of specified characteristics can be seen and identified by an observer with normal
sight under normal conditions of daylight illumination. It is measured by selecting
a number of objects, such as church towers or hills, whose positions are known,
and then determining at the time of observation which object can be seen whilst
the one at the next greater distance cannot be seen. On any given occasion the
visibility depends not only upon the opacity of the air, resulting from particles
in suspension, but also upon such factors as the sensitivity of the observer’s eye
and the position of the object relative to the sun or moon. Here we will be concerned
only with the meteorological factors governing the opacity of the air.

In the absence of any particles in suspension, visibility through the atmosphere
is about 240 kilometres. It is probably true to say that in most places such an

extreme is never reached; there are always some particles present. These are of
three types:

(2) Minute particles of smoke, dust or water, so small that they settle only
at extremely low wind speeds. If the particles are of smoke or dust they
produce a haze; if of water (or ice) they produce a mist or fog.

(b) Coarse particles, large enough to be kept in suspension only by turbulence
accompanying strong winds. Examples are: drifting sand or dust, and
drifting snow (a ‘blizzard’). In general, the stronger the wind the more
seriously is the visibility affected by drifting. Duststorms are not unknown
even in Britain; they can occur, for example, in the Fen country when
strong winds blow across fallow fields after a dry spell. For an example, see
Meteorological Magazine, 86, 1957, p. 23.

(c) Precipitation. The worst visibility is associated with large numbers of
small particles. Thick drizzle and heavy, fine snow can reduce the visibility
to a few hundred metres.

It is important to distinguish carefully between fog, mist and haze.

(a) Fog: Obscurity in the surface layers of the atmosphere which is caused by a
suspension of water droplets, with or without smoke particles, and which is
defined by international agreement as being associated with visibility of
less than 1 kilometre. In general poor visibility does not constitute a
hazard to surface transport until it falls below about 200 metres. It is
therefore British practice to use this term fog in forecasts for the general
public to relate to visibility less than 200 yards (180 metres).

(b) Mist: A state of atmospheric obscurity produced by suspended micro-
scopic water droplets or wet hygroscopic particles. The visibility is equal
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to or exceeds 1 kilometre; the corresponding relative humidity is greater
than 95 per cent.

(c) Haze: A suspension in the air of extremely small dry particles invisible
to the naked eye and sufficiently numerous to give the air an opalescent
appearance. There is no upper or lower limit to the horizontal visibility in
the presence of which haze may be reported, although it is very rare for
haze to reduce visibility to less than 1 kilometre. Relative humidity is less
than 95 per cent. In most cases the particles composing haze are small
enough to cause differential scattering of sunlight and to contribute for
example to sunrise and sunset colours.

In Britain, most mists and fogs form in air which has been cooled by contact
with a cold ground. Whilst the cooling is in progress the relative humidity increases,
and a stage is reached when water vapour starts to condense on the nuclei in the air.
The relative humidity is then about 95 per cent and the droplets formed are small
and sparse—a mist is formed. With progressive cooling, the relative humidity
increases and the droplets grow in size and number so that the visibility decreases
and may eventually fall below 1 kilometre to give a fog. From this we see that a fog
is always preceded by a mist stage; similarly, mist is present after the dispersal of
fog. On either occasion the mist stage may be extremely short lived. Note that if a
fog has already formed elsewhere and is then brought in by the wind no mist stage
may be seen.

There are two weather situations in which the ground is cooler than the air
in contact with it: first, when the ground loses heat at night in the form of long-
wave radiation, and second, when warm air flows from a warm region to cover
a cold surface by advection. Both can produce fogs, in the first situation we have
a radiation fog, and in the second an advection fog.

4.2 RADIATION FOG

4.2,1 Formation and properties

We are all familiar with the type of fog present early on some mornings after
a clear, quiet night—a fog which disperses during the morning and which, in
popular weather-lore, is supposed to herald another day of good weather. There
is some truth in this supposition as can be seen by studying the conditions
favourable to its formation. In Section 1.5.1 we saw how the air temperature
near the ground changes during a clear night. If the air is moist enough originally,
the temperature may well fall below the dew-point and dew is deposited (Section
3.5.1). For fog to form the air well above the ground must also be cooled. There

are two ways of doing this:

(a) By turbulence, when the wind blows over rough ground. The air cooled
by conduction to the ground mixes with warmer air aloft, and the depth
through which this takes place increases with the wind speed—it is usually
at least several hundred metres deep. Lower dew-points are also spread
upwards in this way because the air near the ground has been depleted of
some of its water vapour by dew deposition.

(b) By radiation from one layer of air to another or from the droplets in
suspension. This is a complex process but the final result is a little cooling
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up to about 1000 metres, the temperature fall being greatest near the
ground.

The first method seems capable of going as far as a saturated stage only; it is the
second which goes further, giving condensation.

On a night during which radiation fog subsequently forms, careful observation
shows that not only does the temperature at screen-level fall but so does the dew-
point. This is to be expected since dew is being deposited, so removing water
vapour from the air. If the air is to become saturated the temperature must fall
more quickly than the dew-point, but observations show that it is still a slow
process—it may take several hours for the relative humidity to rise from 95 to
100 per cent. The temperature at which fog eventually forms—the fog-point—
may be several degrees Celsius below the original dew-point. Fog formation is
usually rapid in air that is free from smoke pollution, and the visibility can fall
from 3 kilometres to 200 metres in perhaps 10 minutes. This rapid formation
can sometimes be associated with a relatively sudden, although small, fall in
temperature, and it seems likely that this results from cooling of the air by the
second method, that is, long-wave radiation from the water droplets themselves.
In a mist, droplets are few so radiational cooling is slight, but as they grow in size
and number the loss of heat by radiation increases, causing further cooling and
growth. The process accelerates, ending with rapid fog formation. In a clean water
fog visibility seldom falls below 50 metres.

Fogs vary greatly in depth: most are in the range 15 to 100 metres, but on
extreme occasions the top may be at 200 or 300 metres.

Some interesting temperature changes take place in a fog after it has formed.
If it is deep and dense enough, the fog droplets prevent the loss of most of the
long-wave radiation from the ground in the same way that a cloud layer does
(Section 1.5.2), so the ground temperature rises, often quickly, as a result of
heat conduction from lower levels in the ground, until it is about the same as
the air temperature. This rise of the ground temperature can be followed by
noting the temperatures recorded by a grass-level thermometer. Droplets near
the fog’s top continue to radiate upwards, so the upper part of the fog continues
to cool, thus causing the lapse rate in the fog to increase. Cooling by long-wave
radiation continues by day and night, and in winter can predominate over the
gain of heat from the weak insolation, only a small fraction of which reaches
the ground. The final result of these processes is a replacement of the original
pronounced inversion with its base on the ground by a layer with its lapse rate
equal to the saturated adiabatic lapse rate and topped by a strong inversion. The
fog’s top lies near the base of this inversion at a height of several decametres.
High ground may project upwards through the fog into the clear, warm, dry
air above. Radiation fog is notoriously patchy, forming usually in certain
favoured localities, but occasionally it can be widespread.

From the above discussion of its formation we can see that the conditions
favourable to the development of radiation fog are:

(a) A clear night sky to allow maximum loss of radiation, preferably long
winter nights.

(b) Moist air at sunset, most often found in autumn and winter, especially
after rain or near open water.

(c) Alight wind (approximately one to four knots) to give sufficient turbulence
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to spread cooling upwards. Anticyclones are favourable; so are sheltered
valleys.

These conditions are the same as those favourable to dew (see Section 3.5.1)
and, in fact, radiation fog is likely to be preceded by dew. However, dew is not
always followed by fog and this may be explained nearly always by a lack of
sufficient time which will allow the fog-forming processes to be completed before
fog-dlspersmg processes become dominant. Radiation fog dlsperses by either an
increase in wind speed, resulting in a mixing of the fog-laden air with warm, dry
air aloft, or more commonly by insolation warming the ground and this in turn
warming the foggy air in contact with it. Either way may result in the temporary
formation of cloud with a low base, known as ‘lifted fog’ (see Section 5.3.2). It
should be noted that radiation fog does not form over a large water surface because
its diurnal temperature change is far too small.

4.2.2 Wet fog and rime fog

Fog drifting across vegetation deposits fog-water on to the leaves and the
amount may become considerable; in some places this water adds appreciably
to the rainfall. A fog depositing water is said to be a wet fog; its droplets are
usually larger than normal.

Fogs can exist at temperatures below 0 °C, the droplets then being super-
cooled. Temperatures below —10 °C have been recorded in British radiation fogs
but they are unusual. When supercooled fog drifts past obstacles, such as vegetation
or fences, some of the droplets are caught and they freeze almost instantaneously
to form a white, opaque deposit comprising numerous frozen droplets with
enclosed air-spaces. This deposit is known as rime; it is similar to hoar frost in that
itis fragile and has a low density but is distinguished from it by its non-crystalline
character and by its building on the upwind sides of objects. In a persistent,
supercooled rime fog the deposit may grow at the rate of 1 centimetre per day.
Dense supercooled clouds enveloping mountains can cause rime to grow at much
greater rates.

4.2.3. Ground fog

On some evenings when the ground is very wet and the lowest layers of the
atmosphere are nearly saturated, say following afternoon rain, a shallow layer
of fog develops, often around sunset. It is so shallow, 1 to 2 metres deep, that the
upper parts of bushes and cattle may be seen standing clearly above it, and for this
reason it is known as ground fog. The horizontal visibility at eye-level may be
several kilometres but within the fog it is only a few hundred metres. It is often
patchy and seldom lasts more than one hour. Its rapid formation, usually when
there is almost no wind, indicates that the air is not cooled by contact with the
ground but by direct radiation, probably from small droplets suspended within it.

4.3 ADVECTION FOG

4.3.1 Formation and properties

Whereas radiation fog forms only inland, over the ocean and on windward
coasts another type of fog is common. This is found when moist air flows from
a warm sea surface across one which is colder—one whose temperature is below
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the dew-point of the air—so this fog, formed by advection, is known as advection
fog. The wind which necessarily accompanies advection is the agent for spreading
the cool lowest layers of air through a greater depth. The stronger the wind the
greater the depth of the layer in which cooling takes place, and hence the greater
the cooling necessary to produce a fog. If the wind is too strong or the cooling too
small or both, only low cloud is formed (see Section 5.3.2) or perhaps there is no
condensation at all.
In Britain, there are two principal examples of this type of fog:

(2) With moist south-west winds flowing across a progressively colder sea
surface as Britain is approached, extensive fog develops (sea fog) and it
invades all exposed coasts (coast fog) in the west and south. If the wind
is greater than about 10 to 15 knots, it is usually replaced by low cloud
with a base of a hundred metres or so.

(b) With east winds flowing across the cold North Sea in summer. Over the
continent the air is very warm, but on crossing the sea it is cooled and
moistened from below so that by the time it reaches our east coast it
may be fog-laden.

Over the sea advection fog has little or no diurnal variation, but as it spreads
inland sunshine usually disperses it, especially in the summer; it returns again
at night by spreading in from the sea. Its reformation is often aided by radiational
cooling of the land. On windward coasts it can persist all day with cool, clammy
conditions, whereas perhaps ten miles inland the day is bright, warm and dry.
Advection fogs can also be found when moist air flows over a land surface after a
cold spell, particularly when the surface is covered by thawing snow which
effectively keeps the ground temperature at 0 °C.

4.4 OTHER TYPES OF FOG

4.4.1 Smoke fog

Most types of fog in Britain form either by radiative or advective processes.
There are others, however, which although less common are still of interest.
Near large urban and industrial areas the atmosphere usually contains sufficient
smoke to add appreciably to the concentration of small condensation nuclei.
When fog forms in this air the droplets are very small and are present in huge
numbers. Condensation occurs when the relative humidity is less than 100 per
cent so that a noticeable reduction of visibility is produced even when the air
is far from saturated. It is not unusual to find a visibility below 1 kilometre
when the relative humidity is only 90 to 95 per cent and sometimes even less.
Smoke fog (smog), therefore, forms earlier than would a purer water fog under the
same conditions. Whilst cooling continues the fog thickens, and the visibility may
eventually fall below five metres in a ‘pea-souper’. The persistence of the droplets
in unsaturated air also ensures that the visibility remains below 1 kilometre for a
longer period when the fog is dispersing. The very numerous and effective nucle1
in smoke fog thus explain its well-known features—persistency and denseness.

In the middle of a city this process may be modified by the conglomeration
of houses, factories, office blocks and surfaced roads. As cooling occurs generally,
these provide a source of heat and air temperature fallsless than in the surrounding
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suburbs and open country. The effect is noticeable not only in minimum tempera-
tures recorded (the difference between central London and the green belt may be
as much as 8 °C) but also in the frequencies of thick and dense fog. A comparison
between central London (Kingsway) and outer London (represented by Heathrow
and Kew) showed that thick or dense fog occurred about three times as frequently
in outer London. Further out still the fog is cleaner of course, and so less dense
again. Most smoke fogs are modified radiation fogs and show a normal diurnal
variation, but in winter they can persist for several days in succession. The inver-
sion which develops at the top of a layer of radiation fog traps the smoke beneath
it and also prevents mixing between the foggy air and the unsaturated air above
because of the increased stability. Any smoke put into the fog thus gradually
increases in concentration while the fog persists.

4.4.2 Steam fog

When cold air passes over warm water the vapour escaping from the water
surface is cooled immediately above it and condenses again in the form of steam,
giving a steam fog. It forms in just the same way as steam over a hot bath, or over a
wet road which is rapidly heated by the sun after a shower, but is best seen on a
cold winter morning over ponds, rivers and canals where it sometimes accumulates
into extensive patches. In arctic regions, when cold air from the interiors of the
continents blows across the relatively warm sea, steam fog may be widespread
and dense; it is then known as arctic sea smoke, or frost smoke. Because the air is
usually so much colder than the sea (usually at least 10 °C) the lapse rate near the
water is very steep, that is, the lowest layers are very unstable, so the fog appears
as innumerable convective swirls each of which soon evaporates into the drier air
above, giving a top at about 10 metres. Over land it may accumulate below a night-
time inversion.

4.4.3 Hill fog

This is a term generally used of low cloud which envelops high ground. The
production of saturation and condensation by forced uplift of moist air is not
necessarily implied in the use of this term as in the case of upslope fog.

4.4.4 Ice fog

At very low temperatures some of the water droplets in a fog may freeze and
grow at the expense of the remaining drops which evaporate, giving an all-ice
fog composed of minute crystals which scintillate in the sun and give to this
ice fog its popular name of ‘diamond dust’. Refraction of light through the crystals
gives optical phenomena (see Section 8.1). Ice fogs are very rare in Britain but
more common over the interiors of northern continents in winter and over
Antarctica. With temperatures below about —30 °C nearly all fogs are of this type.
In the coldest weather, towns, and even herds of caribou in North America, have
around them banks of a type of artificial ice fog, produced by the spontaneous
freezing of droplets in steam at temperatures below about —40 °C (see Section
3.4.1). This steam is derived from such sources as central heating, exhaust from
cars and aircraft, and the breath of animals. Visibility is often much poorer than
in natural ice fogs which usually contain fewer ice particles in suspension.
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CHAPTER 5

CLOUDS

5.1 CLASSIFICATION

5.1.1 Introduction

A cloud may be defined as a visible aggregate of minute particles of water or
ice, or both, in the free air. From even a brief observation of the sky two funda-
mental characteristics of clouds become apparent: first is their infinite variety
of form, and second their continual changes in appearance. It is the purpose of
this chapter to describe and classify the forms most commonly observed and then
to explain their appearance and evolution in terms of the physical processes
taking place in the atmosphere.

In 1803 Luke Howard proposed a simple scheme of classification. He distin-
guished three principal cloud forms:

(a) Stratus cloud, lying in a level sheet.

(b) Cumulus cloud, having flat bases and rounded tops, and being generally
lumpy in appearance.

(¢) Cirrus cloud, having a fibrous or feathery appearance.

As our knowledge of clouds grew, this system proved inadequate and more
careful and detailed observations enabled a far more comprehensive system to
be devised. To attain a degree of world-wide uniformity in the naming and
identification of clouds the International Meteorological Committee published a
cloud atlas in 1895. Since then several revised editions have appeared, the latest
being in 1975 when the World Meteorological Organization, a specialized agency
of the United Nations, published the International cloud atlas. It gives a detailed
account of the present system of classification, illustrated by a large number of
carefully selected photographs, and is a valuable reference book which should
be consulted whenever doubt arises over cloud classification.

5.1.2 International system of classification

The international system of cloud classification resembles the systems used
in the botanical and zoological sciences. The different clouds are given descriptive
names which depend mainly upon appearance, but also sometimes upon processes
of formation as seen by an observer. Despite their infinite variety of forms it is
possible to define 10 basic types of world-wide occurrence. These are taken as
‘genera’. Most genera possess several ‘species’ and many of these, in turn, occur
as a number of ‘varieties’, sometimes accompanied by supplementary features
and accessory clouds. Descriptions of the genera are given below, whilst descrip-
tions of the more important species and varieties will be included in later sections.
They are taken from the 1975 edition of the International cloud atlas, and it is
assumed that the clouds are observed from the ground on a clear day and under
normal illumination by sun or moon.

(a) Cirrus (Ci). Detached clouds in the form of white, delicate filaments,
65
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or white or mostly white patches or narrow bands. These clouds have a
fibrous (hair-like) appearance or a silky sheen or both.

(b) Cirrocumulus (Cc). Thin, white patch, sheet or layer of cloud without
shading, composed of very small elements in the form of grains, ripples,
etc., merged or separate, and more or less regularly arranged ; most of the
elements have an apparent width of less than one degree (approximately
the width of the little finger at arm’s length).

(c) Cirrostratus (Cs). Transparent, whitish cloud veil of fibrous or smooth
appearance, totally or partly covering the sky, and generally producing
halo phenomena (see Section 8.1).

(d) Altocumulus (Ac). White or grey, or both white and grey, patch, sheet
or layer of cloud, generally with shading, composed of laminae, rounded
masses, rolls, etc., which are sometimes partly fibrous or diffuse, and
which may or may not be merged; most of the regularly arranged small
elements usually have an apparent width of between one and five degrees
(approximately the width of three fingers at arm’s length).

(e) Altostratus (As). Greyish or bluish cloud sheet or layer of striated,
fibrous or uniform appearance, totally or partly covering the sky, and
having parts thin enough to reveal the sun at least vaguely, as through
ground glass. Altostratus does not show halo phenomena.

(f) Nimbostratus (Ns). Grey cloud layer, often dark, the appearance of
which is rendered diffuse by more or less continually falling rain or
snow which in most cases reaches the ground. It is thick enough through-
out to blot out the sun. Low, ragged clouds frequently occur below the
layer with which they may or may not merge.

(g) Stratocumulus (Sc). Grey or whitish, or both grey and whitish, patch,
sheet or layer of cloud which almost always has dark parts, composed
of tessellations, rounded masses, rolls, etc., which are non-fibrous
(except for virga—see Section 5.4.4) and may or may not be merged ; most
of the regularly arranged small elements have an apparent width of more
than five degrees.

(h) Stratus (St). Generally grey cloud layer with a fairly uniform base,
which may give drizzle, ice prisms or snow grains (see Section 6.1.1).
When the sun is visible through the cloud its outline is clearly discernible.
Stratus does not produce halo phenomena (except possibly at very low
temperatures). Sometimes stratus appears in the form of ragged patches.

(i) Cumulus (Cu). Detached clouds, generally dense and with sharp outlines,
developing vertically in the form of rising mounds, domes or towers, of
which the bulging upper part often resembles a caulifiower. The sunlit
parts of these clouds are mostly brilliant white; their bases are relatively
dark and nearly horizontal. Sometimes cumulus is ragged.

(k) Cumulonimbus (Cb). Heavy and dense cloud, with a considerable vertical
extent, in the form of 2 mountain or huge towers. At least part of its upper
portion is usually smooth, or fibrous or striated, and nearly always
flattened; this part often spreads out in the shape of an anvil or vast plume.
Under the base of this cloud, which is often very dark, there are frequently
low ragged clouds either merged with it or not, and precipitation, some-
times in the form of virga.
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5.1.3 Other methods of classification

Nearly all clouds occur in the troposphere between extreme heights of sea
level and approximately 18 kilometres; the exceptions are considered in Section
5.7. A long-established sub-division of the troposphere into three layers is still
used when describing the heights at which the bases of clouds occur—low, medium

and high. The approximate height-ranges vary with latitude and are indicated
in Table II.

TaBLE I1. Approximate height-ranges at which
bases of clouds are found

Height-ranges in

Height-ranges in .
g g temperate regions

Height-ranges in

Level polaz' er'::gions (including Britain) tropic&lnrl()egions
(km)

High 3-8 5-13 5-18

Medium 24 2-7 2-8

Low From earth’s surface to 2 kilometres

To some extent the clouds in each of these three layers are distinctive. Thus
Ci, Cc and Cs are normally high clouds, A¢, As and Ns medium clouds, St, Sc,
Cu and Cb low clouds, but not invariably so. These relationships can be largely
put down to the ranges of temperature usually found in each layer. The appearance
of a cloud depends to a great extent upon the nature of its constituent particles
and also upon the concentration of water present, both of which are largely
controlled by the temperature. We may illustrate this idea by considering Ci and
Cs, both of which are composed of ice crystals sparsely distributed, thus allowing
much of the sunlight to pass between them, so it is not surprising that these
clouds occur at temperatures well below 0 °C, that is, at high levels. Again,
St and St are composed usually of water droplets present in a sufficient concentra-
tion to obscure the sun, so one is most likely to find them at temperatures above
0 °C, that is, usually at low levels.

Table III gives common heights of cloud bases for each genus found over
Britain.

TaBLE 111. Approximate heights and temperatures of cloud bases
commonly found over Britain

Temperature likely
Height of base to be found at
Genus (km) base level
(°C)

Ci
Ce 5-13 —20 to —60
Cs
Ae } 2-7 +10 to =30
As
Ns 1-3 +10 to -15
Se -2 +15 to -5
St surface—% 420 to =5
Cu -2 +15 to =5

Ch -2 +15 to =5
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Luke Howard’s original classification can still be used in a broad sense to separate
clouds into three fundamental forms:

(a) layered, or stratiform, clouds;
(b) heaped, or cumuliform, clouds;
(c) fibrous, or cirriform, clouds.

Although these terms are purely descriptive, each in fact has been found to
correspond to a particular condition of formation, and similar relationships
between appearance and specific methods of formation also apply to details of
structure, many of which will be dealt with in subsequent sections.

5.2 FORMATION AND DISPERSAL OF CLOUDS—
A GENERAL SURVEY

5.2.1 Formation of clouds

Clouds are continuously changing. Sometimes this can be seen very clearly,
as with cumulus for example; with other clouds, such as cirrus, the changes
take place very slowly. A cloud must not be looked upon as an entity drifting
with the wind across the sky, but rather as a visible manifestation of physical
processes taking place in the atmosphere, some of which tend to form the cloud
while others disperse it. When formative processes predominate the cloud grows.

Two important facts which decide the appearance of a cloud are:

(a) stability of the atmosphere in which it forms,
(b) growth of precipitation within it.

Consider the first point. The stability determines the nature of the vertical
motion in the atmosphere, for if it is stable the air must be forced upwards and
the resulting motion is smooth, slow and usually widespread, so that the clouds
formed by the adiabatic expansion accompanying the ascent are layered and
widespread and they form slowly—they are stratiform. If the atmosphere is
unstable, portions of the air may rise spontaneously and the resulting motion is
irregular, rapid and usually localized, so that the clouds formed are heaped and
scattered and they form quickly—they are cumuliform. Hence, we associate
stratiform clouds with a stable atmosphere, and cumuliform clouds with an unstable
atmosphere.

Next, consider the growth of precipitation within a cloud. When this occurs,
particles appear which are much larger than the cloud particles originally present.
Their sizes vary, but always they occur in a great variety, and since the largest
fall fastest, gravity sorts them in such a way that soon after formation the largest
appear below and the smallest above. The streamers of precipitation, or fall-
streaks, so formed, take on a fibrous structure if they are small and detached, as
with cirrus, but if they are widespread and fall from an extensive cloud they give
to it a diffuse base with little or no visible structure, as with nimbostratus (see
Plate I). Cirriform clouds are thus identified with isolated streamers of preci-
pitation.

For a cloud to form, a part of the atmosphere must be cooled below its dew-
point. When this occurs the excess water vapour, other than that required to
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maintain saturation, condenses on to the special nuclei in the air as was explained
in Section 3.3.2. This cooling may be brought about in three* ways:

(a) Adiabatic expansion, when air rises in the atmosphere to levels with a
lower pressure. The rate of cooling is, of course, at the dry adiabatic
lapse rate until it becomes saturated, and thereafter condensation occurs
and cooling is at the saturated adiabatic lapse rate; the cloud base marks
the change-over.

(b) Contact with a cold object, especially the ground, when its temperature
is below the dew-point of the air.

(c) Mixing of two nearly saturated masses of air of markedly different tempera-
tures.

Of these three methods the first is by far the most important; the second
can produce cloud only near the ground, up to say 500 metres; the third method

is of small value and probably never alone causes natural clouds to form (but see
Section 5.6.1).

5.2.2 Dispersal of clouds
A cloud may disperse in two ways:

(a) Evaporation, either resulting from a rise of temperature causing the
relative humidity to fall below 100 per cent (which can be brought
about simply by reversing two of the processes of formation, that is, by
contact heating and by adiabatic compression accompanying descent in
the atmosphere) or by mixing with its dry surroundings, especially for
cumuliform clouds since they are relatively isolated.

(c) Fall-out as precipitation. A large fraction of the water in those clouds
which give precipitation is removed in this way.

Either of these methods can be important on particular occasions as we shall
see in the next two sections. Since adiabatic expansion and compression are so
important in the mechanisms of cloud growth and decay it will be useful here
to restate the various types of vertical motion which bring them about-——they
were mentioned in Section 2.6—turbulence, orographic ascent, convection,
convergence and frontal ascent. It should be noted that whereas adiabatic pro-
cesses can occur at almost any level in the atmosphere, cooling and warming
by contact is confined to that part nearest the ground.

5.3 STRATIFORM CLOUDS

5.3.1 Introduction

Stratiform clouds develop in a stable atmosphere. They give visual evidence
of widespread cooling, usually as a result of adiabatic expansion but in some
circumstances through contact with a cold ground. Stratiform clouds are typified
during active growth by:

(a) a wide horizontal extent compared with their vertical depth,
(b) often diffuse outlines,
(c) feeble vertical air currents.

* A fourth method is also known—Iloss of heat by long-wave radiation—but is important
only after clouds have formed; see, for example, Section 5.3.3.
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It is convenient for our purposes to separate stratiform clouds into four
groups:

(a) Stratus.

(b) Thin stratiform clouds of species stratiformis (str).
(c) Thin stratiform clouds of species lenticularis (len).
(d) Thick stratiform clouds and multi-layered clouds.

5.3.2 Stratus

Stratus is the cloud which has the lowest base of all, and indeed it is often
associated with fog; only seldom has it a base above 500 metres. This low base,
combined with the poor visibility often found with it, makes it of special importance
to aviation: it is one of the major weather factors which determine the usefulness
of an airfield. Even this apart, the fact that it gives dull weather, often persistent
and widespread, makes it of interest to the public too.

Probably St forms most commonly by advection in much the same way as
advection fog forms (see Section 4.3), that is, when moist air blows across a
cold surface whose temperature is below the dew-point of the air. Thisisillustrated
in Figure 22. Two factors decide whether St or fog will form, or whether no
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Fi1Gure 22. Formation of advection stratus cloud when moist air flows over cold
ground

Changes in lapse rate shown.

condensation at all occurs: these factors are wind strength and the temperature
difference between air and ground. A wind above about 5 to 10 knots favours
St, but if it is too strong the sky may remain clear because the cooling is spread
through too deep a layer of the atmosphere thus giving a temperature fall insuffi-
cient to cause condensation. With a large temperature difference between air
and ground the effect is the reverse, so that even with strong winds St forms.
When condensation does occur it is at the top of the mixed layer. A thawing
snow surface is very effective in producing St when moist maritime air flows
across it. Two favourable regions in Britain for advection St are:

(a) The west and south coasts when warm, moist south-west winds blow.
As the air approaches Britain it crosses a pregressively cooler sea surface
and becomes filled with extensive shallow St which then drifts on to all
exposed coasts and often well inland too.

(b) The east coast when moist east winds blow. The air is cooled by the
cold North Sea and is most likely to produce advection St in early summer
when the temperature contrast is greatest; this is because the air flows
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from a warm continent, but the sea has only warmed a little since the
previous winter. In Orkney such persistent low St is known as ‘haar’,
and the use of this name has now been extended to cover all such St on our
east coasts. It is also known as ‘North Sea stratus’.

Advection St usually disperses through heating which causes its evaporation.
Day-time sunshine usually produces the heating, but occasionally the cloudy air
may flow over a warmer surface. An increase in wind speed can disperse the
cloud but the process is complex. Since advection St is formed by cooling from
below, the atmosphere near the ground is stable and there is often an inversion
with its base at, say, 200 to 1000 metres. The cloud’s top is often well defined and
near the inversion base, so that high ground may extend above it into clear air.
The cloud’s base usually shows little or no detailed structure—species nebulosus
(St neb); when broken, that is, when just forming or dispersing, it is known as the
species fractus (St fra).

Other ways by which St may form are:

(a) The passage of warm, moist air over ground cooled at night by loss of
long-wave radiation, especially after previous rain which has wetted the
ground. This method is usually found only as an aid to the formation
of advection St.

(b) Orographically, especially over our hilly western and northern districts
which may become enveloped in this cloud (see Plate I).

(c) By turbulence, when precipitation is falling from a cloud layer at a
higher level. As the precipitation falls, some may evaporate in the air
below the cloud which thus becomes moistened and cooled. Air near
the ground which becomes nearly saturated in this way may produce
fragments of cloud in the irregular eddies accompanying turbulence,
and as the process continues the cloud becomes more extensive, perhaps
eventually giving a complete cover which merges with the other layer
above. This type of St is known as pannus (pan); it is quite commonly
found with Ns, As, Cu and Cb.

(d) As ‘lifted fog’. In Section 4.2.1 we saw that when fog disperses it may
do so through a temporary stage of low St, and on some days this may
persist.

5.3.3 Thin stratiform clouds of species stratiformis (str)

Each of the three genera Ce, Ac and Sc exists in large numbers of species,
the most common being stratiformis (str) indicating an extensive horizontal
sheet. When these clouds are present, their detailed structures and pronounced
variations in both colour and shading give a very pleasant appearance to the sky.
They are almost always formed in air rising slowly as a result of convergence,
especially in the vicinity of fronts, and they usually disperse by a reversal of this
process, that is, by adiabatic warming through slow descent.

There are several varieties of the species stratiformis, some of which can

coexist:

(a) Variety perlucidus (pe), in which the sheet is broken into a large number
of cloudlets with at least some distinct spaces between them thus giving a
characteristic ‘crocodile-skin’ or ‘crazy-paving’ pattern illustrated in
Plate IV. After the cloud sheet first forms, long-wave radiation from its
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top, outwards into space, results in cooling (even by day) so that the
lapse rate within the cloud layer increases until it finally exceeds the
saturated adiabatic lapse rate. Very shallow convection then sets in,
producing the distinctive Bénard cells, the air in each of which slowly
overturns resulting in a thickening of the cloud in the central upcurrents
but dispersal on the edges where the air descends. The convection is
prevented from extending upwards to levels above the cloud top by a
stable layer which develops there, also a result of the cloud’s cooling
(see Figure 23). Sometimes the pe variety may be seen to form directly

Cooling by
long-wave
radiation
Initial
lapse rate Final
(< SALR) lopse rate

(> SALR)

Cellular \ convection

Ficure 23. Formation of variety perlucidus in a thin stratiform cloud

from clear air, probably because a cellular pattern in the distribution of
humidity still persists for a while after the dispersal of a similar cloud from
that air. The alternating periods of up and down motion necessary to
bring about such a disappearance and reformation of the cloud are not
uncommon, especially near weak depressions and fronts. Careful observa-
tion shows that the size of the cloudlets increases with the depth of the
overturning layer. At high levels the cloud is thin and soits cells are small.
At medium levels the cells in Ac str pe are larger, but they can be quite
small when the cloud first forms so that the newest edges of a steadily
growing sheet may have a fine structure resembling Cc whilst the older
parts are more coarsely divided. With Sc str pe the cells are larger still.

(b) Variety translucidus (tr), similar to pe but the sun or moon can be seen
through the cloud (not just between the elements) because it is so shallow.

(c) Variety lacunosus (la), a rare form having a ‘net-like’ or ‘honeycomb’
structure. The clear spaces present in the cloud sheet appear to be the result
of cellular convection of cloud-free air into the body of the cloud, either
from above or below.

(d) Variety undulatus (un), in which the sheet is divided into approximately
equally spaced and parallel bands, the spacing being about 500 to 1000
metres, and their axes being often approximately across their direction of
motion. Examples are shown in Plates II and III. These bands, or billow
clouds, form in the crests of a series of shear waves which sometimes appear
at the horizontal boundary surface between two superimposed layers of air
moving at different velocities, the clouds themselves moving at an inter-
mediate velocity (see Figure 24). A favourable place is near a jet stream.
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F1GURE 24. Formation of variety undulatus in a thin stratiform cloud

5.3.4 Thin stratiform clouds of species lenticularis (len)

Another speciesin which each of the genera Cc, Acand Sc can exist is lenticularis
(len), indicating a cloud of lens or almond shape. Lenticular clouds are very
characteristic in appearance and are typically associated with the standing waves,
or lee waves, set up over and to the lee of high ground when the wind blows across
it (see Section 2.6.1). If, initially, a moist layer is present in the airstream, then after
lifting it may give a cloud over, but well above, the mountain top. The cloud is
lens-shaped and appears to be stationary at the crest of the rising air, but in fact the
wind blows through the cloud which is continuously forming at the upwind
end and dispersing downwind. Several superimposed lenticular clouds may be
present. They are best formed in a stable atmosphere where the air has to be forced
over the hill. Some of the crests in the series of lee waves may also be shown up by
lenticular clouds (Figure 25) and such clouds are locally very well known near high
ground. For example, the ‘helm bar’ forms over the Eden valley, lying to the west
of Cross Fell in Cumbria, when an east wind blows. Lenticular clouds near
the Isle of Man are shown in Plate V.

Lenticular clouds in crests
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Fi1Gure 25. Formation of lenticular clouds in a series of lee waves

If conditions are favourable, lenticular clouds may also show the same struc-
tural varieties which were mentioned in Section 5.3.3. Some lenticular clouds may
be seen drifting with the wind but at a lower speed; they are usually short lived
whereas the others may persist apparently almost unchanged for an hour or more.

5.3.5 Thick stratiform clouds and multi-layered clouds

Clouds associated with our widespread and persistent rain areas are normally
of this type and are often found within developing depressions, and especially
near fronts, where the necessary lifting for condensation is found. These clouds
are either the very extensive forms with little or no detailed structure, Cs, As
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and Ns, or thick layers of Ac and Sc str of the variety opacus (Ac (Sc) str op).
The cloud base of a single system considered as a whole is often highest at its
edges, particularly the leading parts, so that as the system approaches an observer
he often sees a sequence of clouds of the type Cs—As-Ns, or Ac—-AcAs—Ns,
as lower and thicker layers spread overhead.

Cs is composed of ice crystals in which halo phenomena may be seen (see
Section 8.1). It occurs at high levels, and any precipitation falling from it is
slight, and over Britain always sublimes in the clear air below the cloud long
before reaching the ground. As shown in Plate VI it forms a tenuous film over
the sky.

As may be composed of either water droplets or ice particles. The latter are
often large, in the form of snowflakes, so that even with a deep cloud, say 1000
metres or more, the sun’s disc is still visible—variety translucidus (As tr)—
but it is fuzzy as though it were seen through ground glass (see Plate VII). The
cloud may become so thick that it obscures the sun completely—variety opacus
(4s op). Haloes are not seen because the crystals are not of the right type. Slight
rain or snow may reach the ground from A4s; otherwise, any precipitation evapor-
ates before reaching the ground.

N is just an advanced stage of As. It has a great vertical depth, often several
kilometres and sufficient to obscure the sun (Plate I), and its base extends down
to low levels. Continuous precipitation usually falls from it.

Instead of one thick layer of cloud, several thinner layers may be present at
the same time. Such combinations are typical of the outer parts of the vast
cloud systems associated with depressions, and they will be discussed further in
Chapters 9 and 10. A common combination is: Cs and As sheets above with
broken layers of Ac below. Any precipitation from such clouds is intermittent
and slight.

Thick layers of Ac str op and Sc str op consist of water droplets, and although
they give persistently cloudy weather any precipitation is usually slight.

5.4 CUMULIFORM CLOUDS

5.4.1 Introduction

Cumuliform clouds develop in an wunstable atmosphere. They give visual
evidence of convection in the atmosphere, and the cooling responsible for con-
densation is always the result of adiabatic expansion in the rising currents. Once
the air starts rising it continues to do so spontaneously: all that is needed is a
‘trigger action’ to set if off. Cumuliform clouds are typified during active growth
by:

(2) a heaped appearance with swelling, domed tops corresponding to the

rising air currents,

(b) clear-cut outlines and more or less horizontal bases,
(c) vigorous vertical air currents.

By far the most important cumuliform clouds are cumulus and cumulonimbus,
but they can also occur at medium and high levels (Section 5.4.4).

5.4.2 Cumulus

Cumulus clouds are among the commonest clouds observed; they are well
known as the ‘cotton wool’ clouds of a summer day. A great interest has been
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taken in them during recent years largely as a result of their importance as sources
of aircraft icing, of ‘lift’ for gliders, and for their possible use in the artificial
production of rain. Qur knowledge of Cu clouds has made dramatic advances
but there is still much to be learnt.

Probably the most common way by which they form is through the irregular
heating of the lower atmosphere by contact with a warm underlying ground,
itself warmed by insolation. The heating of the air is irregular because the ground
temperature is not uniform—it varies markedly from place to place for reasons
that were discussed in Section 1.5.2, so that bare sand and concrete, for example,
are much hotter by day than neighbouring areas of grass or forest. The warmest
spots, known as thermal sources, become covered by air which is warmer than
its surroundings and which, because it is less dense, tends to rise in the form
of ‘bubbles’, known to glider pilots as ‘thermals’. A series of bubbles starting in
this way makes up a convection current in the atmosphere. The bubble theory
of convection has done much to explain the properties of Cu clouds, and fore-
most amongst its investigators have been Scorer and Ludlam in Britain and
Malkus in the United States of America.

A bubble of warm, buoyant air (Figure 26) consists of :

(a) A cap, representing the uppermost, leading portion of the warmest air,
and having the greatest temperature contrast with its environment.

Warm bubble cap
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F1GURE 26. Formation of convective bubbles by heating the lower atmosphere

(b) A wake, consisting of less buoyant air resulting from the progressive
mixing of the cap and sides of the bubble with its environment. This
mixing process, which causes a progressive diminution of the cap’s size
together with an accompanying increase in the size of the wake, is known
as erosion.

After rising a distance equal to about once or twice its own diameter, the
bubble is spent; new and larger bubbles form by the combination of wakes of
smaller bubbles, so that in general the further one goes above the ground the
larger are the bubbles, but also the smaller is the temperature difference between
a bubble and its environment. Whilst a rising bubble remains unsaturated, the
environment lapse rate must exceed the dry adiabatic lapse rate if the atmosphere
is to be unstable (see Section 1.4.2); such a condition is common near the ground
during the middle part of the day. Eventually, some of the rising bubbles cool
sufficiently to reach saturation, after which further ascent produces clouds. They
are small, ragged and show the cumuliform characteristics only poorly developed,
so they are known as the species fractus (Cu fra). Further development arises
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from the joining of smaller cloudy bubbles, just as the cloud-free bubbles join
below the cloud base (Figure 27(a)). However, there are several factors controlling
the buoyancy of these bubbles, and hence also the sizes and shapes of clouds
formed in them:

(a) Stability of the environment above the condensation level. Since the
bubbles are saturated the environment lapse rate need only exceed the
saturated adiabatic lapse rate (and not necessarily the dry adiabatic
lapse rate) to make the atmosphere unstable. Such a situation of con-
ditional instability (Section 1.4.2) is normally present above the surface
layers on a day when Cu forms. Thus, once a small fragment of Cu fra
appears we would expect it to continue rising until it reaches some
higher level where its buoyancy is destroyed. This would occur, for
example, when the cloud top penetrates into a stable layer aloft.

(b) Mixing with its surroundings (a process known as entrainment). Whilst
a rising bubble remains unsaturated, mixing produces a wake which is
still somewhat buoyant, but mixing of a cloudy bubble with clear, un-
saturated surroundings gives it a cold, dense ‘skin’, because evaporation
of the cloud droplets absorbs latent heat so cooling the boundaries
of the cloud until they become denser than either the cloud’s centre or
its surroundings. The cloud boundaries sink, giving a ‘fountain effect’
which can be seen quite clearly on the surfaces of Cu building up into a
dry environment. We see then that a dry environment with rapid entrain-
ment acts as a very effective break to the upward growth of Cu; without
it we would expect all the Cu clouds to grow up to the same height,
and to be stopped only by a stable layer aloft. Variations in the rate of
entrainment allow some clouds to build upwards farther than others.
Another effect of entrainment which may also be seen is the ragged
edges of cloudy bubbles as they decay, shown for example in Plate VII
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F1GURre 27. Some factors controlling the growth of Cu clouds

(a) Formation of Cu when convective bubbles rise above the cendensation level.
(b) Effect of vertical wind shear.

(c) Effect of slight instability or dry environment,

(d) Effect of great instability or moist environment.
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(c) Vertical wind shear. If the wind velocity changes with height the clouds
become distorted from the vertical as they grow upwards. For example,
if the wind speed increases with height whilst its direction does not
change, then a Cu cloud will lean over downwind (Figure 27(5)). This
leaning also favours entrainment.

(d) Friction between the rising bubble and its environment. This force
effectively balances the bubble’s buoyancy so that it rises at a constant
speed.

(e) Accumulation of water and ice. The conversion of water vapour into the
much denser water and ice as a result of condensation within the cloud,
leads to an increase in the density of the cloud as a whole, and since the
effect increases as the cloud builds higher, it can alter the buoyancy
considerably.

Summarizing, we may now picture a Cu cloud which forms by surface heating
as consisting of:

(a) a stream of unsaturated bubbles rising from the ground to cloud base
(known as the ‘cloud root’);

(b) several larger bubbles within the cloud, buoyant and tending to surge
upwards, but controlled by entrainment, wind shear, friction and
accumulation of water;

(c) a descending ‘skin’, the result of cooling by mixing at the edges.

As a new bubble emerges from the cloud top, it erodes and leaves a wake which
is moister than the environment. Such a wake is favourable to a greater upward
penetration of the next bubble to emerge, and in this way the cloud slowly builds
upwards in irregular steps. Its life ends when the supply of fresh bubbles entering
its base is cut off ; rapid mixing follows and the cloud soon disappears. The lifetime
of a Cu cloud is very variable but is roughly between 5 and 30 minutes; the larger
the cloud the longer its life. The combined effects of stability and entrainment
determine the relative dimensions of the cloud—slight instability or a dry environ-
ment both favour broad and squat clouds (Figure 27(c)), whilst great instability
or a moist environment favour tall and narrow clouds (Figure 27(d)—see also
Plate VIII). Incidentally, very similar effects may be seen in steam plumes from
chimneys of locomotives and power-stations.

When a Cu cloud succeeds in building up to a stable layer a further interesting
effect may be observed. The buoyant bubbles are incapable of ascending through
the stable layer so they accumulate just below it and spread sideways to form an
area of stratiform cloud, known as stratocumulus (or altocumulus) cumulogenitus
(Sc (Ac) cugen) as shown in Figure 28 and Plate IX. Such clouds are lumpy and
usually thicker and darker than Sc (4c) str, and since they are relatively stagnant
compared with the parent Cu (upward motion in them is small) they decay by
mixing more slowly; they often persist in patches for an hour or more after the
parent Cu has dispersed. When vigorous Cu spreads below such a stable layer,
the patches of cugen cloud may combine to give a continuous and persistent layer
which reduces insolation, so hindering the formation of new Cx. On some days
which start clear, Cu develops during the morning but by the afternoon it is
persistently cloudy because Sc or Ac cugen has accumulated. The mixing of this
layer cloud with its surroundings takes place mostly on its undersurface, and
the resulting cold ‘skin’ descends into the clear air below in the form of ‘drops’
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Ficure 28. Formation of Sc cugen when Cu tops spread below a stable layer aloft

which show up on the underside of the cloud as a festoon structure known as
mamma. 'This feature can also be seen occasionally on other forms of Ac and Sc,
especially Ac (Sc) str op. It is an example of downward convection in the
atmosphere and, since this is accompanied by adiabatic warming, the mamma
soon evaporate; most mamma do not descend more than a few decametres.

If the stable layer which limits convection lies just above the condensation
level then the Cu clouds are very shallow and are known as species humilis
(Cu hum) (Figure 29 and Plate VI); with increasing vertical extent we have species
mediocris (Cu med), perhaps about a kilometre deep as in the foreground of
Plate X, and finally, large, towering clouds of species congestus (Cu con) which
may be 2 to 3 kilometres deep or more, as in Plate VIII.

Occasionally, a smooth ‘cap’ of cloud may be seen on or just above the top
of a vigorous Cu. This is caused by a localized lifting of the environment above
the swelling Cu top. If it is moist enough, these surroundings develop their own
cloud known as pileus (Cu pil) (Figure 30); it is short-lived, for the Cu either pushes
up through it or it subsides back to lower levels only to evaporate as a result of
adiabatic warming.

When the unsaturated bubbles can hardly reach the condensation level, their
presence in a smoky atmosphere may be shown by the beginnings of condensation,
giving misty patches in the same way that mist forms before a smoke fog even
though the air is not saturated. These ‘fumulus’ clouds may grow into normal Cu.

The height at which condensation takes place in a rising bubble (that is,
the cloud base) depends upon its humidity when leaving the ground. If the
humidity is low, much cooling is needed to reach saturation, so the base is high;
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conversely, a high humidity gives a low base. This explains the following easily
observed facts concerning Cu bases:

(a) During daylight hours the base rises, reaching a maximum in mid
afternoon corresponding to the diurnal fall of relative humidity near the
ground. Thus, when first forming they may be at 500 metres, progressively
rising to, say, 1200 metres or even 2000 metres.

(b) Bases are generally lower in winter than in summer.

(c) Bases are lower on windward coasts than inland.

We are now in a position to explain the well-known inland diurnal variation
of Cu development. After a clear night there is a stable layer in the lowest part
of the atmosphere (see Section 1.5.2) which is destroyed during the morning by
insolation heating the ground, so that the atmosphere becomes unstable over a
gradually increasing depth. Cu fra appears in due course, tending to grow upwards
but controlled by the factors already considered. By late afternoon or early evening
the supply of fresh bubbles ceases because the lowest layers have become stable
again, and the existing clouds are eroded away so that the sky becomes clear or only
a few patches of the more persistent Sc (Ac) cugen remain. It should be noted that
the clouds present, say, at mid morning are not the same as those seen in mid
afternoon; this is not unexpected when we remember that the life-cycle of an
individual cloud is quite short.

Much has still to be learnt about the way Cu clouds are distributed over the
landscape. They form best over good thermal sources, from where they drift
downwind to give no obvious pattern in the sky. On some days, however, rows
of clouds lying along the wind can be seen clearly; they are known as ‘streets’,
or variety radiatus (Cu ra). Cu forms better over land than over lakes or the sea,
where it shows little diurnal variation. In hilly country, sun-facing slopes act
as good thermal sources so that over them Cu forms earlier and disperses later
than over flat country or shaded slopes.

On some days the normal diurnal cycle of Cu development is modified or
not observed. Some causes of this are:

(a) The environment is too dry, so that entrainment maintains too low a
humidity in the rising bubbles.

(b) A stable layer may be present whose base lies below the condensation
level; this is especially true of anticyclones in summer.

(c) Cloud is present at a higher level, so reducing insolation.

Cu may also occur at unexpected times, for example at night. This is nearly
always the result of convection being released by a ‘trigger action’ other than
the normal one of irregular heating of the atmosphere by the ground. Thus
convergence, frontal ascent and orographic ascent may produce Cu at any time
as long as the atmosphere is unstable. Such clouds have no ‘roots’, their bases
are smoother in appearance and more uniform, and they show a distinct tendency
to form in groups or lines rather than being scattered, apparently at random,
over the sky.

5.4.3 Cumulonimbus

Cumulonimbus clouds normally develop from large cumulus. Their appear-
ance differs from Cu in that the upper parts have lost their typical sharp ‘cauli-
flower’ outlines: the tops become diffuse and striated. These changes are a
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visual indication of the development of extensive precipitation within the cloud,
often accompanied by a slowing down or even reversal of the upward currents.
Precipitation in the upper part of the cloud is usually solid (see Section 6.4.3)
because its temperature is well below 0 °C. Cx may sometimes be seen to change
to Cb when the temperature of its top falls below about —10 °C but usually
temperatures below —20 °C are necessary, and since these values are found only
at some considerable height above the ground—usually 4 to 6 kilometres—Cb
clouds have great vertical development. When the whole depth of the troposphere
is unstable, Cb tops may tower up to the tropopause; tops above 12 kilometres
have been observed in Britain, but in equatorial regions they can sometimes exceed
18 kilometres. Such clouds are usually accompanied by heavy precipitation and
sometimes thunder and lightning too. In cold weather much shallower Cb can form,
sometimes less than 3 kilometres deep, because temperatures of —10 °C and below
are then found much lower in the atmosphere.

The transition from towering Cu into Cb needs temperatures of —10 °C
and below because it is only with such low values that natural freezing nuclei
become effective (see Section 3.4.1). Once it starts, the transition is rapid;
Figure 31 shows a typical sequence of changes. In about 10 to 20 minutes, much
of the cloud above the 0 °C level is transformed from supercooled water droplets
into ice particles—a process known as glaciation. After glaciation the cloud top
may degenerate into dense masses of fallstreaks, giving a cirriform cloud known
as cirrus spissatus cumulonimbogenitus (Ci spi cbgen), that is, dense Ci formed
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from Cb. However, further large bubbles often surge upwards from the interior
of the cloud so extending the top to higher levels. A Cb cloud which has developed
a fibrous cirriform top is known as species capillatus (‘hairy’, Cb cap)—see
Figure 31(c); the transition period, when the Cu is changing to Cb, is marked
by the cloud top becoming smooth as it loses its structural detail, and the Cb
species is then calvus (‘bald’, Cb cal}—see Figure 31(b). Plate VIII shows Cb cal
and Plate X Cb cap.

Where the top of a developing Cb meets a stable layer aloft, it spreads side-
ways just beneath it, but the resulting cloud is different from that produced by
the similar spreading of a Cu. It is smooth with fibrous edges and resembles As
or Ns; indeed, the accumulation of such cloud from several large Cb may be
called As or Ns chgen—it is a layer cloud formed by the spreading of Cb tops.
Its appearance is different from Ac or Sc cugen because the latter is composed
of water droplets and seldom gives precipitation, whereas the former is composed
largely of ice particles, especially snowflakes, and often gives precipitation which
causes the cloud’s base to be diffuse and lacking in detail. When a spreading top
is still part of its parent cloud, it resembles an anvil (variety incus (Cb inc)—
Figure 31(d)) especially when drawn out by vertical wind shear, well shown in
Plate XI. Such wind shear tends to maintain the growth of a Cb cloud, so that if,
for example, the wind speed increases with height, the top streams away downwind
as a great plume of As cbgen and Ci spi cbgen, often for many tens of kilometres,
whilst new convection continues at the upwind end (Figure 32). This can be
seen in Plates X and XI. The underside of an anvil may develop mamma in the
same way that Sc (Ac) cugen does; in fact, the best displays of mamma are associated
with Cb clouds. An example is seen in Plate XII.
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FiGure 32. Growth of Cbwhen vertical wind shear is present (wind speed increases
with height)

After some hours, an apparently simple Cb cloud may really consist of the
remnants of several clouds which have formed earlier, together with more recent
developments, the whole forming a complex cloud system which can cover a
wide area (Figure 31(d)). When convection ceases Cb clouds decay, leaving large
irregular masses of cloud at many levels (Figure 33), especially Ci spi cbgen which
is the most persistent, perhaps remaining for 12 or even 24 hours before dispersing
by fallout and sublimation. In a very unstable troposphere the accumulation of
these persistent tops may prevent the growth of new Cb by reducing sunshine
reaching the ground.
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The great vertical depth through which the convection takes place inside a
Cb cloud results in powerful updraughts and downdraughts. Vertical speeds in
excess of 30 knots have been recorded, presenting a formidable source of danger
to aircraft. Further discussions about Cb clouds will be found in Section 6.4.3
and in Chapter 7.

5.4.4 Cumuliform clouds at medium and high levels

So far, all the cumuliform clouds that have been considered have had their
bases low down in the troposphere. Indeed, by far the majority are of this type,
but occasionally one can see clouds at medium and high levels which have definite
cumuliform characteristics. They are not produced by irregular heating of the
atmosphere by the ground, as can be easily understood when it is realized that
their bases are almost always considerably higher than the condensation levels
of surface air. The ‘“trigger action’ which sets off convection is usually convergence
near a depression, but sometimes it is orographic ascent.

Cumuliform clouds at medium levels take the form of two characteristic
species of Ac:

(a) Ac castellanus (Ac cas) resembling a row of turrets with a well-defined
flat base (Figure 34(a)).

(b)YAc floccus (Ac flo) broken into irregular tufts having cumuliform tops
but ragged, eroding bases (Figure 34(b)).

Combinations of both types are common and may be seen in Plate XIV.
They are indicators of instability at medium levels, but when first forming they
may show no signs of it, rather do they resemble patches of Ac len. However,
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FIGURE 34. Two species of Ac which form in an unstable atmosphere
Both show precipitation trails (virga).
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within minutes cumuliform tops sprout upwards. Sometimes the cloud becomes
extensive, deep and almost continuous so that it is difficult to see the towering
tops, but it is still easily identifiable by a characteristic mottled pattern in the
detail which appears on its underside and which shows up the denser parts by
areas of darker shading. These clouds may be found at several levels simul-
taneously and also coexisting with stratiform clouds, both Ac and A4s; the whole
sky then takes on a chaotic appearance.

We have seen that instability is essential to the growth of Cb clouds, and
since Ac flo and Ac cas indicate instability in the middle troposphere, their
appearance is often an indicator of probable development of Cb and thunder-
storms in the vicinity of the observer, say, within 100 miles. The more extensive
and denser forms can themselves give outbreaks of rain and thunderstorms (see
Sections 6.4.4 and 7.3.1). Trails of precipitation resembling cirriform clouds
may sometimes be seen descending from cloud base and evaporating before
reaching the ground. These trails are known as virga and can be seen in Plate XV;
when well developed they transform the appearance of a massive cell of Ac flo
into that of a miniature Cb. Ac flo occurring at low temperatures (usually below
—20 °C) may sometimes be seen to change completely into fallstreaks of ice
particles, producing a species of C7 known as altocumulogenitus (Ci acgen), taking
some 10 to 20 minutes to do so.

Cumuliform clouds at high levels may sometimes be seen but they are rare.
The very low temperatures at these levels usually ensure that any water-droplet
cloud which might form changes quickly to ice particles. The Ci species Ci
floccus (Ct flo) and Ci castellanus (Ci cas) resemble their Ac counterparts but

show finer detail and are almost always accompanied by other Ci species. Plate
XVl illustrates this.

5.5 CIRRIFORM CLOUDS

5.5.1 Formation and properties

Cirriform clouds are fine streamers of precipitation in the upper troposphere.
When freshly formed they are clear-cut and often have well defined ‘heads’
below which trails of ice particles descend; old clouds are more diffuse and
irregular. They are composed of ice particles, mostly crystals, and are formed
either by transformation of a pre-existing water-droplet cloud (for example, Cc
or Ac, as was seen in Section 5.4.4) or more commonly by apparent direct deposi-
tion of water vapour from clear air. Even in the latter event, however, it is possible
that the first condensation produces a few minute water droplets which, being
greatly supercooled, soon freeze and subsequently act as centres for further
deposition of water vapour. The low temperatures high up in the troposphere
keep the saturated vapour pressure very low, and this, together with only a slow
release of water vapour as the air in which the cloud forms ascends, ensures
that the cloud is very tenuous, so tenuous that the sun or moon is nearly always
visible through it.

Most cirriform clouds form in air rising slowly as a result of horizontal
divergence aloft near developing depressions (see, however, the Ci formed from
Ch discussed in Section 5.4.3). Their usual base height is 8 to 11 kilometres
but about 10 per cent have bases above 13 kilometres. Observations from aircraft
show that a given layer of Ci often has a very irregular base but a remarkably flat
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top, thus giving a variable vertical depth to the cloud. About half of the observed
Ci tops lie within the uppermost two kilometres of the troposphere.

As the crystals in a Ci cloud grow they fall away from their ‘generating level’,
eventually descending to a layer which is unsaturated with respect to ice where
they sublime, and the visible fallstreaks end (Figure 35). On favourable occasions
these streamers are several miles long and stretch for some distance across the
sky. Their exact shapes depend on the variation of wind velocity with height.
Ci which has distinct ‘head’ and ‘tail’ regions is known as species uncinus (C¢
unc) but where there are only diffuse, fibrous ‘tails’ it is species fibratus (Ci fib).
These two types are shown in Plates XVII and XVIII. Denser forms are known
as species spissatus (Ct spi). Details on the undersurfaces of these clouds, such
as virga and mamma, are best seen when illuminated by the rising or setting sun.
There is still much to be learnt about C7 clouds.

Growth layer
(RH. over ice
> 100 per cent}

Sublimation loyer

(R.H.‘over ice
\ < 100 per cent)

Sometimes weak mamma

=

Ficure 35. Formation of Ci unc when vertical wind shear is present

5.6 CONTRAILS AND DISTRAILS

5.6.1 Contrails

Condensation trails caused by the passage of an aircraft through the atmos-
phere are artificial clouds and are of two types: adiabatic trails and exhaust
trails. Adiabatic trails are produced by a reduction of pressure in the immediate
vicinity of the aircraft as it passes through the air. The most spectacular form is
an aura which envelops much of the wing surfaces. A high speed and a high
humidity are favourable to its formation. Rather more common are the short,
non-persistent trails extending behind the aircraft’s wing tips and formed in
the series of vortices which form there and rapidly break away only to disperse
by turbulent mixing with the surroundings. Similar trails can form at propeller
tips.

Exhaust trails result from the condensation of water vapour contained in the
engine exhaust, which is hot and moist and cools rapidly both by radiation and
mixing with its surroundings. Since this cooling takes a finite time, the trail first
appears some 50 to 100 metres behind the aircraft. The persistence of the trail
depends upon the temperature and humidity of the atmosphere at aircraft level.
Low temperatures favour ice particles which are more persistent than droplets;
a moist atmosphere counteracts the dissipative effect of continued mixing. If
the air is supersaturated with respect to ice, as may well occur near cirrus clouds,
the particles in the trail may even grow, making the trail dense and persistent.
The shape of the trail is determined by the motion of the air in which it is laid
down. Several features are important:
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(a) Mixing with the surroundings causes evaporation of the trail and cooling
similar to the cooling found on the edges of Cu clouds (see Section
5.4.2). Eventually it breaks into cumuliform tufts. ‘

(b) Downward motion produced by the aircraft. Trails formed by engines
near the centre of the wing are forced downwards and outwards giving
a curtain-like trail, but broken into lumps.

(c) Wing-tip vortices disperse fairly slowly and any trails entering them
are protected from mixing with their surroundings, so they remain as
smooth tubes of cloud. Air below and just behind the wing is swept
outwards and becomes involved in the vortices, so that underslung
engines are more likely to give trails entering the vortices than those
which are level with the rear edge of the wing. These trails take on a
wavy appearance with the separation of the wobbles approximately
twice their horizontal separation. At their closest approach they are
forced downwards and stretched, finally leaving trails resembling loops
or rings.

(d) Vertical wind shear causes a curtain trail to be drawn out into a wide
cloud. Horizontal shear may cause easily visible distortions and breaks.

5.6.2 Dissipation trails (distrails)

The passage of an aircraft through a natural cloud sometimes results in the
formation of a lane of clear air. Favourable clouds seem to be always composed
of supercooled droplets and are very thin; distrails are especially well seen in
high and thin Ac str. They seem to be caused by the introduction of freezing
nuclei into the cloud from the exhaust gases, resulting in the formation of ice
particles which then fall out. If the air below the cloud is not saturated with
respect to ice, the particles sublime and a clear lane is left. If the air below is
saturated, however, the particles grow, giving fallstreaks which form a fibrous
fringe suspended below the distrail.

5.7 STRATOSPHERIC, NACREOUS AND
NOCTILUCENT CLOUDS

5.7.1 Stratospheric clouds

By far the majority of clouds occur in the troposphere, but occasionally
reports have been received from aircraft showing the presence of clouds
resembling tenuous Cs lying at about a kilometre above the tropopause. They
are probably formed as a result of especially pronounced upward motion asso-
ciated with actively developing depressions. Little is known of them, but they do
not appear to be much different from ordinary Ct and Cs. Although they are not
strictly stratospheric clouds, it may be pointed out that the tops of cumulonimbus
associated with severe storms (see Section 7.3.2) sometimes penetrate the tropo-
pause and extend several kilometres into the stratosphere.

5.7.2 Nacreous clouds

On rare occasions after sunset, clouds are visible which occur in the upper
stratosphere—between about 20 and 30 kilometres. They are illuminated by the
sun and often exhibit delicate pastel colouring (iridescence—see Section 8.2)—
hence their alternative name of mother-of-pearl clouds. Little is known of their
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constitution but the fact that they appear to be stationary and occur in association
with rough topography of the earth’s surface suggests that they are mountain wave
clouds. They have been observed over Scandinavia, Alaska and Antarctica.
Because of their height they can be seen several hundred kilometres away, for
example, the Scandinavian clouds can be seen from Scotland.

5.7.3 Noctilucent clouds

These clouds have been observed during the night hours of the summer
months. They are very tenuous and can be seen only under suitable viewing
conditions (direct illumination by sunlight against a dark sky and in the absence
of lower cloud). They resemble cirrostratus in appearance but have a bluish-white
to yellow colour. Measurements have shown the clouds to be at a height of 80-85
kilometres in association with the temperature minimum at the mesopause.
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CHAPTER 6

PRECIPITATION

6.1 INTRODUCTION

6.1.1 Classification

In a meteorological sense, precipitation may be defined as particles of liquid
water or ice formed within a cloud and falling towards the ground. Notice that
the precipitation need not reach the ground for it can evaporate on the way
down if the air through which it falls is unsaturated. Well-defined streamers of
precipitation which evaporate in this way can be seen sometimes below the bases
of clouds; they are known as virga.

We are all familiar with at least four types of precipitation—rain, drizzle,
snow and hail. However, there are many more which become apparent after
careful observation, so it is not surprising that an international system of classifi-
cation has been devised in order that we may distinguish between them. Table
IV, which is based upon the 1975 edition of the International cloud atlas, gives
descriptions of the various forms of precipitation, together with the normal
cloud types from which each form is observed to fall and reach the ground.

TABLE IV. Descriptions of precipitation forms

Normal clouds from
Name Description which precipitation can
fall and reach the ground

Rain Drops with diameter > 0:5 mm Ns, 4s, Sc¢ str op, Ac flo, Ac
but smaller drops are still cas, Cu con, Cb
called rain if they are widely
scattered
Drizzle Fine drops with diameter < 0-5 St, Sc str op
mm and very close to one
another
Freezing rain (or drizzle) Rain (or drizzle) the drops of The same clouds as for rain
which freeze on impact with (or drizzle)
the ground or other objects
Snowflakes Loose aggregates of ice crystals, Ns, As, Sc str op, Cb
most of which are branched
Sleet In Britain, partly melted snow- The same clouds as for
flakes, or rain and snow falling snowflakes
together
Snow pellets (alsoknown White, opaque grains of ice. Cb in cold weather
as soft hail and Spherical, or sometimes coni-
graupel) cal, with diameter about 2-5
mm
Snow grains (also known Very small, white, opaque grains Sc str op or St in cold
as granular snow and of ice. Flat or elongated with weather
graupel) diameter generally < 1 mm

87
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Normal clouds from
Name Description which precipitation can
fall and reach the ground

Ice pellets Transparent or translucent Ns, 4s, Cb
pellets of ice which are
spherical or irregular, rarely
conical, and which have a dia-
meter of 5 mm or less. They
are composed of frozen rain-
drops or largely melted and
refrozen snowflakes

Small hail Translucent pellets of ice which Cb
are spherical orirregular, rarely
conical, and which have a dia-
meter of 5 mm or less. They are
composed of pellets of snow
encased in a thin layer of ice

Hail Small balls or pieces of ice with Cb
diameters 5-50 mm or some-
times more, falling either
separately or agglomerated into
irregular lumps

Diamond dust Very small ice crystals in the form  St, Ns, Sc str op (sometimes
of needles, columns or plates, falls from clear air, where
often so tiny that they appear to it is just an advanced
be suspended in the air. In- stage of ice fog—see

variably associated with very Section 4.4.4)
low temperatures

6.1.2 Intensity and duration

To us in Britain there is one property of precipitation which is very well
known, namely, its extreme variability both of intensity and duration. The
intensity, or rate of fall, is taken as the rate at which the precipitation would
accumulate on a horizontal surface if such processes as run-off, percolation and
evaporation did not occur. It is expressed in units of millimetres per hour. Rain-
fall intensities are usually overestimated by an inexperienced observer; in Britain
most rain falls at rates of only a few millimetres per hour, or even less, and it is
unusual to find a rate of fall greater than 25 millimetres per hour. In fact, the more
intense the rainfall the shorter its duration is likely to be. For details of the
relationship between intensity and duration see the article by E. G. Bilham in
The climate of the British Isles, London, 1938, p. 116.

Clearly, the duration of precipitation must depend very closely upon the
persistence of the cloud from which it falls. We may distinguish two broad types:

(2) General precipitation. From extensive stratiform clouds. It starts and stops
slowly, often lasts for many hours, with or without breaks, and is generally
of small intensity.

(b) Showers. From the relatively isolated cumuliform clouds. It usually starts
and stops suddenly, seldom lasts more than one hour, often much less,
and is of relatively large intensity.

6.1.3 Some effects of mountains

When an airstream flows across a mountain mass it is forced to rise and
the resulting adiabatic cooling can produce extensive clouds and precipitation,
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but apart from this there are two other effects which we may note here. Firstly,
since water is removed from the clouds over the mountains a region of relatively
light rainfall, a rain-shadow, is found on the leeward side. Secondly, air which
descends to its original level after crossing the mountains is warmer than before
ascent because the latent heat which is liberated when clouds form is only partly
used again to evaporate the clouds in the descending air. Only a part is used be-
cause some of the water has fallen out; the remainder of the latent heat goes to
warm the air. The larger the amount of water deposited (that is, the higher the
mountains or the more moist the original air) the warmer is the air after descent.
This warming is known as the fohn effect, and to the lee of the Alps temperatures
may be 2 to 5 °C warmer than would otherwise be expected. Not only is the air
warmer, it is also drier, since its dew-point has been lowered by removal of some
of the water vapour. The warm, dry wind which blows in the lee of the Alps is
known as the fohn; other large mountain masses have similar winds which can be
excessively warm and dry; an example is the chinook, blowing to the east of the
Rockies. Even the relatively small mountains in Britain give a similar effect
though on a smaller scale. Thus, the south shore of the Moray Firth is a favour-
able fohn area when moist south-westerly winds blow over the Scottish Highlands.

6.2 GROWTH OF PRECIPITATION PARTICLES

6.2.1 Growth by condensation

Because the water droplets and ice particles in a cloud are denser than the
air in which they are suspended, they fall under the influence of gravity. Their
fall-speeds are small—a few centimetres per second at the most (see Table V)—
so that either they evaporate in the unsaturated air below the cloud base or they are
prevented from falling, relative to the ground, by upcurrents of air within the
cloud. To reach the ground then, the cloud particles must grow into faster-falling
precipitation particles whose sizes are enormous in comparison. An idea of the
necessary change in size may be seen by noting that a raindrop with a radius of 1
millimetre contains the same volume of water as 1 million droplets of radius 10 m,
a size commonly found in clouds. It is the purpose of this section to outline the
mechanisms which can account for such growth, and in Sections 6.3 and 6.4 we
will apply them to particular cloud types.

The first scientific attempt to explain the formation of clouds and rain was
made by Hutton in 1784. He ascribed them to the mixing of two moist air masses
having different temperatures. Quantitatively, thiswas shown later to be impossible
because such a process can give only very small amounts of water (see Section
3.3.1).

Ir)1 the late nineteenth century, when both the effects of adiabatic expansion
and the need for condensation nuclei were first understood, it was thought that
simple condensation alone could produce particles of the size commonly found
in precipitation. Certainly the concentration of water liberated by adiabatic
expansion of saturated air can be far greater than that obtained by mixing, but
a difficulty arises from the huge concentrations of condensation nuclei normally
present in the atmosphere—often in the order of 1000 per cubic centimetre.
Such large numbers of nuclei mean that correspondingly large numbers of droplets
will form which must therefore be smallin size and the time to grow to raindrop size
becomes an important factor. Laboratory experiments show that, while a droplet
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can grow from a radius of 1 to 10 wm in a minute or two (10-100 s), to increase the
radius by a further factor of 10 will take half an hour to 2 hours (1000-10 000s) and
to double it again may take up to eight hours (30 000 s). During this period of
growth the fall-speed of the particle will be increasing up to about 1-2 m s™* (see
Table V, p. 93). Hence, while some particles may stay in the cloud long enough to
grow to drizzle size, it is extremely unlikely that any particle can attain anything
like raindrop size before falling out of the cloud into unsaturated air.

6.2.2 Growth by the Bergeron process

The fact that condensation alone is too slow to produce precipitation-sized
particles prompted a search for other mechanisms which would be able to do so.
In 1933 the Norwegian meteorologist Bergeron pointed out the significance of the
coexistence of both supercooled droplets and ice particles in a cloud whose tem-
perature is below 0 °C. In such a cloud the air will tend to remain saturated
with respect to water because droplets are present, but at the same time it will
be supersaturated with respect to ice (see Section 3.1.4 and Table I) so that water
vapour will be deposited on to the ice particles which will then grow into
crystals. The removal of the water vapour required for crystal growth makes the
air unsaturated with respect to water so the droplets evaporate., This process
continues until either the droplets are completely evaporated or the growing
crystal becomes so large that it falls from the droplet cloud. It can be seen that
the crystals grow at the expense of the droplets. If the concentration of crystals
is small, say, one crystal per thousand or even per million droplets, then it is
possible for each of them to grow relatively very large—even several millimetres
across. Not only can this process give large particles but it is also rapid—large
crystals forming in a time of the order of 10 to 30 minutes. Once formed, these
larger crystals fall into lower levels of the atmosphere where, if the temperature
is above 0 °C, they melt to water drops, perhaps reaching the ground. As early
as 1921 Guilbert had suggested, from an empirical point of view, that ice was
essential to the formation of rain in clouds, but it was left to Bergeron to give a
theoretical explanation. The mechanism is known as the Bergeron process, or
sometimes as the Bergeron-Findeisen process through the contribution of the
latter in Germany in 1938.

After its introduction, the Bergeron theory was widely accepted as an explana-
tion of the formation of all precipitation of any appreciable intensity. There is, in
fact, much evidence to support it. For example:

(a) Aircraft observations of precipitating clouds show that many of them
extend upwards to levels where the temperature is below 0 °C, that is,
to levels where the presence of ice particles is not only possible, but
where samples have also been taken which proved their existence.

(b) Observation from the ground shows a clear relation between the trans-
formation of Cu into Cb (when ice particles first become numerous in
the cloud tops) and the development of showers. This can be seen easily
by eye, especially in winter.

(¢) Quite small Cu in winter can change into Cb and give a shower whereas
much larger Cu in summer remain unchanged. This is because the
level in the atmosphere at which temperatures are low enough to promote
the formation of ice is much lower in winter.
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The sizes and concentration of ice particles forming in a supercooled cloud
depend upon the temperature of the cloud, because the first ice particles to
appear are the result of freezing of supercooled droplets by contact with freezing
nuclei whose activity depends upon the temperature. If the cloud is too warm
(between 0 °C and about —10 °C) the concentration of ice particles is very small
because there are very few nuclei active in this temperature range and so each
particle can grow very large. On the other hand, if the cloud is too cold (below
about —30 °C) the concentration of ice particles becomes so large that none of
them can grow to any appreciable size at the expense of the remaining droplets
because there are too many particles competing for the limited amount of water
available. The Bergeron process is favoured by clouds which have:

(a) temperatures in the range —10 to —30 °C (these values are only approxi-
mate; they vary greatly with time and place because of the wide variations
in the nature and concentrations of natural freezing nuclei);

(b) small liquid water contents (otherwise another mechanism becomes
important—see Section 6.2.6).

6.2.3 Growth by collision

In spite of the undoubted reality of the Bergeron process, it can explain only
the formation of large ice crystals (and water drops produced by their melting).
The formation of other precipitation types remains unexplained, and another
mechanism is needed, especially as there is much evidence to show that some
precipitating clouds have temperatures wholly above 0 °C throughout their lives
and in these clouds precipitation must therefore develop in some way not involving
the ice phase. Such ‘warm clouds’ were first noticed particularly in troplcal
and subtropical regions, but they are now known to be fairly common also in
temperate latitudes, including Britain (see, for example, Section 6.4.2). A clue
to the nature of this new mechanism can be found by closely examining the
structures of precipitation particles. For example, a snowflake is seen to be
composed of a jumble of crystals loosely held together, that is, it is an aggregate
of crystals. Also, a snow pellet is seen to be nothing more than a pellet of rime, a
collection of frozen cloud droplets loosely attached to one another and caught
by the pellet as it falls through the cloud. This is just the way by which rime
accumulates on a plant when a supercooled fog blows past it (see Section 4.2.2);
a snow pellet is an accretion of rime. Hence, it is seen that both snowflakes and
snow pellets seem to be formed by the joining of the relatively small cloud
particles to give the much larger precipitation particles—either crystals to give
snowflakes, or droplets frozen together to give snow pellets. Extending this idea,
there seems no reason why droplets should not coalesce to form larger, liquid
drops.

%efore considering the problem of how cloud particles come to join it is
interesting to note some of the methods which have been used to measure the
sizes and concentrations of droplets and crystals in clouds:

(a) By exposing a mlcroscope slide coated with a film of magnesium oxide
or oil to the air for a fraction of a second and then photographing it.
The particles are either permanently caught in the oil or they leave
imprints in the magnesium oxide after evaporation.

(b) By exposing a thin aluminium foil which becomes dented by the impact



92 PRECIPITATION

of the particles. Measurements by methods (a) and (b) are made from
aircraft flying rapidly through the cloud.

(c) Indirectly, by using measurements of optical phenomena, for example,
coronae and fog-bows.

We must now look for a method whereby the cloud particles are made to
Jjoin. Several have been suggested, for example:

(a) Since the particles in a cloud occur over a wide range of sizes (its spectrum
of sizes) they fall at different rates, the largest falling fastest, so that a
relatively large particle can sweep up the smaller ones lying in its path.

(b) Attraction between particles having opposite electrical charges.

(c) Attraction between particles having similar sizes caused by a reduction
of pressure between them when they fall side by side. (A similar pheno-
menon is shown by two boats moving side by side at the same speed.)

Of these the first seems to be the most important; the second may be of value on
some occasions but little is known about it; all other methods so far suggested
seem to be unimportant.

The nature of precipitation formed by collisions depends upon the types of
cloud particles present. Thus, if they are:

(a) wholly Lquid, then rain or drizzle is formed, and the process is known
as coalescence;

(b) wholly crystalline, then snowflakes are formed, and the process is known
as aggregation;

(c) a mixture of droplets and ice particles, then snow grains, snow pellets or
hail are formed, and the process is known as accretion.

To understand the conditions in a cloud which favour the growth of preci-

pitation by a collison mechanism, we shall consider coalescence first in some
detail.

6.2.4 Growth by coalescence

Consider a cloud composed wholly of water droplets with a spectrum of radii
ranging from 5 to 30 wm, say. The origin of this range of sizes may be explained
by a corresponding range in sizes of the condensation nuclei upon which they
form. The largest droplets are present in very small concentrations compared
with the smaller ones, and they fall with greater speeds. This may be explained
by considering the forces acting upon a droplet falling freely through the air—
its weight and atmospheric drag, a quantity whose magnitude increases with the
fall-speed. When the two forces just balance the droplet has no acceleration so
it falls with a constant speed known as its terminal speed. The larger its weight,
the larger the drag needed to balance it and hence the larger the terminal speed.
Table V gives values of terminal speeds for particles in which we shall be interested.
A large droplet falling through a cloud of smaller ones sweeps up and combines
with a large fraction of them lying in its path. The final size to which a droplet
can grow in this way clearly must depend upon its rate of growth and the length of
time it spends within the cloud.

First consider the rate of growth. It depends upon: the efficiency with which
the droplet sweeps up its smaller neighbours, the amount of water in the volume
swept out, and the fall-speed of the drop.
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TABLE V. Typical terminal speeds of precipitation particles
Water drops

Radius Terminal speed
wm mm cms™! ms™!
1 0-001 0-01
5 0-005 0-25
Cloud droplets < 10 0-01 1.0
{ 50 0-05 25
. 100 01 70
Drizzle { 250 0-25 21
( 500 05 4.0
1000 1-0 65
Raindrops p 1500 1-5 81
2000 2-0 88
2500 2-5 91
Snowflakes Graupel
Diameter Terminal speed
mm ms™!
2 1-2 1-5
3 1-4 20
4 1-6 2-3
5 1-7 25
10 to 40 1-0to 1-7 approx. 2-7

(a) The efficiency, E, may be expressed by the ratio

mass of water in droplets combining
= . . ’
mass of water in droplets in the volume swept out

where the volume swept out is the cross-sectional area of the ‘sweeping-
droplet’ multiplied by the path length. Eis known as the collection efficiency;
if all the droplets in the volume are swept up then E = 1. The value of £
depends upon both the fraction of droplets which coalesce on collision
and the difference in size between the ‘sweeping-droplet’ and those swept
up. It seems that most droplets do combine on collision. The importance
of the difference in size was first pointed out in 1948 by Langmuir in the
United States of America, and his theoretical calculations have since been
verified by direct observation. He showed that only those droplets with
radii greater than about 20 wm have any appreciable value of E. We may
note here that E can be greater than one because droplets just outside the
volume being swept out may be drawn into the wake of the larger one and so
combine with it by approaching it from above.

(b) A cloud with a large liquid water content, W (the amount of liquid water,
in grams, suspended in one cubic metre of air), contains a large amount
of water in the volume being swept out and is therefore most favourable
to the growth of precipitation. The value of W varies within wide limits.
It is greater (1) in summer than in winter (because vapour pressures are
higher, and there is more water vapour available for condensation);
(2) in low-level clouds rather than others (for the same reason); and
(3) in cumuliform clouds rather than stratiform clouds—especially the
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tops of cumuliform clouds whose air has been cooled considerably since
it first became saturated whilst rising.

(c) The faster a droplet falls, the faster it sweeps up its neighbours and the
larger it becomes. The resulting increase in terminal speed causes even
greater rates of growth, so the droplet gets larger at an ever increasing rate.

By considering these three quantities, E, W and terminal speed, we see that
growth of a droplet by coalescence is an accelerating process. In fact, most of
the time required to produce a raindrop of radius 2 millimetres, say (found to
be from about 20 minutes to 1 hour), is used up in forming an intermediate drop
of radius 0-5 millimetres, and the last stages occur very quickly. For this reason
we can speak of the time required to form a raindrop without specifying its exact
size.

Even though the rate of growth may be sufficient to produce a raindrop, that
drop may not form if the length of its life within the cloud is too short. This period
depends upon:

(a) The fall-speed of the particle relative to the cloud (not relative to the
ground, since the cloud may contain upcurrents of air capable of suspend-
ing the drop within the cloud. The drop must have aterminal speed through
the air which exceeds the upcurrent or it will not fall to the ground).

(b) Depth of the cloud, for a drop will fall out of a shallow cloud faster than
from a deep one.

(c) Lifetime of the cloud, for even if all the other conditions are fulfilled, a
cloud which lasts less than about 20 minutes will be incapable of producing
rain in this way,

Summarizing, although the factors controlling growth of precipitation by
coalescence are many and complex, we can see that the following are favourable
to it:

(a) Broad spectra of drop sizes, with some radii greater than about 20 pm.
(b) Large liquid water contents (say, at least about 1 g m™3).

(c) Moderate updraughts (say, 1 to 5 m s™1).

(d) Deep clouds (say, several thousand metres).

(e) Persistent clouds (life, say, at least half an hour).

These results will be used in Sections 6.3 and 6.4.

6.2.5 Growth by aggregation

Aggregation of ice crystals to form snowflakes is a process similar to the
coalescence of droplets. Crystals are likely to interlock on collision because of
their complex shapes, particularly the dendritic forms (see Figure 21 and Section
3.4.2). In 1958 Hosler put forward evidence from experiments to show that sticking
occurs mostly by ice-to-ice cohesion resulting from the existence of water-like
films on the surfaces of crystals, especially when they are growing in an atmosphere
supersaturated with respect to ice. When two such surfaces come into contact the
films unite and the water, finding itself with ice on both sides, freezes so joining
the ice surfaces. The tendency to unite decreases as both the temperature and
the degree of supersaturation decrease, so that aggregation occurs most readily
at temperatures between 0 °C and —4 °C. This suggests that, in a cloud of falling
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flakes, aggregation to give large flakes occurs preferably in this temperature
range. In support of this, it is an observed fact that snowflake sizes generally
decrease with temperature. In an ice crystal cloud which is slowly dissipating by
evaporation, for example, Ci, Cs or As, no aggregation occurs.

It has been found that aggregation is most likely either in those clouds which
are composed largely or wholly of ice crystals (for example, some forms of As
and Ns and the older, uppermost parts of Cb) or in supercooled clouds of small
liquid water content which are capable of growing the necessary crystals by the
Bergeron process (see Section 6.2.2).

6.2.6 Growth by accretion

Careful examination of a snowflake will usually show the presence of a few
tiny, frozen cloud droplets adhering to the crystals, having been swept up as the
flake fell through a supercooled cloud. On striking the flake, a supercooled
droplet freezes almost instantaneously and retains its approximately spherical
shape. If a falling flake acquires only a few frozen droplets, a rimed snowflake is
produced, but if accretion is more pronounced other types of particles appear—
graupel and hail. Each of these can form only in a cloud containing both super-
cooled droplets and ice particles, and since this is a cloud of the same type which
favours the Bergeron process, then either accretion or the Bergeron process can
operate. The liquid water content largely controls which is dominant: a small
liquid water content favours growth by deposition of water vapour on to ice
crystals since the droplets present are so widely spaced that they are not easily
swept up; a large liquid water content favours growth by accretion of droplets
on to the ice particles because the droplets are more crowded.

Two types of ice accretion can be deposited on a falling particle:

(a) Rime, an accumulation of discrete frozen droplets with many air spaces,
resulting in an ice of low density (about one-tenth that of water) which is
white and opaque. The particle is soft and fragile and takes the form of
graupel (snow grains or snow pellets). For rime to form, the liquid water
content must not be too large (say, 0-1 to 1-0 g m~3). Typical clouds from
which graupel reaches the ground are: thick Sc str op in winter (snow
grains) and Cu con or Cb cal in winter (snow pellets). Graupel may form
at higher levels in summer, but it melts before reaching the ground.

(b) Clear ice, with little entrapped air, resulting in ice of greater density
(about three-quarters that of water) which is hard and not easily broken.
Hail is formed in this way in clouds with a large liquid water content (say,
greater than 1-0 g m™3). The reason for the compact nature of the ice is that
the supercooled droplets are collected so rapidly they have time to unite
before freezing. More will be said about hail in Section 6.4.3.

6.2.7 Sizes of precipitation particles

We all know that raindrops vary greatly in size, the largest being found, for
instance, in a summer thunderstorm. Now these drops have a maximum size,
which can be demonstrated quite easily by observing the breakup of a thin
stream of water issuing from a tap, or by noting the size of the largest drops which
form slowly by dripping from the tap. In 1904 Lenard first measured their
diameter, finding them to be about 5-5 millimetres. The reason for this maximum
is both interesting and important; it depends upon the change in shape of a falling
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drop as its size increases. Studies by Blanchard in 1950 and McDonald in 1954
have shown that falling drops are not ‘tear-shaped’, but approximately spherical
as long as they are small (radius less than about 0-5 millimetre), whilst larger drops
have flattened bases, giving a ‘bun-shaped’ vertical cross-section. A large drop
is so much flattened (even going as far as a hollow lower surface) that it becomes
unstable, so that a small disturbance, such as may be produced by collision with
another drop or by turbulence in the atmosphere, results in its breakup. These
changes of shape with size also account for the fairly constant terminal speed of the
largest drops (Table V).

There does not appear to be any theoretical reason to expect a maximum
size for snowflakes or snow pellets, but in practice there does seem to be a rough
upper limit to flake sizes at about 50 millimetres and to pellets at about 5 milli-
metres, but on rare occasions they are larger. The largest flakes are usually seen
with temperatures just above 0 °C when they become slightly wet and adhere to
each other readily. The size of hailstones will be considered in Section 6.4.3.

6.2.8 Chain reactions

All the mechanisms of precipitation growth discussed so far cause a reduction
in the number of cloud particles as a result of the preferential growth of a few.
It is possible, however, for new particles to form by the breaking of larger ones,
the fragments themselves then growing until they in turn break up. In this way
one particle can lead to the formation of perhaps hundreds or even thousands
of others, as long as there is sufficient water vapour available to feed them and
enough time for growth. Such a process is a chain reaction and several have been
suggested :

(2) In 1948 Langmuir pointed out that in those clouds which are very favour-
able to coalescence the drops may grow so large as to become unstable and
break up. Most of the fragments are still sufficiently large to grow rapidly,
reaching maximum size again inside a few minutes, only to be followed by
a repetition of the process. We would expect drop-breaking to be most
likely in the huge towering Cu and Cb of summer.

(b) In 1950 Ludlam suggested that when hail grows in a cloud of large liquid
water content the droplets may be swept up so rapidly that they form a
liquid film before freezing, and some of this water may be shed from the
larger stones as they fall rapidly through the cloud (see also Section 6.4.3).

(c) Because of their very delicate and complex structures, growing ice
crystals easily shed minute splinters of ice which can then act as further
centres for the deposition of water vapour.

(d) When a water drop starts to freeze, an ice-film often forms over its surface.
Now freezing water expands, since the density of ice is less than the density
of water, so that when the interior of the drop freezes it ruptures the outer
ice-film which then sheds small fragments. This process has been observed
in the laboratory with both rain-sized drops and the much smaller super-
cooled cloud droplets.

6.2.9 Changes in precipitation whilst falling between cloud and ground

So far in Section 6.2 we have studied how precipitation forms within the
cloud; before it can be observed at the ground it is often greatly modified. Some
of the changes which may occur are:
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(a) Ewvaporation in the unsaturated air below the cloud. Precipitation seldom
reaches the ground if the cloud base is higher than about 3000 metres
because this depth of clear air is usually sufficient to evaporate even the
largest particles. Evaporation first removes the smallest particles and
therefore increases the proportion of the largest. An example of this
selective evaporation can be seen by comparing rain falling from As,
which has a relatively high cloud base and gives mostly moderate-sized
drops, with rain from Ns, which has a lower base and gives drops with
a wide spectrum of sizes. Again, this idea can be used when a few large
drops are seen to fall from a sky covered with St—such drops will not
have originated in the St, but will have fallen through it from some
other cloud layer above. Light snow falling from A4s may sublime below
the cloud base and the resulting cooling of the air may be sufficient to
cause instability so that the air descends in pockets, producing a diffuse
mottling to the undersurface of the cloud, resembling feeble mamma.
It may be seen on a developing layer of As whose precipitation has not
yet been able to reach the ground.

(b) Snow and hail start to melt when they fall below the 0 °C level or, more
exactly, when the aspirated wet-bulb temperature of the surrounding
airis above 0 °C. Because of their large terminal speeds and high densities,
hailstones may fall several kilometres before completely melting; large
stones can reach the ground even when the 0 °C level is as high as four
kilometres. Snowflakes melt more quickly, usually within the first 500 to
1000 metres below the 0 °C level, so that snow is rarely observed at the
ground if the screen temperature exceeds about 4 °C, but showers of
snow are sometimes seen when the temperature is a high as 7 °C as long
as the air is dry, that is, as long as the wet-bulb temperature does not
much exceed 0 °C. The melting of continuous snow, say, from N’s, causes a
progressive cooling of the atmosphere below the 0 °C level because latent
heat is used up, until a deep layer, perhaps 1000 metres deep, may become
nearly isothermal at 0 °C. In this way, the 0 °C level may build downwards
so far that snow, which earlier had melted on its way down, can eventually
reach the ground unmelted. It has been known for widespread rain to be
replaced by snow in this way.

6.3 PRECIPITATION FROM STRATIFORM CLOUDS

6.3.1 General

Stratiform clouds form by condensation processes which are slow but persis-
tent, and the rate at which precipitation falls from them approximately balances
the rate at which water vapour condenses, so the precipitation is steady but of
small intensity compared with showers. The ideas developed in Section 6.2 will
now be used to discuss the types of precipitation associated with different strati-
form clouds.

6.3.2 Stratus and stratocumulus

St and Sc are shallow (perhaps 1000 metres deep), they have weak updraughts
and small water contents. For most of the year they are warmer than about
—10 °C and are unlikely to contain ice particles. Precipitation grows by coalescence,
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so we can see from Section 6.2.4 that it will be light and composed of small drops,
that is, drizzle, or at the most, fine rain. The added cooling accompanying lifting
over high ground can intensify the precipitation to a thick, fine rain of small drops,
such as is described by the phrase ‘Scotch mist’.

In winter, when the cloud tops may have a temperature at or a little below
—10 °C, a few ice particles may develop. If the cloud is not too dense, these can
grow by the Bergeron process into isolated well-developed crystals which can be
observed easily by eye, especially if they are allowed to settle on dark paper or
clothes. With a denser cloud, accretion occurs, giving small pellets of rime
known as snow grains or granular snow, sometimes as fine as table salt. Always
the rate of precipitation is very small.

6.3.3 Thin layered clouds

Sc, Ac and Cc of the species str and len are often shallow, say up to 300 metres
deep, and they have very smallliquid water contents. Any precipitation from them
is rare and largely confined to a few occasions when the cloud temperature is below
about —20 °C—cold enough to allow the local growth of ice particles in the form
of small flakes or pellets and in sufficient numbers to fall out as definite streaks,
or virga.

6.3.4 Thick layered and multi-layered clouds

Much of our widespread and prolonged precipitation falls from these clouds.
Their upper parts usually extend to levels where temperatures are low enough
to produce numerous crystals and flakes, which melt after falling below the 0 °C
level to form drops whose growth may subsequently continue by coalescence
with water droplets in clouds at lower levels. When the cloud is deep the pre-
cipitation may be moderate or even heavy in intensity. In multi-layered clouds
the uppermost and coldest layer can act as a generating level for snowflakes which,
on falling into any lower, supercooled layer, soon grow by the Bergeron process.
For example, Figure 36 shows crystals falling from Cs into a lower layer of super-
cooled Ac where they grow rapidly and aggregate to snowflakes. Such growth
of precipitation in one cloud layer after falling from a higher layer is known as
seeding (see also Section 6.5).
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F1GuRre 36. Anexample of growth of precipitation in multi-layered clouds
Crystals falling from Cs seed a lower layer of supercooled Ac.
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6.3.5 Unusual types of precipitation

On a few occasions in winter rain may be seen reaching the ground in a super-
cooled state. Such freezing rain (or drizzle) is found when it falls into a layer of
air near the ground whose temperature is below 0 °C (Figure 37). It is most fre-
quently found when thick stratiform clouds, resulting from frontal ascent or
convergence, move across a land surface which has been intensely cooled in
winter. Because the temperature of the ground and the air in contact with it is
below 0 °C, the drops freeze after striking the ground but they do so slowly
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Ficure 37. A situation favourable to the formation of freezing rain and glazed
frost

enough for them to join first into a film of water. In this way a sheet of clear ice,
or glazed frost, covers the ground, buildings, trees, etc. In severe cases overhead
power cables may become so thickly coated as to break under the increased weight.
Fortunately such severe glazed frosts are rare in Britain.

On a very few occasions the drops may have been frozen on their way down to
give ice pellets or frozen rain (drizzle). They are irregular in shape and usually
show evidence of remains of snowflakes from which the original drops formed
by partial melting. (More spherical ice pellets are formed by the freezing of
raindrops and are considered in Section 6.4.3 as a form of hail).

6.4 PRECIPITATION FROM CUMULIFORM CLOUDS
(SHOWERS)

6.4.1 General

Cumuliform clouds form by rapid and localized ascent of air, and the rate
at which precipitation falls from them cannot balance the rate at which water
vapour condenses, at least during the early stages, so the water at first accumulates
within the cloud and the ensuing rate of precipitation is heavy compared with that
from stratiform clouds. It takes the form of showers, sometimes known as ‘thun-
dery rain’ if it falls from medium cloud in an unstable atmosphere.

6.4.2 Showers from cumulus clouds

Inside a large Cu cloud rain-sized drops can form by coalescence in about
20 minutes. If the updraughts are weak, say, one metre per second, then a summer



100 PRECIPITATION

cloud with a minimum depth of only about 1500 metres is found to be capable of
producing them. Slight showers of fine rain (that is, small drops) are sometimes
observed from such clouds, particularly on windward coasts and over high ground.
Most Cu clouds, however, have stronger updraughts, in the order of five metres
per second (10 knots), and they need to be at least 3000 metres deep to produce
raindrops, some of which may be of maximum size. These very large raindrops
may then break up into several large and many small drops most of which may well
have fall velocities small enough to ensure that they are recycled within the cloud.
The larger ones may again grow to the maximum size as part of a chain reaction
for the multiplication of drops of raindrop size. Gradually, however, the weight
of water will reduce the buoyancy of the air in the upcurrent, so reducing the
upcurrent that not only is the supply of water vapour for further condensation
cut off, but the raindrops are released to fall as a heavy shower. When Cu clouds
spread below a stable atmospheric layer to give a thick sheet of Sc (Ac) cugen,
the partly grown drops within them can no longer be suspended by the reduced
upcurrents so they fall out as fine rain. In winter, cumuliform clouds must be
deeper still if coalescence is to be possible, because their liquid water content is
smaller. In fact, they must become so much deeper that their tops ascend tolevels so
cold that the Bergeron and accretion processes become dominant and the Cu
changes into Cb.

The initial formation of precipitation in the top of a Cu cloud, as distinct
from Cb, may sometimes be seen by eye if the cloud growth proceeds as far as
the minimum depth needed but no further. When such a cloud decays by mixing
with its environment the smaller cloud droplets evaporate first, leaving a tenuous
cloud of larger particles which persists for a minute or more. In 1956 Ludlam
introduced the term fibrillation to describe this process. It is the formation of a
fleeting streakiness which either evaporates into the drier surroundings or
sinks into the top of a new, rising Cu tower where the drops can start to grow again.

6.4.3 Showers from cumulonimbus; the formation of hail

When Cu tops reach levels where the temperature is below —10 °C a few of the
freezing nuclei become active and some of the liquid droplets freeze to become ice
particles. If the cloud continues to grow and the temperature of the tops continues
to fall more and more freezing nuclei become activated and when the temperature
falls to about —40 °C the cloud becomes glaciated and no supercooled water drop-
lets are present. In summer a Cu cloud which has a temperature inside its top
as low as —10 °C s likely to be at least 3000 metres deep and so will contain much
liquid water, including large drops grown by coalescence. At low temperatures
(—20 °C) small cloud droplets freeze rapidly on coalescing with ice particles pro-
ducing an aggregate of white opaque grains of ice—snow pellets. At temperatures
only just below 0 °C, relatively large droplets striking a snow pellet tend to spread
over the surface before freezing and so produce a layer of clear ice with little
entrapped air.

When hailstones are examined it is found that they may have a core of soft
opaqueice (asnow pellet, Figure 38(b)) or of cleartransparentice(afrozenraindrop,
Figure 38(a)). This core may be surrounded by alternate layers of clear and opaque
ice usually up to five in number though many more layers may be present on
occasion (Figure 38(c)). We can imagine that a particle grows at an increasing
rate by sweeping up supercooled droplets in an updraught until it reaches such a
size that its fall-speed exceeds the updraught and it falls out of the cloud as a
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F1Gure 38. Cross-sections through some typical ice pellets and hatlstones
(a) Ice pellet (frozen raindrop). (b) Ice pellet, or small hail. (c) Multi-layered hailstone.

relatively large hailstone. The layers of opaque and clear ice can be explained as
being acquired in different parts of the cloud within the temperature range
0 to —40 °C—opaque in regions of low temperature and water content, clear ice
in regions of high temperature and water content. Although this explanation of the
formation and constitution of hailstones is plausible, when the idea is examined
more closely various difficulties appear; for example the very large updraught
required to support the heaviest hailstones is likely to carry the growing hailstone
above the —40 °C level where growth then ceases.

The argument above tacitly assumes that the updraught is vertical and approx-
imately constant with height. When we take into account the fact that the horizontal
wind often changes with height so that the updraught may be appreciably tilted
and also that its speed may increase with height, these difficulties largely disappear.
Consider Figure 39 which represents a model of a cumulonimbus producing hail.
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Fi1Gure 39. The structure of a hailstorm
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In the diagram three possible trajectories of particles within the cloud are labelled
A..... A B..... B,and C..... C. The first one represents the path of
particles rising once only through the updraught, growing to small hail pellets
and being swept forward ahead of the updraught where they may fall out, melt
and reach the ground as rain. Rather larger particles may follow such paths as
B..... B, growing both on their upward and on their downward journeys and
re-entering the updraught lower down. The majority of these will escape from the
updraught and fall as medium hail. However, we can envisage that a small propor-
tion of these particles re-entering the updraught are of just the right size to be
lifted slowly in an updraught increasing in speed with height and to grow at sucha
rate that their fall-speed remains just a little below updraught speed until they
reach the level of maximum updraught. They are then carried out of the updraught
and fall along trajectory C. . . .. C toreach the ground as large hail. The duration
of a fall of hail may vary from a few seconds to about half an hour, though most
frequently lasting about five minutes. To be effective this process required con-
siderable vertical development in the cloud, vigorous updraughts and a plentiful
supply of moisture.

In winter, the transformation of Cu to Cb takes place in clouds which are more
shallow and have smaller water contents than in summer. Hail formation is
therefore unlikely so that, initially, the precipitation usually takes the form of
snow pellets. As rapid glaciation proceeds, accompanied by a decrease in the
concentration of liquid water, aggregation of crystals to snowflakes takes place.
In a well-developed winter shower both types can be observed. In very cold
weather, Cb clouds may be very shallow so that glaciation occurs when they may
be only 1000 metres deep or even less. The result is a rapid transformation of
the Cu into a mass of falling snowflakes.

Our study of hail shows that it is most likely inland in the summer; indeed,
our worst hailstorms are confined to that season and to those parts of the country
where intense convection is most likely, namely south-east England and the east
Midlands. Similarly, the most intense rainfalls are associated with summer Cb.
Hail occurs in a large number of forms other than the clear and layered types
already discussed. For example, we sometimes find clusters of small stones
frozen together, or ice shells with liquid centres, or irregular lumps of ice formed
by the shattering of larger stones. Most hail is in the order of 6 to 12 millimetres
in diameter but on rare occasions stones may exceed 50 millimetres. The structures
of hailstones can be examined by cutting them open carefully. Snow pellets are
either spherical or somewhat conical when they fall base downwards. Forms inter-
mediate between hail and snow pellets and between snow pellets and snowflakes
occur, and from their detailed structure something of the conditions inside the
cloud which led to their formation can be deduced.

If, on a day when Cb develops, the upper winds are light throughout the
unstable part of the atmosphere, each cloud remains almost stationary and
deposits its water over a comparatively small area, up to perhaps 250 square
kilometres. The complete sequence of precipitation types may then be observed in
one place. Roughly, the life-cycle of a model shower cloud might be as shown

in Figure 40.

(a) Growing stage (approximately first 20 minutes). Buildup of towering
Cu (Figure 40(a)). Remember that other Cu clouds may have been present
earlier but they failed to develop further.
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F1Gure 40. Life-cycle of a model shower from Cb in summer

Type of shower at ground: (a) Large raindrops. (b) Large raindrops and/or hailstones.
(c) heavy rain and/or hail. (d) moderate-sized raindrops.

(b) Mature stage (approximately a further 20 minutes). Heavy rain, by
coalescence or by melting of hail (some of which may reach the ground).
In this period the complete change Cu con — Cb cal — Cb cap takes
place (Figure 40(d) and (c)). Thundery activity may develop during this
stage—see Chapter 7.

(c) Decaying stage (next half to two hours). Rain gradually decreases in
intensity; most of it (especially later) has formed by the melting of
snowflakes (Figure 40(d)). Any thundery activity gradually weakens.

Although this complete sequence may be observed sometimes, winds are
usually sufficient to cause at least a slow drift of the clouds so that a series of
showers may be experienced at any one place, each at a different stage of develop-
ment. Heavy downpours are likely to indicate an early stage. It should be
remembered that most shower clouds consist of groups of Cb (see Sections 5.4.3
and 7.3.1). If wind shear is present, the glaciated upper parts of the Cb may
either stream out ahead (if horizontal wind increases upwards) or trail behind (if
wind decreases upwards) and in either situation there is a greater tendency for con-
vection to continue longer than would occur if the shear were absent. In the
former event, the first precipitation noted by an observer falls from the old cloud
top and takes the form of snowflakes (or rain, by their melting), followed by either
snow pellets in winter or heavy rain and hail in summer, all coming from the more
active part of the cloud. In the latter event when the anvil trails behind, the

sequence is reversed.

6.4.4 ‘Thundery rain’

Thick masses of Ac flo and Ac cas, which form when the atmosphere is
unstable through a deep layer in the middle troposphere, can also develop
precipitation by processes similar to those operating inside Cu and Cb. The
instability at medium levels is reflected in the sporadic nature of the rainfall at
the ground, often called ‘outbreaks of thundery rain’. Degeneration of the cloud
into masses of precipitation transforms it into As or Ns. This type of weather is
most common over southern Britain in summer; the rain may be heavy and pro-
longed at times, and hail or thunder may occur.

Rain is occasionally found falling from a cloudless sky. This occurs when
the original cloud has completely decayed before all its rain has reached the
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ground. Incidentally, the same effect may also be seen to the immediate lee of
high ground or windward coasts where showers are occurring—the clouds
disperse whilst drifting downwind but the precipitation lasts longer.

6.5 CONTROL OF THE WEATHER

6.5.1 Artificial clearance of clouds

Attempts have been made during the past 30 years to control certain aspects of
the weather, particularly clouds and precipitation. The methods used depend upon
the artificial stimulation of processes within the clouds which would not other-
wise occur naturally because of some deficiency. Foremost among these have
been attempts at ‘rainmaking’, and it is their importance which has spurred on
much of the modern research into the physics of clouds and precipitation.

A convenient way to clear a sheet of cloud is to induce the droplets to grow
and fall out as precipitation. If the cloud is supercooled but not so cold that ice
particles have formed naturally, then by inducing some of the droplets to freeze
they will grow by the Bergeron process and fall out. However, if too few ice
particles form, they leave behind most of the water droplets; if too many form,
none can grow large enough to fall out and an ice crystal cloud remains. We can
see that a cloud suitable for dispersal in this way must be supercooled, but not
colder than about —10 °C. The droplets may be induced to freeze in two ways:
firstly, by adding lumps of solid carbon dioxide, ‘dry ice’, which cools some of
the droplets to below —40 C, that is, below the temperature at which they
freeze spontaneously (see Section 3.4.1); secondly, by adding artificial freezing
nuclet which are active at temperatures higher than those at which natural nuclei
are active. In 1947 Vonnegut found that silver iodide particles acted as very
efficient artificial freezing nuclei: when put into a supercooled cloud they produce
ice particles as long as the temperature is below about —5 °C. Solid carbon
dioxide is best dropped from an aircraft in the form of pellets. Silver iodide is
best prepared as a ‘smoke’ by burning a solution made from it and sodium iodide
in acetone. After seeding artificially in this way, precipitation often develops
within about a half-hour, falls out, and leaves a clear lane along the line of seeding.
The results can be spectacular but may not be permanent because cloud can
subsequently re-form in the clear space. It must be noted that the cloud types
suitable for clearance are very restricted—they must be supercooled stratiform
clouds which are not precipitating naturally.

6.5.2 Artificial stimulation of precipitation

In the more arid parts of the world an increase in rainfall would be a great
boon, and this has led many workers to investigate methods whereby greater
rainfall might be induced artificially. If a cloud is to give rainfall of any intensity
it must have a large liquid water content and so must be of a cumuliform type.
Most attention has been given to those Cu which can be induced to give showers
in situations when they would not do so naturally. Both methods of seeding
described above have been used, and although precipitation undoubtedly follows
many occasions of seeding, it is usually difficult to tell whether the precipitation
has been produced by the seeding or by natural processes. This is because those
clouds which have properties just right for seeding are usually found in a mixed
population of clouds, some of which give precipitation naturally. Because of this
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the results are difficult to assess, and the infrequent occurrence of suitable clouds
makes the chance of giving any appreciable increase in precipitation over a wide
area unlikely.

In clouds whose temperatures are wholly greater than 0 °C, seeding has been
carried out by putting a spray of large droplets into the cloud base, or by using
a fine powder of salt as a source of large condensation nuclei.

The results of seeding widespread layer cloud are even more difficult to
determine. In Britain, experiments were made from Salisbury Plain in the 1950s
using generators for silver iodide smoke, but two difficulties were found: the
slowness with which the smoke diffused upwards to levels where it became
effective (say 3000 to 6000 metres); and the decrease in activity of silver iodide
whilst it was exposed to sunlight.

An interesting method which may prove of value economically in favoured
areas is the seeding of extensive orographic clouds over wide mountain ranges.
If the seeding is done at the upwind end of such a cloud and if it is supercooled,
prolonged snowfall may be induced on the hills during the winter. When the
snow melts, it adds to the natural water supply for hydroelectric and irrigation
schemes. Experiments on these lines have been made in the United States of
America, Sweden and Australia.

Ideas upon the possibility of forming rain in clouds go back to the nineteenth
century. In 1891 Gathmann in the United States of America suggested the use
of liquid carbon dioxide, and in 1904 Gregory in Australia suggested liquid air.
No results seem to have been recorded, probably because of the impracticability
of the experiments at that time.

Although much time and money have been spent in rainmaking experiments,
on the whole returns have been meagre. Certainly many early claims of success
were far too optimistic and many workers in this field have been slow to realize
the necessity for valid statistical tests of their claims.

6.5.3 Some further attempts at weather modification

Some success has been achieved in the clearance of fog over a very limited area
such as an airfield runway. Supercooled water fogs have been cleared by inducing
glaciation. Although not economically viable in this country, the method has been
used for example in Scandinavia. During the Second World War fog was cleared
temporarily from runways by the use of FIDO (Fog Investigation Dispersal
Operation), a system developed in Great Britain. This involved the burning of
petrol at intervals along the runway to raise the air temperature and is completely
uneconomic except in wartime. Jet engines have also been used.

In some parts of the world hailstorms are a serious problem, causing extensive
damage to crops and property. Attempts have been made to seed growing Cb
with silver iodide taken into the cloud by rockets or shells from anti-aircraft guns.
By these means it is hoped to increase the concentration of effective freezing
nuclei and prevent the development of large hailstones by encouraging the growth
of alarge number of smallstones. Some success has been claimed for this technique,
but recent models of hail-producing clouds suggest that the location of seeding is of
crucial importance; seeding certain regions of the cloud might have the effect of
encouraging the growth of large hail.

A similar technique has been applied to the problem of reducing the destructive
power of hurricanes (see Section 10.4.2). The cumulus clouds farther from the
centre than the cloud surrounding the eye are seeded to encourage development to
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the outflow level, so that ascent of air takes place over an increased area instead
of being concentrated in the eye wall. This has the effect of reducing maximum
wind speeds in the region just outside the eye. The technique is still in the research
stage—to date only four hurricanes have been seeded. Results so far have been
promising and it is hoped to extend experiments to the western North Pacific
over an area to the east of the Philippines in 1977 and 1978. Progress must be
gradual as it is essential to ensure that interfering with a hurricane does nothing
to increase its strength or to alter the speed or direction of motion.
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CHAPTER 7

THUNDERSTORMS

7.1 INTRODUCTION

7.1.1 Some definitions

Whenever thunder is heard a thunderstorm is said to be taking place. Such
storms probably give the most spectacular weather observed over Britain. A wide
range of different phenomena accompanies a thunderstorm, but the physical
processes involved in its life-cycle often take place quickly enough to be easily
followed by a single observer. Indeed, the changes sometimes take place so
rapidly and are so complex that it is difficult to keep pace with them.

Observations suggest that thunderstorms develop mainly in those clouds which
contain large concentrations of liquid water and ice coexisting at temperatures
well below —20 °C. From the discussions in Sections 6.2.4 and 6.4.3 we see that
the only clouds which have these properties are those cumuliform clouds whose
tops extend to at least 6 kilometres, the most common being Cb. Most thunder-
storms develop in Cb clouds but some occur in thick unstable medium cloud.
It follows, then, that thunderstorms occur when conditions are favourable for
the development of heavy showers and, indeed, many of the properties of a
storm are of the same type as found with showers—the difference is merely one
of intensity on most occasions. But thunderstorms show some features which
are unique, including of course thunder and lightning. Also, our most violent
weather in the form of intense hailstorms, squalls and tornadoes are almost
always found with thunderstorms. In this chapter we will be concerned parti-
cularly with these special phenomena; Sections 5.4.3 and 6.4.3 should be con-
sulted for the general properties of Cb clouds and the formation of precipitation
within them.

Lightning is a discharge of static electricity—a lightning flash is simply an
enormous spark. The discharge may take place either between a cloud and the
ground or between two clouds or, rarely, from the cloud into some other part of
itself or the clear air around it. In Britain about 40 per cent of lightning flashes
are of the first type. There is a popular distinction made between ‘forked’ and
‘sheet’ lightning, but it is not real: the first is merely lightning whose actual
path of discharge is visible as an irregular, highly luminous spark, whilst the
second is a diffuse glow which is all that can be seen when the discharge path is
obscured by cloud or precipitation. If there is no obstruction between a storm
and the observer, lightning at night may be seen at a great distance, even exceeding
150 kilometres.

Thunder is the sound produced by the violent expansion of the air as it is
suddenly and intensely heated along the path of the flash. The rumbling is
caused by differences in the times required for sound to reach the observer’s
ear from various parts of a flash, which is sometimes 2 kilometres long; echoes
add to it. Since the light from the flash is received at the eye almost instan-
taneously whereas sound waves travel at only about 1 kilometre in 3 seconds,
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there is always a time lag between the lightning and its accompanying thunder,
and the greater the distance of the flash from the observer the greater is this
lag. A flash at 1 kilometre gives a lag of 3 seconds, so timing the lag in seconds
and dividing the result by 3 gives the distance of the flash in kilometres. Thunder
can be heard fairly often up to 15 kilometres from its source but only rarely above
30 kilometres.

7.2 LIGHTNING

7.2.1 Electrical charge generation

The first experiments to show that lightning is an electrical phenomenon
were made in 1752 by Franklin in the United States of America. Since then
much work has been done, notably by British meteorologists and physicists, in
attempts to explain its formation. In 1909 Simpson put forward an explanation
of the generation of charge within a thundercloud based on the observation that
when a water drop is violently disrupted the largest fragments become positive
and the fine spray from the surface film is negative. Now the largest drops fall
fastest whilst the spray is taken aloft in the upcurrents of the Cb, so the cloud
near its base should develop a positive charge whilst its top becomes negative.
However, Simpson’s suggested spray mechanism proved to be unlikely when the
actual distribution of charge within a cloud was measured, indirectly by Wilson
in 1916, and directly by Simpson and Scrase in 1937. They found that the polarity
of the cloud was in fact the reverse, with positive charges aloft centred at about
6 kilometres, and negative below, at about 3 kilometres (Figure 41). However, a
small positive centre was often found at about 15 kilometres, usually associated
with heavy rain. Although the spray process may be used to explain this lower
positive charge at least in part, we cannot use it to explain the generation of the
main charges in the cloud.
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Fi1Gure 41. Distribution of electrostatic charge in and near a model Cb cloud

The presence of the ice phase in the upper parts of a developing thundercloud
has been considered fundamental to the generation of electrostatic charge.
As evidence of this it has been stated that:

(a) The main charge generation occurs at temperatures well below 0 °C.

(b) There is a marked association between the development of intense electric
fields within the cloud and visible glaciation.

(c) No storms have definitely been observed to start in all-water clouds.
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However, although these statements are probably true for middle and high
latitude clouds, they may not constitute the whole truth since evidence is coming
to light that the electrification of warm clouds does occur in low latitudes. If this
evidence is confirmed, clearly other processes not involving the ice phase must be
operating in charge generation.

In 1948, before this latest evidence was available, Workman and Reynolds in
the United States suggested that the freezing of water might be important in the
generation of charge. Observations have shown that the growth of rime in a super-
cooled cloud is accompanied by a pronounced separation of charge such that the
rime becomes negative whilst minute splinters of ice, shed during the freezing of
the drops (see Section 6.2.8), become positive. In a Cb where extensive formation
of snow pellets is taking place, a riming mechanism is believed to be important
in the generation of thunderstorm electricity. It is complicated by the effects of
temperature differences between the various particles thrown together within
the cloud, and also by impurities normally dissolved in the droplets. Riming,
however, seems capable not only of producing charge quickly enough to maintain
the normal frequency of flashes (about one per 20 seconds in the storm’s most
active stage) but also of giving the correct polarity to the cloud, because the
negative precipitation falls out whilst the positive charge is carried aloft on the
minute ice splinters. It cannot be said that any of the numerous other mechanisms
which have been suggested fully satisfy these conditions, but the electrical
processes taking place inside a thunderstorm are so complex that an under-
standing of them is far from complete.

It is probable that several charging processes operate simultaneously, and
that the dominant one may alter during the life of any one storm. Of other charging
processes which have been put forward, Wilson’s induction mechanism, first
proposed in 1916, is interesting. It relies upon the prior existence of both an
electric field between a negative earth and a positive ionosphere, and also a
mixture of positive and negative ions in the air. This situation is a normal one,
the ions being produced by radioactivity (near the ground) and by cosmic radiation
(especially at high levels). A water drop or ice particle suspended in such a field
has charges induced upon it—positive below and negative above. When it falls
through the field at a speed greater than that of the ions (which is about 1 centi-
metre per second) it will tend to sweep the ions up, but will gather only those of
sign opposite tothatof thesweepingsurface. Hence, negative ions are swept up and
so the particle becomes negative. Experiments have confirmed this mechanism.
It cannot, however, initiate the bulk of the charge separation but may become
important during the later stages of the storm when the electric fields and concen-
tration of ions are larger. Other mechanisms have been suggested, most of which
involve the ice phase; at the same time a coherent theory for the electrification of
warm clouds has yet to be found.

7.2.2 Electrical discharges and currents

The lightning discharge process is extremely rapid but it has been studied by two methods:

(a) Photography, especially by Schonland since 1938, using a rotating camera, invented
in 1902 by Boys, which spreads the image over the film and gives a time resolution
of about 1 x 10-¢ second, or 1 microsecond (s).

(b) Measuring changes in the electrostatic field accompanying changes in charge
distribution during a flash.
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Numerous observations show that a lightning flash consists of several successive strokes
following the discharge channel made by the first stroke. These strokes, which are shown
diagrammatically in Figure 42, may be divided into:

(a) A leader stroke, either continuous and building steadily downwards from cloud
to ground at 15 km s~ or more, or a more rapid, intermittent stroke, progressing
in steps of about 100 metres over periods of about 2 us with ‘resting’ intervals
of about 50 ps (that is, overall speeds of about 200 km s~*). It is usually branched
and reaches the ground in about 0-01 s. Only the stepped leader is luminous and
then but faintly.

(b) A return stroke, continuous from ground to cloud and lasting about 40 us during
which it is intensely luminous. It has high speeds of 20 000 to 150 000 km s~1, with
a maximum current of about 20 kiloamperes.

(c) After about 0-1 s a dart leader may descend along the same path in about 0-001 s,
to be followed by a second return stroke. Dart and return strokes may be repeated
several times, during which successive portions of the negative charge in the lower
part of the cloud are ‘tapped’.
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F1GURE 42. Successive stages during the life of a lightning flash

A flash occurs when sufficient charge has been generated, and separated, to overcome
the resistance of the air. Dry air is a very poor conductor of electricity and very large field
strengths are needed to break down its insulating power—about 3 X 106 V m~!—but
the presence of water drops in the air reduces the maximum required. An overall voltage
in the order of 102 volts will give a flash. Most discharges bring down negative charge
from the cloud, averaging 20 coulombs. Assuming an estimate by Brooks of 100 flashes
per second over the whole earth’s surface and of these about 10 per cent striking the ground,
we see that an upward current of about 200 amperes (A) (that is, 20 x 100/10 coulombs
per second) is being continuously maintained by the lightning from all thunderstorms in
the world. (We are taking here the convention that a current flows from positive to negative
centres.) However, an even larger current is produced by another process associated with
thunderstorms. This is a ‘point discharge’ from objects on the ground such as vegetation
and buildings. Streams of positive ions which were originally induced on the ground
below the negative cloud move upwards in the intense electric fields between ground and
cloud giving a current density of about 0:02 A km~2 or, say, 0-5 A per storm. For the whole
world this gives about 1000 amperes, continuously supplied by the 1800 storms estimated
to be existing at any one time. Upward currents of a similar magnitude have been measured
from aircraft above the tops of storms and they probably exist also in association with other
precipitation areas which do not develop sufficient charge to give lightning. Precipitation
carries a current too, and in the opposite direction, but it is small.

From these results we see that an upward current in the order of 1000 amperes is main-
tained by thunderstorms. It is balanced by downward ionization currents in the fair weather
areas, so we may picture the lower atmosphere as being a poorly conducting medium lying
between the earth and the ionosphere which act as the plates of a leaky condenser (Figure 43).
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F1GURE 43. Diagrammatic representation of electric currents in the atmosphere

The arrows indicate direction of currents, that is, direction of movement of positive
charges.

The rapid fluctuations in current strength during a lightning flash result in the generation
of radiation detectable on radio receivers and known as atmospherics. The form and fre-
quencies of this radiation vary with the nature of the discharge and with its distance from
the observer, and may be used to locate its source with fair accuracy for distances up to
2500 kilometres. Simultaneous bearings are taken from several observing stations scattered
over Britain, using cathode-ray direction-finding (CRDF) equipment.

The effects of lightning striking the ground are well known, and are often attributed
to ‘thunderbolts’ as though they were solid objects hitting the ground at high speeds.
However, many of the effects are really the result of intense heating as the current passes
through the ground, which may be fused locally into contorted masses. Water may boil
almost instantly, giving rise to such phenomena as the shattering of masonry and the
splitting of trees (‘blasted oaks’); both are caused by the explosive expansion of the water
as it boils. Estimates of lightning frequency in Britain are about one flash to ground per
square kilometre per year, so it can be easily seen that the chances of a person’s being struck
are very small.

7.2.3 Unusual lightning
Apart from normal lightning discharges, there are some others of interest:

(2) Ball lightning. A roughly spherical mass of glowing air usually about 100 to
200 millimetres in diameter which persists and drifts with the wind. It is
very rare and its real existence has been doubted, but there have been some
well authenticated reports. Its cause is unknown, but it may be a mass of
air which has been energized in the path of a lightning flash and then
slowly loses its energy. On striking an earthed object it seems to disappear,
thus giving the impression of passing through the object.

(b) St Elmo’s fire, or corposants. A more or less continuous, luminous electrical
discharge in the atmosphere, emanating from objects at the earth’s
surface such as ships’ rigging, wind vanes, lightning conductors, and
even hair and pencils. It is a point discharge under the influence of
intense electric fields such as may be found near thunderstorms or in
snow blowing along the ground.

(c) Flachenblitz (Rocket lightning). A rare form which extends upwards from a
Cb top and ends in clear air.

7.3 THUNDERSTORM WEATHER

7.3.1 Downdraughts and cells

Between 1946 and 1949 an extensive investigation into the properties of
thunderstorms was made in the United States of America—the ‘Project Thunder-
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storm’—and its results were published in 1949 by Byers and Braham. A great
deal of new information was obtained about the structure and life-cycles of
thunderstorms, and the discussions on the development of Cu and Cb clouds in
Sections 5.4 and 6.4 are to some extent based on their findings. Now we will
consider some further results of special interest.

When the precipitation within a developing Cb has accumulated and starts
to fall out, a downdraught is initiated, caused by the drag exerted by the enormous
numbers of precipitation particles as they fall through the air. This down-
draught has a temperature below that of its surroundings (both cloudy air, and
clear air around the cloud) because the descending air warms at the saturated
adiabatic lapse rate whereas the lapse rate in the environment is somewhat
greater than the saturated adiabatic lapse rate, and so is the lapse rate in the
rising cloudy air (at least near the edges) as a result of mixing with cloud-free air.
The lower temperature of the downdraught maintains the downward convection,
so it continues to descend and on striking the ground fans out beneath the Cb
cloud, more particularly in the direction of the cloud’s motion (Figure 44). Even-
tually it may extend for some tens of kilometres from the centre of the storm. When
first formed the downdraught may coexist with adjacent powerful updraughts,
but as the cloud ages and much of the precipitation falls out, most of the cloud
is occupied by downdraughts, so little new condensation is possible and the
precipitation intensity therefore gradually dies away. Similar downdraughts are
associated with showers which have not developed into thunderstorms, but then
they are usually weaker.
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Ficure 44. Cold downdraught spreading below a vigorous Cb cloud

A spreading cold downdraught passing an observer is indicated by pro-
nounced changes in the weather:

(a) Wind. The onset is sudden, sometimes violent, and is shown by the
rapid replacement of a wind initially flowing gently towards the developing
Cb by a squally wind, with gusts perhaps exceeding 60 knots, blowing
outwards from the centre. The greater is the distance of the observer
from the storm’s centre or the older the cloud, the weaker is the squall.
These features are best seen when the prevailing wind is light because
if it is strong it interferes with the downdraught, producing complex
effects.

(b) Temperature. The downdraught is cold, so its onset is marked by a sudden
fall in temperature, changing by perhaps 10 °C in as many minutes on
extreme occasions.
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(c) Precipitation. In its early stages, when the downdraught edges are still
beneath the Cb cloud, the start of rain and squall are roughly coincidental,
but later, when the cold air has spread well away from the precipitation
area, the squall is not accompanied by precipitation.

(d) Pressure. Since the downdraught is cold we would expect its greater
density to produce a sudden pressure rise. This is often observed and may
amount to several millibars, so that in thundery weather the barogram
shows a very irregular trace. Where the downdraughts from several
adjacent storms combine a small anticyclone may form, some tens of
kilometres across, with general outflow of air around its edges (this flow

1s not geostrophic—the pressure gradient force tends to be balanced by
friction).

Thunderstorms seldom consist of single Cb clouds. Most are irregular groups
with each cloud in a different stage of development or decay. A group as a whole
may last for hours but individual clouds or thunderstorm cells, have a life of
half an hour to an hour. The separate nature of the cells can be observed quite
easily at night by noting the positions and frequencies of lightning flashes.
Each cell produces flashes actively for about 20 minutes, the period usually
starting some minutes after the first heavy precipitation reaches the ground (which
may not, of course, be near the observer). New clouds form preferably near the
advancing edges of the spreading downdraughts (Figure 44), particularly where
two downdraughts are in contact.

Widespread outbreaks of thunderstorms sometimes develop in deep unstable
medium clouds (see Sections 5.4.4 and 6.4.4). Such storms are usually less severe
but may be spectacular in their lightning displays, the flashes being visible over a
greater length because of the high cloud base (sometimes above 3000 metres).
They are a feature of summer weather in southern Britain.

7.3.2 Multicell and supercell storms

More recently research workers have made intensive studies of individual
storms by using multiple radars and aircraft observations and several categories of
hailstorm have been proposed. Of these categories perhaps two of the most basic
are the multicell and supercell storms and these will be described briefly. The
essential difference between these two types is that a supercell storm is dominated
by a single cell which attains a quasi-stationary structure whereas a multicell
storm consists of a sequence of evolving cells each of which may go through alife-
cycle resembling that described by Byers and Braham.

Most hailstorms fall into the multicell category. According to the model such a
storm consists of several cells (cumulus clouds) at different stages of development
at any one time, thelifetime of an individual cell being about 45 minutes. Figure 45
depicts a vertical section along the storm’s direction of travel through a model of a
hailstorm which occurred over the State of Colorado in the United States in 1973.
The solid lines represent streamlines of flow relative to the moving system (broken
lines represent flow out of the plane of the section). The open circles denote the
trajectory of a hailstone during its growth from a droplet at the cloud base. Light
stippling denotes the extent of the cloud while darker stippling represents intensity
of radar reflectivity. The horizontal line N-S through the section represents the
path of an aircraft which obtained the profile of vertical velocity plotted (smoothed)
at the foot of Figure 45. The diagram can be interpreted in two ways: either as an
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The model described below was developed from close study of a supercell
storm over Colorado in June 1972 which produced serious hail damage over a
path of about 200 kilometres. Only a few of the more important features will be
mentioned here. Figure 46 represents a section orientated along the direction of
travel of the storm (south-south-east) and shows the outline of the cloud, the
stippled area being echo free while the intensity of radar reflectivity is indicated by
two densities of hatching. The thin lines are streamlines of the airflow relative to the
storm, while the short thin arrows skirting the boundary of the vault represent a
hailstone trajectory. The weak echo vault shows the region of intense updraught
where particles can ascend from cloud base to the —40 °C level in as little as 5
minutes, so restricting their growth that the radar echo is weak. The forward over-
hang or embryo curtain occurs mainly above the inflow, ahead of and partly round
the weak echo vault. It is a region where particles are able to recycle and grow into
hailstones.
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F1GURE 46. Vertical section through a supercell storm

Bold arrows denote wind vectors in the plane of the diagram as measured by aircraft
represented by QA and B.

In Figure 47 hatching again indicates regions of radar echo while the dotted
circle represents the extent of intense updraught in the middle troposphere. The
arrowed lines are streamlines of airflow relative to the storm, showing:

(2) environmental flow at middle levels diverted round the main updraught,
and

(b) low-level inflow towards the updraught (dashed lines) with the corre-
sponding high-level outflow.

The embryo curtain lies in the region where the outflow is shown above the inflow
to the south-east and south of the vault.

Typical hailstone trajectories are shown in vertical section in Figure 48(a) and
in plan view in Figure 48(b). These trajectories are consistent with the airflow
shown in Figures 46 and 47. Four trajectories are sketched. Trajectory 0 repre-
sents the path of cloud particles which are drawn into the main updraught and
ascend to above the —40 °C level so quickly that they have no time to grow larger
than a few hundred micrometres before they are carried off into the anvil and take
no part in the formation of hail. Trajectory 1 represents the path of particles rising
more slowly near the edge of the main updraught and hence with more time to
grow to millimetric size. Most of these will be carried away in the northern branch
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High-level outflow leaves in anvil towards the east

Low-level inflow
from south

Fi1GURE 47. Plan view showing the principal features of the airflow within and
around a supercell storm

of the high-level outflow (Figure 47) but some will follow the southern branch and
may belarge enough to fall along trajectory 2 in the weak updraught of the embryo
curtain and reach the lowest part of the curtain where they may re-enter the foot
of the main updraught. Here many are likely to encounter intense updraughts and
follow the dotted trajectory (Figure 48) but some will follow trajectory 3 in air with
a large water content where there is a chance of their terminal fall-speed being
matched closely with the updraught velocity. These are the particles which may
grow rapidly as they cross the vault (Figure 46) and fall along the northern boun-
dary as damaging hail (the hail cascade).

This supercell model has been outlined as it applied to the Colorado storm of
June 1972 which moved from north-north-west to south-south-east. It should be
noted that in the United Kingdom supercell storms such as the Wokingham storm
of July 1959 move almost invariably from south-west to north-east.

7.3.3 Tornadoes

A tornado is a violent whirlwind with an approximately vertical axis and with a
diameter of about 50-200 metres. An essential requirement is a strong updraught
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F1Gure 48. Schematic model of hailstone trajectories within a supercell storm

(a) Vertical section along the direction of travel of the storm.
(b) Plan view.

and hence it occurs in association with thunderstorms. The most violent tornadoes
occur in the central plains of the United States where they can cause extensive
damage to property and loss of life. In this region dry air from the Rocky Mountains
or from the Mexican Plateau frequently flows over warm moist surface air from the
Gulf of Mexico thus providing a suitable environment for the development of
supercell storms (see Section 7.3.2) with their associated intense convection and
it is here that tornadoes may form, usually on the right flank of the storm. They
can sometimes be identified on the radar screen by the presence of a marked hook
echo. Winds of about 200 knots or more may occur near the tornado centre in an
extremely narrow ring; at the actual centre the horizontal wind is zero but the
updraught is capable of lifting heavy objects. This rapid rotation requires a very
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large horizontal pressure gradient to produce the necessary inward acceleration
(see Section 2.4.2) and there may be a pressure fall of several hundred millibars
at the centre of the tornado. It is the suction effect of this pressure deficit which is
responsible for severe structural damage by the outward collapse of buildings.
Damage can also result from the twisting effect of the large horizontal wind shears
which arise.

Fortunately tornadoes in the United Kingdom are much less severe than the
typical tornado of the American Mid West, although severe structural damage has
been caused to buildings on occasion and loss of life has been recorded. The average
frequency appears to be about one a month. As in America the typical tornado in
Britain is associated with warm moist air at the surface moving from a southerly
point and it usually travels from a direction between south and west on the right
flank of a storm accompanied by hail and thunder.
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CHAPTER 8

OPTICAL PHENOMENA

8.1 IN ICE-CRYSTAL CLOUDS

8.1.1 Simple haloes

When the sun shines through Cs or Ci clouds a ring of bright light may
sometimes be seen with the sun lying at its centre. It is usually reddish on the
inside and white on the outside, and is known as a alo. The cause of this pheno-
menon is refraction of the sun’s light by the ice crystals composing the cloud.
A crystal’s edge acts as a refracting edge in the same way as does the edge of a
glass prism.

The deviation, D, or change in direction of the light after passing through a prism,
depends upon the way the light passes through the prism, but its magnitude is never less
than a minimum value, Dy, given by the equation:

Do+d_ . A
2 asmyn

where A is the refracting angle and 7 is the refractive index. Minimum deviation occurs
when the plane containing the incoming and outgoing light beams is perpendicular to the
refracting edge, that is, when the light passes through the prism symmetrically (Figure
49(a)). In Section 3.4.2 we saw that the typical shape of an ice crystal is the hexagonal

sin

(a) Glass prism with (b) Ice prism with
refracting angle A 60° refracting angle

FiGure 49. Light passing symmetrically through a prism at minimum deviation

prism whose sides are inclined to each other at 120°. Refraction cannot occur in an ice
prism with a refracting angle of 120°, but it can take place between alternate sides because
they intersect at 60° (Figure 49(b)). Taking % = 1-31 for ice, Do = 22° approximately.
Refraction can also occur between a side and an end of a crystal intersecting at 90°, and
for such an edge, Dy = 46° approximately.

Cs often consists of multitudes of small hexagonal prisms or spatial groups of prisms,
which are oriented randomly in the air. When parallel light from the sun passes through
them, some of the refracting edges will be lying in positions such that they can refract
the light into the observer’s eye. For example, 4 in Figure 50(a) is such a crystal. Let the
direction of any particular beam of refracted light, measured relative to a line joining the
eye and the sun, be R. By geometry, R = D. Now, of those edges refracting light into the
eye, some will do so with minimum deviation (for example, 4 in Figure 50(b)) and the light
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Ficure 50. Refraction of light into the eye to produce a halo

(a) Refraction by a randomly orientated crystal, 4.
(b) Refraction by two crystals—A4 refracting at minimum deviation and B at greater
than minimum deviation.

from them will have R = D,; the remainder (for example, B in Figure 50(b)) will have
D > Dy and hence R > D,. No refracted light can enter the eye where R < D,.

The intensity of the refracted light can be shown to be at a maximum where R= D,
and it decreases rapidly as R increases, so rapidly, in fact, that when R exceeds about
(D 4 1)° it is too small to add noticeably to the general illumination from the sky. The
result is to produce an annular image of the sun of angular radius Dy, measured from the
sun’s centre to the inside of the ring. The most common refracting edges are of 60° which
thus produce a halo of radius 22°—the 22° halo; much less common is the 46° halo formed
from the 90° edges.

In taking n = 1-31 for ice, we neglected the fact that v decreases slightly as the wave-
length of the light increases—mn = 1-317 for violet light and 1307 for red light, hence the
value of Dy varies slightly with the wavelength. For the 22° halo, Do = 21°34’ for red,
and 22°22’ for violet light—hence the red halo is smaller and lies on the inside; the outside,
however, is not violet because the violet light from crystals refracting at minimum deviation
is mixed with other colours from crystals refracting at just over minimum deviation and
the result is a white outer edge to the halo. Yellow and green may sometimes be seen just
outside the red. Since the central area of the halo has no refracted light it appears rather
darker than the sky outside the halo. The 46° halo is coloured similarly but usually less
brilliantly although with better colour separation. Numerous other haloes have been
observed, with radii from about 7° upwards, but they are formed by refracting edges
involving very unusual pyramidal crystals, so they are very rare.

8.1.2 Other halo phenomena

So far, we have considered the refraction of light by randomly oriented crystals.
On some occasions, however, the crystals have a preferred orientation depending
upon their shape. For example, simple prisms tend to fall with their long axes
horizontal, whereas plates fall with their flat bases horizontal; in both instances
the largest area possible is exposed to the effects of air drag. Crystals with a
preferred orientation produce special refraction phenomena by concentrating
light in certain areas outside the corresponding halo, and the shapes of the
images vary with the elevation of the sun. Thus, the 60° edges of horizontal
prisms give a complicated circumscribing halo, seldom complete, being usually
represented by short arcs of contact to the 22° halo and touching it vertically
above or below the sun (upper and lower arcs, respectively). When the sun is
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low, the upper arc takes the form of a downward pointing cusp; with a progres-
sively higher sun, it becomes a tangent concave downwards; and finally, when
the sun’s elevation above the horizon exceeds 55°, the upper and lower arcs
may combine to give an approximately elliptical halo, with longest axis hori-
zontal, dwindling to become coincidental with the 22° halo when the sun is
vertically overhead. If colouring is visible in these arcs, red is again on the sides
nearest the sun.

If the 60° edges are vertical, as, for example, in plates or capped columns,
then bright spots of light are produced at the same elevation as the sun, one on
each side, and just outside the 22° halo; these are parhelia, or mock suns. When
the sun is on the horizon, they lie exactly on the 22° halo but as the sun’s elevation
increases so they are found farther outside, but they also become less intense,
so it is unusual to see a mock sun with an elevation exceeding about 20°; when it is
seen, it is still so close to the halo as to seem to lie on it. It is often brightly coloured,
again with red inside.

When the 60° edges are vertical, then the 90° edges must be horizontal and
refraction through them produces a brightly coloured arc, the circumzenithal arc,
with its centre directly overhead. Its size decreases as the sun’s elevation increases,
but it always passes close to the top of the 46° halo so that it is often mistaken as a
tangent arc to that halo. A sun’s elevation greater than 32° cannot produce this arc.

Combinations of some or all of the halo phenomena so far mentioned are
sometimes seen. Figure 51 shows a combination of the commonest forms. Many
other refraction phenomena caused by ice crystals have been observed but mostly
on rare occasions, and some still remain unexplained.

Upper arc of contact Circumzenithal arc

to 22" hal ~_V__—

° BN \L 46’ halo

Sun-pillar 22" halo
Mock sun

Parhelic circle \

Horizon
Ve /7 V4 /7 / / V4 V4 4 7 7/ 7 7 7 7

FiGgure 51. Diagram showing a combination of the commonest halo phenomena

Ice crystals possess flat faces which can act as mirrors so we would expect
some optical phenomena produced by reflection. They are sometimes seen, the
commonest being:

(a) Parhelic circle, from vertical crystal faces. It is a circle whose elevation
is everywhere the same as that of the sun, that is, it passes through the
sun, and lies parallel to the horizon with its centre vertically overhead.
The higher the sun’s elevation, the smaller the circle. The parhelia lie
on the circle and usually show bright extensions along it pointing away
from the sun.
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(b) Sun pillar, from approximately horizontal crystal faces. It is a bright
image of the sun, extending vertically above or below.

Reflection phenomena do not involve the separation of colours so they all have
the same colour as the sun, that is, white by day, but reddish near sunrise or
sunset.

Halo phenomena may be seen around the moon. Whether around the sun or
moon they are seldom complete or persistent because of rapid variations in the
composition of the clouds. Not all ice-particle clouds give them, only those con-
taining well-formed crystals—normally those clouds actively developing—
and since those are often followed by precipitation well within 48 hours, the occur-
rence of halo phenomena can be associated with coming precipitation. Cs is the
best cloud in which to look for halo phenomena, but they may also be seen in other
clouds, for example, fallstreak Ci, virga from Ac flo, contrails and anvil tops of Cb.

Carefully looked for, they can be seen on about one day in two, even if only
fleetingly.

8.2 IN WATER-DROPLET CLOUDS

8.2.1 Coronae and iridescence

When the sun shines through clouds composed of minute spherical water
droplets, each of approximately the same size, refraction and reflection pheno-
mena of the type associated with ice crystals are not observed. Instead, we
sometimes see coloured rings of a much smaller radius centred on the sun and
having a bluish colour inside, with red farthest away. A ring of this type is known
as a corona; two or more concentric coronae may coexist. They are produced
by diffraction, that is, the bending of the light path as it passes very close to the
droplets, the red light being diffracted most. The angular radius of a corona
increases as the droplet size decreases, hence, to get a good separation of colours,

the droplets must be of uniform size. The size of the corona may be used to
estimate the droplet size:

Drop radius (um) . .
Approximate angular radius, in degrees,
of red band in first corona . . 2 4 10 20

10 5 2 1

Coronae are best developed in thin clouds which are either just forming or
just dispersing, particularly lenticular clouds and thin Ac (Sc) str, and their radii
are usually only a few degrees. Only small portions of the larger coronae are
normally seen, and since their sizes are very sensitive to the droplet radius, the
colours are usually seen in irregular patches and appear especially as pastel
shades of pink and green. Patches of cloud coloured in this way are said to show

tridescence, or irisation. Both coronae and iridescence are also produced by the
moon.

8.2.2 Glory

If you stand with your back to the sun and look down upon the top of a nearby
bank of fog or cloud (most readily done in a mountainous region) a corona may
be seen around the antisolar point, that is, around the point lying on an extension
of the line joining the sun to your eye, and near the middle of the shadow of your
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head. The light which has been diffracted to give this corona is sunlight which
has already been reflected inside the droplets of the fog or cloud in such a way
that it returns along its original path. Such a corona is known as a glory. It is
interestingto note that for several people standing side by side, each gives a shadow
on thefog but only that of the observer has a glory—the others are unadorned. Each,
of course, sees a glory only around the shadow of his own head. The shadow itself
is known as a Brocken Spectre.

8.3 THE RAINBOW

8.3.1 The normal rainbow
A normal well-developed rainbow consists of three parts:

(a) Primary bow—brightly coloured with violet on the inside, followed by
blue, green, yellow, orange and then red on the outside.

(b) Secondary bow—Ilying outside the primary bow and well separated from
it. It is less intense and the colours are reversed, that is, red is on the
inside.

(c) Several supernumerary bows—lying just inside the primary. The colours
are rather poorly separated and their intensity is small; only rarely are
there more than two.

Conditions fundamental to the seeing of a rainbow are that the observer must
stand with his back to the sun and face a mass of falling raindrops illuminated by
sunlight. The bows form a set of circular arcs centred at the antisolar point (see
Section 8.2.2) and are produced by the refraction and internal reflection of
sunlight by the raindrops. The deviation of the light as it passes through a drop
is so great as to bend it back almost opposite to its original path.

8.3.2 The primary bow

In Figure 52(a) the parallel rays from the sun, 4, B and C, each pass through a spherical
drop. B and C are refracted twice and internally reflected once so as to emerge as B’ and
C’ respectively, but 4 is only reflected. Each ray is deviated by a different amount depending
upon the initial angle of incidence at the drop’s surface, but there is one ray, B, for which
the deviation is a minimurn, Dy. The light is also dispersed into its constituent colours
and just as occurred with refraction by an ice crystal, the violet ray is bent the most; in
fact, Do = 1394° for violet light and D, = 138° for red (Figure 52(b)).

Let a ray which is deviated by an angle D so as to enter the eye, make an angle R with
a line joining the eye to the antisolar point as in Figure 52(c). By geometry, it is seen that
R = (it — D). Since the minimum value of D is D,, the maximum value of R must be
(7t — Do), that is, refracted light cannot enter the eye from directions having R > (x — Dy).
The refracted light comes from directions with R< (w — D,), and it can be shown to
have a maximum intensity when R = (7 — D,). The combined effect of myriads of rain-
drops refracting at minimum deviation is to produce an annular image of the sun of angular
radius (7 — D,), measured from the antisolar point. For violet light R = 401° approximately,
and for red 42° approximately, so the image is violet on the side nearest the antisolar point
and red on the outside (Figure 52(d)). The sky just outside the bow is relatively dark because
no refracted light is received from that region to add to the general background illumination.

8.3.3 The secondary bow

Some of the light passing through the drops undergoes two internal reflections, and
its minimum deviation is about 2334° for violet light and about 2304° for red (Figure 53(a)).
Here, R = (D — 7), so that for minimum deviation of violet light R = 534° approximately,
and for red 504°, giving an annular image of the sun which is violet on the outside and red on
the inside (Figure 53()). More than two internal reflections can occur but the intensities of
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F1GURre 52. Formation of a primary rainbow

(a) Illustrating variation of deviation with position of incident beam on drop’s surface.
Beam B shows minimum deviation.
(b) Separation of colours with minimum deviation.
(c) A random drop refracting into the eye.
(d) A set of drops refracting at minimum deviation. For some the light enters the
eye — with A4 it is violet, with B red.
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(a) Separagion of co]o_urs with minimum deviation,
(b) A set of drops refracting at minimum deviation. For some the light enters the
eye — with A4 it is violet, with B red.
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the emerging beams are so feeble that bows are very rarely seen. Even the secondary bow
is only about one-tenth of the intensity of the primary.
8.3.4 Supernumerary bows

Rays adjacent to B in Figure 52(a) interfere with each other after refraction, giving one
or two narrow bows with values of R a little less than (7 — D,); their spacing increases as
the drop size decreases, so that for raindrops it is less than 1°, If all the drops in the falling
rain are of the same size the colour separation is good; usually there is a wide spectrum
of sizes giving poor separation and only one supernumerary forms, or, in extreme examples,
none because the colours from different supernumeraries overlap to give near-white.
The properties of these extra bows can be used to gain some idea of the size and spread of
size in the falling raindrops.

8.3.5 Cloudbows and fogbows

When the refracting drops are very small, as in clouds or fogs, the colours of the primary
and supernumerary bows are found to overlap, giving an almost white cloudbow or fogbow
(Ulloa’s ring) which is a little smaller than the normal rainbow—for droplets of radius
5 um the bow has a radius of about 37°. Any supernumeraries present are also white and
well separated—for the 5 um droplets the separation is about 12°. These bows are very rare,
and best seen from an aircraft or mountain, looking down on to fog or cloud.

8.3.6 Unusual rainbows

Primary lunar rainbows may be seen sometimes but their colour separation
is usually poor. Secondaries are very rare, and so are lunar fogbows.

When a rainbow occurs over a calm water surface a reflected rainbow may be
seen; when complete it is an inverted image of the original. If the flat water surface
lies behind the observer, sunlight may be reflected from it before refraction
by the raindrops, giving a reflection rainbow, the source of whose light appears to
be a point with an elevation below the horizon equal to that of the sun above. The
bow is an inverted image of the invisible lower part of the original and has its
centre above the horizon, that is, when fully formed the arc is more than half a
circle. The colours and curvatures of these bows are the same as in the original.

Rainbows may also be seen in waterfall spray and spray from a garden hose.
A bow formed in sea spray is a little smaller than a normal rainbow because the
dissolved salt alters the refracting power of water, and both may be seen co-
existing when squally showers are present at sea.

8.3.7 Size of a rainbow

The angular radii of the bows are always as described, but the maximum
length of arc visible decreases as the sun’s elevation increases, until the sun’s
elevation exceeds D, when no bow is visible above the horizon. It follows from
this that rainbows are most likely to be seen in the early morning and late after-
noon, and in winter rather than summer. In the middle of 2 summer day a primary
rainbow is impossible. Because of its greater radius a secondary bow is possible
over wider time ranges than the primary. A bow seldom extends far below the
level of the horizon because, in such a direction, there are too few drops between
the eye and the ground to refract light of detectable intensity, unless the observer
is on a high place or the drops are closely spaced, when a complete circle is some-
times seen.

Most of our rainbows are found in showery weather and since winds are
often from the west when showers occur, a morning bow usually precedes the
rain, whereas an afternoon bow follows it. As an observer moves, he sees the
rainbow move. This is because after the observer has changed his position
the refracted light entering his eye comes from a different set of drops, but still
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in the same directions relative to the (new) antisolar point. It follows from this,
too, that two adjacent observers see different bows. A bow formed by a shower
on the horizon is very squat, extending from the ground to cloud base (or to the
melting level if the rain starts as solid precipitation at higher levels). A small
fragment of a rainbow seen in showery weather is known by mariners as a ‘wind-
dog’.

8.4 OTHER OPTICAL PHENOMENA

8.4.1 Coloured sky, sun and moon

In Sections 8.1 to 8.3 we have seen how the sun’s light may be reflected,
refracted or diffracted on its way to our eyes by water drops or ice crystals in the
atmosphere. Now the molecules in the atmosphere itself alter the sunlight by a
process known as scattering, that is, a change in the direction of the light rays
as they pass near the molecules. Rayleigh has shown that the extent of scattering
decreases as the wavelength increases, so violet light is scattered more than red.
Hence, light entering the eye from the sky (as distinct from the sun) will be rich
in violet with smaller amounts of the other colours, the result being a blue sky.
The light from the sun has now been depleted somewhat of its bluer constituents
but the loss is small and the sun still appears white. However, near sunrise and
sunset the length of atmosphere traversed by a ray entering the eye directly
from the sun is much greater than at midday, so the effect of scattering is corre-
spondingly larger, and the sun’s light is then distinctly yellowish, or even reddish,
because of the much greater loss of its bluer constituents,

When smoke or dust haze is present, the minute solid particles reflect sunlight
diffusely, often with no selection of colours, to give a milkiness superimposed
on the blue sky; the thicker the haze, the whiter the sky. In the thickest hazes
near deserts or industrial areas no blue may be visible. The blueness of the sky
is thus a direct measure of the content of minute solid particles in the air.

Apart from their reddening near sunrise and sunset, both the sun and the
moon may appear coloured on rare occasions, especially blue and green. The
effect is produced by diffraction through diffuse clouds of dust or smoke, whose
particles are of roughly constant size, such as may appear in the upper tropo-
sphere after violent volcanic eruptions or extensive forest fires. In detail, the
phenomenon is not well understood.

8.4.2 Mirages

When light passes through layers of the atmosphere with different densities
it may be refracted to give a mirage, of which there are two types:

(a) Inferior mirage, when objects near the horizon appear to be reflected in
a pool of water to give an image just below the horizon. It may be seen
over any extensive flat surface which has a temperature much greater
than the air above it, usually as a result of insolation. Such mirages are
popularly associated with deserts, but they can be seen in Britain quite
easily over beaches, roads and airfield runways, for example. Light from
an object on the horizon passes through the air in immediate contact
with the ground at grazing incidence and, since this air is much warmer
and less dense, it refracts the light upwards so that it can enter the eye
giving an image below the original object. If the angle of incidence of
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the ray as it enters the lowest heated layer is too large, refraction is insuffi-
cient to prevent its intersecting the ground and so giving no image. Hence,
only those objects just near the horizon can give a mirage. The effect of
apparent reflection in a water surface is heightened if part of the blue sky
light also produces a mirage. It is heightened further by shimmering
brought about by shallow convection currents resulting from the very large
lapse rates in the greatly heated layer a centimetre or so above the ground.

(b) Superior mirage, when objects near the horizon appear to be extended
vertically above their true positions, or even objects beyond the horizon
can be made visible and seem to ‘float’. It may be seen over any extensive
flat surface which is much colder than the air above it, for example, over
land after a clear, calm night (especially snow-covered land) or over the
sea when much warmer air flows across it (dry air, otherwise fog may
form). A well-marked temperature inversion then exists near the surface.
Light from distant objects is bent downwards near the top of the cold layer
of air and on entering the eye gives an apparent image above the object. It is
less common than the inferior mirage.

8.4.3 Whiteout

In polar regions when the ground is completely snow-covered and a uniform
layer of cloud is present, say St neb, the intensity of diffuse, reflected light from
the ground may be the same as that from the cloud, so making the horizon
indistinguishable. The lack of shadows and structural detail blends the ground
and sky into a whole to produce a whiteout.
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CHAPTER 9

AIR MASSES AND FRONTS

9.1 WEATHER CHARTS

9.1.1 Introduction

In Part I of this book we have considered many aspects of the weather from
the point of view of a single observer—noting how such features as temperature,
pressure, wind and clouds are constantly changing, and also something of the
physical processes controlling these changes. These changes are of two types:
firstly, there are those which are produced by alterations of the weather on the
spot, for example, temperature changes resulting from insolation, or gustiness
of the wind caused by turbulence; secondly, there are those which have been
brought about by advection of different weather which has been formed else-
where. We have, in fact, both ‘home-produced’ and ‘imported’ weather, and
the weather experienced at any given place or time is a mixture of both. In technical
language, these two types of changes are said to be brought about by ‘development’
and ‘advection’ respectively.

It follows, then, that the rate of change of a weather element observed at a
fixed place—known as its tendency—comprises two parts, resulting from develop-
ment and advection. In Part I we were primarily concerned with development;
in Part II we shall consider advection and the results of blending the two
together.

To understand how advection can alter the weather at any given place we
need to know two things: the distribution of weather around that place, and the
pattern of winds which moves the weather about. A convenient way of finding
the distribution of weather is to have a large number of observers scattered
evenly over the area, each making observations simultaneously and at regular
intervals. Inspection of the observations then gives an overall picture of the
weather; its clarity will depend upon many factors, in particular, on how closely
the observers are spaced, how representative of the weather is each observation,
and the skill of the observers themselves.

9.1.2 Synoptic charts

When we need to survey the weather over very large areas, even, say, the
whole of the northern hemisphere, the number of necessary observations becomes
very large and the only simple way by which they can be compared and understood
is by plotting the information on a chart in some shorthand form. Some elements of
the weather such as temperature, pressure and dew-point, which can be expressed
numerically, are plotted in figures. For other elements, such as cloud and precipita-
tion forms, symbols are used. Such a chart, for a fixed time and area, isknown as a
synoptic chart. It is an attempt at getting a ‘bird’s-eye view’ of the weather, and is a
most important tool, used both by weather forecasters and research meteorologists.
Its main disadvantage lies in the method used to obtain the data for its construc-
tion. Since this is just a sampling technique it is clear that wherever the weather
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detail is small, as in a shower, much of it is easily missed because observers are
usually spaced well apart, say 30 to 60 kilometres. Hence, only general patterns of
the weather can be obtained. Locally, however, more detail can be filled in by the
use of a meteorological radar (see Appendix A, Section A.2.2). Fortunately, most
of the patterns in which we will be interested are larger than the spacing of the
observers so that they can be seen clearly on synoptic charts.

We normally refer to two types of synoptic chart: ‘surface’ and ‘upper-air’
charts, referring respectively to those compiled from observations made by an
observer on the ground, and those based on observations in the free atmosphere.
In this book the term ‘synoptic chart’ will refer to a surface chart unless otherwise
stated.

There are three stages in the preparation of a completed synoptic chart:
observation, plotting and analysis. The first two cannot be considered in detail
in this book. For further information the reader is referred to the Observer’s
Handbook, the Handbook of meteorological instruments, and Instructions for the
preparation of weather maps.

After plotting the observations a synoptic chart is completed by a third
stage—analysis, the comparison of neighbouring observations, and the identi-
fication of patterns among them. These patterns are then indicated by drawing
either fsopleths, lines joining places with equal numerical value of some given
property (for example, isobars and isotherms), or symbols for those properties
which cannot be expressed numerically. Analysisis a skilled and difficult operation.
It belongs to the realm of the forecaster and researcher rather than the observer,
so in this book we must be content to accept the results of analysis in the form of
completed synoptic charts. Even these charts, which we will be using as illustra-
tions, will be very greatly simplified. For those readers who wish to learn about the
techniques of analysis, a useful introduction will be found in the book The
practice of weather forecasting; other and more advanced references are given in
the reading list.

9.2 THE GENERAL CIRCULATION

9.2.1 The mean pressure distribution at sea level

A synoptic chart gives a picture of the weather at a fixed moment in time.
Another type of chart can be constructed showing the distribution of mean values
of a particular feature of the weather, taken over a period of a year, say. Such
charts showing, for example, mean temperature or mean duration of sunshine,
are used extensively by climatologists. It is of interest to us to study one of these
charts—that which shows the annual mean pressure over the northern hemi-
sphere—because the distribution of mean pressure governs the pattern of mean
winds in a way we can predict by using Buys Ballot’s Law.

The chart of mean annual pressure at sea level shows four large features—belts
of relatively high and low pressure extending approximately parallel to the equator
and encircling the hemisphere. These belts, with the approximate latitudes
within which they lie, are:

(a) Equatorial low, 0° to 10°N
(b) Subtropical high, 10° to 40°N
(c) Temperate low, 40° to 70°N
(d) Polar high, north of 70°N
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Similar belts are found in the southern hemisphere. Careful examination of the
chart shows that the belts are not continuous around the earth but each is split
into a number of separate centres. Thus lows are prominent over the Iceland
and Aleutian areas, and highs over the Azores and the central Pacific. In winter,
the intense cooling of the atmosphere over land at high latitudes causes high
pressure to develop over Canada and Siberia, interrupting the temperate low-
pressure belt. In summer, the intense heating over subtropical latitudes causes
depressions to form over the southern part of Asia and the south-western United
States of America, so interrupting the subtropical high-pressure belt.

Even a synoptic chart shows many of these features, but the positions and
intensities of the individual pressure systems vary markedly from day to day.

9.2.2 The mean surface wind distribution

The pressure patterns described in Section 9.2.1 are, of course, accompanied
by corresponding wind patterns which can be divided into three zones:

(a) Trade winds (north-east trades in the northern hemisphere, and south-
east trades in the southern hemisphere) between the equatorial low- and
subtropical high-pressure belts. In some places the trades of one hemi-
sphere cross the equator into the other hemisphere, especially when
it is summer in the latter.

(b) Temperate westerly winds, between the subtropical high- and temperate
low-pressure belts.

(c) Polar easterly winds, between the temperate low- and polar high-pressure
belts.

These wind patterns are modified by such seasonal changes in the pressure
distribution as mentioned above, so that, for example, the Siberian anticyclone
in winter intensifies the north-east winds over southern Asia, and the low over
southern Asia in summer reverses the normal winds to south-westerlies. These
modifications, or monsoons, are really large-scale land- and sea-breezes, but they
have an annual cycle, not a diurnal one as with the normal sea-breeze.

The term general circulation is applied to the wind systems of the world
viewed as a whole. Figure 54 shows the general circulation of the surface winds
over the northern hemisphere in a very diagrammatic way. In it, the effects of
the presence of continents and oceans have been ignored. It will be seen that
masses of air with contrasting temperatures are brought close together by these
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Figure 54. Diagrammatic outline of the general circulation in the northern
hemisphere
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world-wide wind systems, and their boundaries are marked by frontal zones
(see Section 1.6) which stretch around the world. There are two of these frontal
zones:

(a) Polar front, separating polar easterlies from temperate westerlies.

(b) Intertropical front, separating the trade winds of the two hemispheres.
An alternative term, the intertropical convergence zone (ITCZ), is now
usually preferred since it has been realized that the characteristics of
this zone are quite different from those associated with a front of higher
latitudes. Over the oceans the range of movement is small, but over the
continents it may be very large.

Only the first of these affects Britain. Figure 54 should be compared with Figures
55 and 56 which show the actual mean surface wind circulation in January and July.
The more complex flow, particularly in the northern hemisphere, is mainly a
result of the distribution of land and sea.

In the remainder of this chapter we shall be studying the weather characteristic
of frontal zones and of the air masses which they separate.

9.3 AIR MASSES—A GENERAL SURVEY

9.3.1 Introduction

In Section 1.6 we saw that a chart on which temperature observations have
been plotted from a large area usually shows several air masses separated by
frontal zones, all on a scale of hundreds or even thousands of kilometres. An
air mass may be defined as a mass of air with dimensions of the order of 1000
kilometres and with little or no horizontal variation of any of its properties,
especially temperature.

We must first explain the existence of these enormous warm and cold air
masses. Their origin becomes clear when we remember that the atmosphere is
heated and cooled almost entirely by contact with the underlying surface. A warm
air mass must be produced by prolonged contact with a warm surface and,
conversely, a cold air mass with a cold surface. The heat transfer processes are
slow: it takes days or even weeks to alter the temperature of an air mass by 10 or
20 °C right up to the tropopause. Over such a prolonged period, direct loss of heat
by long-wave radiation can contribute significantly to the cooling of an air mass. So
not only must the air mass be heated or cooled, but it must stagnate whilst the
change is taking place. A part of the earth’s surface where air masses stagnate, and
gradually assume characteristics typical of that surface, is known as a source
region. Prolonged stagnation of an air mass is commonly found in the central
parts of large, slow-moving anticyclones, especially those in the subtropical and
polar high-pressure belts. Hence, source regions are usually either polar or
subtropical, producing corresponding polar or tropical air masses.

9.3.2 General properties of air masses

In its source region an air mass has properties which may be deduced quite
easily. Except for diurnal changes, the stability is characteristic of the source
region, so that polar air is stable and cold since it is being cooled from below,
whereas tropical air is unstable and warm because it is being heated from below.
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The anticyclones in the source regions are not permanent features; they
undergo temporary changes which are associated with movement of the air
masses to other parts of the earth’s surface. When this occurs, an air mass is
not in thermal equilibrium with the underlying ground, so that an air mass which
is migrating from its source region is progressively modified. As examples we
may note:

(a) Anair mass having a maritime track willtend to become saturated especially
in its lowest layers; one with a continental track will retain a dew-point
similar to its original value because little water is available over land for
evaporation.

(b) Polar air flowing to lower latitudes is warmed from below and becomes
unstable; tropical air flowing to higher latitudes is cooled from below and
becomes stable.

(¢) Anair massinfluenced by divergence in its lowest layers, near a developing
anticyclone for example, sinks slowly—a process known as subsidence—
with the result that much of the troposphere becomes warmer, drier and
more stable. On the other hand, an air mass influenced by convergence
in its lowest layers, near a developing depression for example, rises
slowly with the result that much of the troposphere becomes cooler,
moister and less stable.

From these examples we see that the properties of an air mass depend upon:

(a) its source region,
(b) its track over the earth’s surface,
(c) the extent of divergence and convergence.

These factors are useful as a basis for the classification of air masses; we shall use a
simple system, based only upon source region and track, in which there are four
basic air masses: polar maritime (Pm), polar continental (Pc), tropical maritime
(T'm) and tropical continental (Tc). Thus, to say, for example, that polar maritime
air covers Britain means that the air mass has had a polar source and a maritime
track before reaching Britain.

The idea of air masses was first introduced into meteorology by Bergeron in
1928. A thorough survey of British air masses was made by Belasco in 1952
(Geophysical Memoirs No. 87).

9.3.3 The position of Britain

The source regions and tracks of air masses approaching Britain are shown
in Figure 57. Our position on the west coast of a continental land mass means that
air masses flowing directly from the west are maritime, whereas those from the
east are continental, except in so far as they may be modified by the Baltic,
North and Mediterranean Seas. It is well known that our winds are predominantly
from a westerly point so it is not surprising, therefore, that maritime air masses
are the most common over Britain. Most source regions are several thousand
kilometres away so that air masses take several days to reach us, during which
time they become considerably modified. This is fortunate for us, because the
contrast between polar and tropical air masses is lessened so that the weather
changes accompanying an air-mass change are less abrupt. Places with a latitude
similar to western Europe but on the eastern sides of large continents, for example,



138 AIR MASSES AND FRONTS

Spitsbergen

i YW
Q

s

Iceland

British

Azores

-Bermuda
5 r :+.2/ North Africa

R WS
Orica; Re6\©

= SOU!QCE

Fi1cure 57. Typical source regions and tracks of air masses found over Britain

Am: arctic maritime ; Pm: polar maritime; Pc: polar continental ; Tm: tropical maritime;
Tc: tropical continental.

in the New England states of the United States of America, and in Japan,
experience far greater extremes because the air masses crossing them are
relatively less modified.

The properties of an air mass depend upon the season to some extent. In
the next two sections we shall study and compare British air masses in winter
and in summer, confining our attention to those which come fairly directly from
their source regions. It is important to realize that many air masses found over
Britain have reached us by complex routes so that their properties may be inter-
mediate between those to be described. Also, local and temporary source regions
may be established ove